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We perceive a trend in the study and practice of groundwater hydrology. We see
a science that is emerging from its geological roots and its early hydraulic applica-
tions into a full-fledged environmental science. We see a science that is becoming
more interdisciplinary in nature and of greater importance in the affairs of man.

This book is our response to these perceived trends. We have tried to provide
a text that is suited to the study of groundwater during this period of emergence.
We have made a conscious attempt to integrate geology and hydrology, physics
and chemistry, and science and engineering to a greater degree than has been done
in the past.

This book is designed for use as a text in introductory groundwater courses
of the type normally taught in the junior or senior year of undergraduate geology,
geological engineering, or civil engineering curricula. It has considerably more
material than can be covered in a course of one-semester duration. Our intention
is to provide a broad coverage of groundwater topics in a manner that will enable
course instructors to use selected chapters or chapter segments as a framework for
a semester-length treatment. The remaining material can serve as a basis for a
follow-up undergraduate course with more specialization or as source material for
an introductory course at the graduate level. We recognize that the interdisciplinary
approach may create some difficulties for students grounded only in the earth
sciences, but we are convinced that the benefits of the approach far outweigh the
cost of the additional effort that is required.

The study of groundwater at the introductory level requires an understanding
of many of the basic principles of geology, physics, chemistry, and mathematics.
This text is designed for students who have a knowledge of these subjects at the
level normally covered in freshman university courses. Additional background in
these subjects is, of course, desirable. Elementary calculus is used frequently in
several of the chapters. Although knowledge of topics of more advanced calculus
is definitely an asset to students wishing to pursue specialized groundwater topics,
we hope that for students without this background this text will serve as a pathway

XV




Xvi Preface

to the understanding of the basic physical principles of groundwater flow. Dif-
ferential equations have been used very sparingly, but are included where we view
their use as essential. The physical meaning of the equations and their boundary
conditions is held paramount. To avoid mathematical disruptions in continuity of
presentation of physical concepts, detailed derivations and solution methods are
restricted to the appendices.

Until recently, groundwater courses at the university level were normally
viewed in terms of only the geologic and hydraulic aspects of the topic. In response
to the increasing importance of natural groundwater quality and groundwater con-
taminatjion by man, we have included three major chapters primarily chemical in
emphasis. We assume that the reader is conversant with the usual chemical symbols
and can write and balance equations for inorganic chemical reactions. On this
basis, we describe the main principles of physical chemistry that are necessary for
an introductory coverage of the geochemical aspects of the groundwater environ-
ment. Students wishing for a more advanced treatment of these topics would require
training in thermodynamics at a level beyond the scope of this text.

Although we have attempted to provide a broad interdisciplinary coverage of
groundwater principles, we have not been able to include detailed information on
the technical aspects of such topics as well design and installation, operation of
well pumps, groundwater sampling methods, procedures for chemical analysis of
groundwater, and permeameter and consolidation tests. The principles of these
practical and important techniques are discussed in the text but the operational
aspects must be gleaned from the many manuals and technical papers cited through-
out the text.
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1.1 Groundwater, the Earth, and Man

This book is about groundwater. It is about the geological environments that
control the occurrence of groundwater. It is about the physical laws that describe
the flow of groundwater. It is about the chemical evolution that accompanies flow.
It is also about the influence of man on the natural groundwater regime; and the
influence of the natural groundwater regime on man.

The term groundwater is usually reserved for the subsurface water that occurs
beneath the water table in soils and geologic formations that are fully saturated.
We shall retain this classical definition, but we do so in full recognition that the
study of groundwater must rest on an understanding of the subsurface water
regime in a broader sense. Our approach will be compatible with the traditional
emphasis on shallow, saturated, groundwater flow; but it will also encompass the
near-surface, unsaturated, soil-moisture regime that plays such an important role
in the hydrologic cycle, and it will include the much deeper, saturated regimes that
have an important influence on many geologic processes.

We view the study of groundwater as interdisciplinary in nature. There is a
conscious attempt in this text to integrate chemistry and physics, geology and
hydrology, and science and engineering to a greater degree than has been done in
the past. The study of groundwater is germane to geologists, hydrologists, soil
scientists, agricultural engineers, foresters, geographers, ecologists, geotechnical
engineers, mining engineers, sanitary engineers, petroleum reservoir analysts, and
probably others. We hope that our introductory treatment is in tune with these
broad interdisciplinary needs.

If this book had been written a decade ago, it would have dealt almost entirely
with groundwater as a resource. The needs of the time would have dictated that
approach, and books written in that era reflected those needs. They emphasize the
development of water supplies through wells and the calculation of aquifer yields.
The groundwater problems viewed as such are those that threaten that yield. The
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3 Introduction | Ch. 1

water supply aspects of groundwater are still important and they will be treated in
this text with the deference they deserve. But groundwater is more than a resource.
It is an important feature of the natural environment; it leads to environmental
problems, and may in some cases offer a medium for environmental solutions. It is
part of the hydrologic cycle, and an understanding of its role in this cycle is manda-
tory if integrated analyses are to be promoted in the consideration of watershed
resources, and in the regional assessment of environmental contamination. In an
engineering context, groundwater contributes to such geotechnical problems as
slope stability and land subsidence. Groundwater is also a key to understanding
a wide variety of geological processes, among them the generation of earthquakes,
the migration and accumulation of petroleum, and the genesis of certain types of
ore deposits, soil types, and landforms.

The first five chapters of this book lay the physical, chemical, and geologic
foundations for the study of groundwater. The final six chapters apply these
principles in the several spheres of interaction between groundwater, the earth, and
man. The following paragraphs can be viewed as an introduction to each of the
later chapters.

Groundwater and the Hydrologic Cycle

The endless circulation of water between ocean, atmosphere, and land is called the
hydrologic cycle. Our interest centers on the land-based portion of the cycle as it
might be operative on an individual watershed. Figures 1.1 and 1.2 provide two
schematic diagrams of the hydrologic cycle on a watershed. They are introduced
here primarily to provide the reader with a diagrammatic introduction to hydro-

Precipitation
Channel flow

Overiand flow Unsaturated
- (soil moisture) zone

o - 49, Saturated
Evapotranspiration .~ /S YRR (groundwater) zone

Py Water table

/ RS Infiltration
‘{ R s i ",

Streamflow Groundwater recharge

£

Exfiltrotion ( :

Groundwater discharge \Subsurface flow system

"""""" Equipotential lines ~<—— Flowlines

Figure 1.1 Schematic representation of the hydrologic cycle.
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{Evapotranspiration) (Precipitation )
< interception e—

< throughfall >

Interception

storage overland flow

< infiltration >

a

o

2

[o]

Unsaturoted b
soil moisture _ Runoff

storage b

[=

[a]

=

O

groundwater recharge>

Saturated
storage

Figure 1.2 Systems representation of the hydrologic cycle.

logic terminology. Figure 1.1 is conceptually the better in that it emphasizes
processes and illustrates the flow-system concept of the hydrologic cycle. The -
pot-and-pipeline representation of Figure 1.2 is often utilized in the systems
approach to hydrologic modeling. It fails to reflect the dynamics of the situation,
but it does differentiate clearly between those terms that involve rates of move-
ment (in the hexagonal boxes) and those that involve storage (in the rectangular
boxes).

Inflow to the hydrologic system arrives as precipitation, in the form of rainfall
or snowmelt. Outflow takes place as streamflow (or runoff) and as evapotranspira-
tion, a combination of evaporation from open bodies of water, evaporation from
soil surfaces, and transpiration from the soil by plants. Precipitation is delivered to
streams both on the land surface, as overland flow to tributary channels; and by
subsurface flow routes, as interflow and baseflow following infiltration into the soil.
Figure 1.1 makes it clear that a watershed must be envisaged as a combination of
both the surface drainage area and the parcel of subsurface soils and geologic
formations that underlie it. The subsurface hydrologic processes are just as impor-
tant as the surface processes. In fact, one could argue that they are more important,
for it is the nature of the subsurface materials that controls infiltration rates, and
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the infiltration rates influence the timing and spatial distribution of surface runoff.
In Chapter 6, we will examine the nature of regional groundwater flow patterns in
some detail, and we will investigate the relations among infiltration, groundwater
recharge, groundwater discharge, baseflow, and streamflow generation. In Chapter
7, we will look at the chemical evolution of groundwater that accompanies its
passage through the subsurface portion of the hydrologic cycle.

Before closing this section, it is worth looking at some data that reflect the
quantitative importance of groundwater relative to the other components of the
hydrologic cycle. In recent years there has been considerable attention paid to
the concept of the world water balance (Nace, 1971 ; Lvovitch, 1970; Sutcliffe, 1970),
and the most recent estimates of these data emphasize the ubiquitous nature of
groundwater in the hydrosphere. With reference to Table 1.1, if we remove from
consideration the 94 % of the earth’s water that rests in the oceans and seas at high
levels of salinity, then groundwater accounts for about two-thirds of the freshwater
resources of the world. If we limit consideration to the utilizable freshwater
resources (minus the icecaps and glaciers), groundwater accounts for almost the
total volume. Even if we consider only the most “active” groundwater regimes,
which Lvovitch (1970) estimates at 4 x 105 km? (rather than the 60 X 10 km3 of
Table 1.1), the freshwater breakdown comes to: groundwater, 959%; lakes,
swamps, reservoirs, and river channels, 3.5%; and soil moisture, 1.5%.

Tabie 1.1 Estimate of the Water Balance of the World

Surface area Volume Volume  Equivalent

Parameter (km2)x106  (km3)x106 (%) depth (m)* Residence time
Oceans and seas 361 1370 94 2500 ~ 4000 years
Lakes and reservoirs 1.55 0.13 <0.01 0.25 ~10 years
Swamps <0.1 <0.01 <0.01 0.007 1-10 years
River channels <0.1 <0.01 <0.01 0.003 ~ 2 weeks
Soil moisture 130 0.07 <0.01 0.13 2 weeks~1 year
Groundwater 130 60 4 120 2 weeks—10,000 years
Icecaps and glaciers 17.8 30 2 60 10-1000 years
Atmospheric water 504 0.01 <0.01 0.025 ~10 days
Biospheric water <0.1 <0.01 <0.01 0.001 ~1 week

SOURCE: Nace, 1971.
*Computed as though storage were uniformly distributed over the entire surface of the earth.

This volumetric superiority, however, is tempered by the average residence
times. River water has a turnover time on the order of 2 weeks. Groundwater, on
the other hand, moves slowly, and residence times in the 10’s, 100’s, and even
1000’s of years are not uncommon. The principles laid out in Chapter 2 and the
regional flow considerations of Chapter 6 will clarify the hydrogeologic controls on
the large-scale movement of groundwater.

Most hydrology texts contain detailed discussions of the hydrologic cycle and
of the global water balance. Wisler and Brater (1959) and Linsley, Kohler, and
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Paulhus (1975) are widely used introductory hydrology texts. A recent text
by Eagleson (1970) updates the science at a more advanced level. The massive
Handbook of Applied Hydrology, edited by Chow (1964a), is a valuable reference.
The history of development of hydrological thought is an interesting study.
Chow (1964b) provides a concise discussion; Biswas’ (1970) booklength study
provides a wealth of detail, from the contributions of the early Egyptians and the
Greek and Roman philosophers, right up to and through the birth of scientific
hydrology in western Europe in the eighteenth and nineteenth centuries.

Groundwater as a Resource

The primary motivation for the study of groundwater has traditionally been its
importance as & resource. For the United States, the significance of the role of
groundwater as a component of national water use can be gleaned from the statis-
tical studies of the U.S. Geological Survey as reported most recently for the year
1970 by Murray and Reeves (1972) and summarized by Murray (1973).

Table 1.2 documents the growth in water utilization in the United States
during the period 1950-1970. In 1970 the nation used 1400 x 10¢ m3/day. Of this,
57% went for industrial use and 359/ for irrigation. Surface water provided 819
of the total, groundwater 19 %,. Figure 1.3 graphically illustrates the role of ground-
water relative to surface water in the four major areas of use for the 1950-1970
period. Groundwater is less important in industrial usage, but it provides a signifi-
cant percentage of the supply for domestic use, both rural and urban, and for
irrigation.

The data of Table 1.2 and Figure 1.3 obscure some striking regional variations.
About 809 of the total irrigation use occurs in the 17 western states, whereas 84 %,
of the industrial use is in the 31 eastern states. Groundwater is more widely used
in the west, where it accounts for 46 %, of the public supply and 44 %, of the indus-
trial use (as opposed to 299 and 16 %, respectively, in the east).

Table 1.2 Water Use in the United States,
1950-1970

Cubic meters/day x 106*
Percent of

1950 1956 1960 1865 1970 1970 use

Total water withdrawals 758 910 1023 1175 1400 100
Use
Public supplies 53 64 80 91 102 7
Rural supplies 14 14 14 15 17 1
Irrigation 420 420 420 455 495 35
Industrial 292 420 560 667 822 57
Source
Groundwater 130 182 190 227 262 19
Surface water 644 750 838 960 1150 81

SOURCE: Murray, 1973.
*1m3 = 103 { = 264 U.S. gal.
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Figure 1.3 Surface water (hatched) and groundwater (stippled) use in the
United States, 19501970 (after Murray, 1973).

In Canada, rural and municipal groundwater use was estimated by Meyboom
(1968) at 1.71 x 10% m?/day, or 209, of the total rural and municipal water con-
sumption. This level of groundwater use is considerably lower than that of the
United States, even when one considers the population ratio between the two
countries. A more detailed look at the figures shows that rural groundwater devel-
opment in Canada is relatively on a par with rural development in the United
States, but municipal groundwater use is significantly smaller. The most striking
differences lie in irrigation and industrial use, where the relative total water con-
sumption in Canada is much less than in the United States and the groundwater
component of this use is extremely small.

McGuinness (1963), quoting a U.S. Senate committee study, has provided
predictions of future U.S. national water requirements. It is suggested that water
needs will reach 1700 X 10 m3/day by 1980 and 3360 X 10°% m3/day by the year
2000. The attainment of these levels of production would represent a significant
acceleration in the rate of increase in water use outlined in Table 1.2. The figure
for the year 2000 begins to approach the total water resource potential of the nation,
which is estimated to be about 4550 x 10¢ m3/day. If the requirements are to be
met, it is widely accepted that groundwater resources will have to provide a greater
proportion of the total supply. McGuinness notes that for the predictions above,
if the percent groundwater contribution is to increase from 19 % to 339, ground-
water usage would have to increase from its current 262 X 10° m?/day to 705 x
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106 m3/day in 1980 and 1120 x 10¢ m®/day in the year 2000. He notes that the
desirable properties of groundwater, such as its clarity, bacterial purity, consistent
temperature, and chemical quality, may encourage the needed large-scale develop-
ment, but he warns that groundwater, especially when large quantities are sought,
is inherently more difficult and expensive to locate, to evaluate, to develop, and to
manage than surface water. He notes, as we have, that groundwater is an integral
phase of the hydrologic cycle. The days when groundwater and surface water could
be regarded as two separate resources are past. Resource planning must be carried
out with the realization that groundwater and surface water have the same origin.

In Chapter 8, we will discuss the techniques of groundwater resource evalua-
tion: from the geologic problems of aquifer exploration, through the field and
laboratory methods of parameter measurement and estimation, to the simulation
of well performance, aquifer yield, and basin-wide groundwater exploitation.

Groundwater Contamination

If groundwater is to continue to play an important role in the development of the
world’s water-resource potential, then it will have to be protected from the increas-
ing threat of subsurface contamination. The growth of population and of industrial
and agricultural production since the second world war, coupled with the resulting
increased requirements for energy development, has for the first time in man’s
history begun to produce quantities of waste that are greater than that which the
environment can easily absorb. The choice of a waste-disposal method has become
a case of choosing the least objectionable course from a set of objectionable alterna-
tives. As shown schematically on Figure 1.4, there are no currently-feasible, large-
scale waste disposal methods that do not have the potential for serious pollution of
some part of our natural environment. While there has been a growing concern
over air- and surface-water pollution, this activism has not yet encompassed the
subsurface environment. In fact, the pressures to reduce surface pollution are in
part responsible for the fact that those in the waste management field are beginning
to covet the subsurface environment for waste disposal. Two of the disposal tech-
niques that are now being used and that are viewed most optimistically for the
future are deep-well injection of liquid wastes and sanitary landfill for solid wastes.
Both these techniques can lead to subsurface pollution. In addition, subsurface
pollution can be caused by leakage from ponds and lagoons which are widely used
as components of larger waste-disposal systems, and by leaching of animal wastes,
fertilizers, and pesticides from agricultural soils.

In Chapter 9 we will consider the analysis of groundwater contamination. We
will treat the principles and processes that allow us to analyze the general problems
of municipal and industrial waste disposal, as well as some more specialized prob-
lems associated with agricultural activities, petroleum spills, mining activities, and
radioactive waste. We will also discuss contamination of coastal groundwater
supplies by salt-water intrusion. In all of these problems, physical considerations of
groundwater flow must be coupled with the chemical properties and principles
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Figure 1.4 Spectrum of waste disposal alternatives,

introduced in Chapter 3; and the coupling must be carried out in light of the con-
cepts of natural geochemical evolution discussed in Chapter 7.

Groundwater as a Geotechnical Problem

Groundwater is not always a blessing. During the construction of the San Jacinto
tunnel in California, tunnel driving on this multi-million-dollar water aqueduct was
held up for many months as a result of massive unexpected inflows of groundwater
from a system of highly fractured fault zones.

In Mexico City during the period 1938-1970, parts of the city subsided as
much as 8.5 m. Differential settlements still provide severe problems for engineering
design. The primary cause of the subsidence is now recognized to be excessive
groundwater withdrawals from subsurface aquifers.

At the Jerome dam in Idaho, the dam “failed,” not through any structural
weakness in the dam itself, but for the simple reason that the dam would not hold
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water. The groundwater flow systems set up in the rock formations adjacent to
the reservoir provided leakage routes of such efficiency that the dam had to be
abandoned.

At the proposed Revelstoke dam in British Columbia, several years of explora-
tory geological investigation were carried out on an ancient landslide that was
identified on the reservoir bank several miles above the damsite. The fear lay in the
possibility that increased groundwater pressures in the slide caused by the impound-
ment of the reservoir could retrigger slope instability. An event of this type took
almost 2500 lives in 1963 in the infamous Vaiont reservoir disaster in Italy. At the
Revelstoke site, a massive drainage program was carried out to ensure that the
Vaiont experience would not be repeated.

In Chapter 10 we will explore the application of the principles of groundwater
flow to these types of geotechnical problems and to others. Some of the problems,
such as leakage at dams and inflows to tunnels and open pit mines, arise as a
consequence of excessive rates and quantities of groundwater flow. For others,
such as land subsidence and slope instability, the influence arises from the presence
of excessive fluid pressures in the groundwater rather than from the rate of flow
itself. In both cases, flow-net construction, which is introduced in Chapter 5, is
a powerful analytic tool.

Groundwater and Geologic Processes

There are very few geologic processes that do not take place in the presence of
groundwater. For example, there is a close interrelationship between groundwater
flow systems and the geomorphological development of landforms, whether by
fluvial processes and glacial processes, or by natural slope development. Ground-
water is the most important control on the development of karst environments.

Groundwater plays a role in-the concentration of certain economic mineral
deposits, and in the migration and accumulation of petroleum.

Perhaps the most spectacular geologic role played by groundwater lies in the
control that fluid pressures exert on the mechanisms of faulting and thrusting. One
exciting recent outgrowth of this interaction is the suggestion that it may be possible
to control earthquakes on active faults by manipulating the natural fluid pressures
in the fault zones.

In Chapter 11, we will delve more deeply into the role of groundwater as an
agent in various geologic processes.

1.2 The Scientific Foundations
for the Study of Groundwater

The study of groundwater requires knowledge of many of the basic principles of
geology, physics, chemistry and mathematics. For example, the flow of ground-
water in the natural environment is stongly dependent on the three-dimensional
configuration of geologic deposits through which flow takes place. The groundwater
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hydrologist or geologist must therefore have some background in the interpretation
of geologic evidence, and some flair for the visualization of geologic environments.
He should have training in sedimentation and stratigraphy, and an understanding
of the processes that lead to the emplacement of volcanic and intrusive igneous
rocks. He should be familiar with the basic concepts of structural geology and be
able to recognize and predict the influence of faulting and folding on geologic
systems. Of particular importance to the student of groundwater is an understand-
ing of the nature of surficial deposits and landforms. A large proportion of ground-
water flow and a significant percentage of groundwater resource development takes
place in the unconsolidated surficial deposits created by fluvial, lacustrine, glacial,
deltaic, and aeolian geologic processes. In the northern two-thirds of North America
an understanding of the occurrence and flow of groundwater rests almost entirely
on an understanding of the glacial geology of the Pleistocene deposits.

Geology provides us with a qualitative knowledge of the framework of flow,
but it is physics and chemistry that provide the tools for quantitative analysis.
Groundwater flow exists as a field just as heat and electricity do, and previous
exposure to these more classic fields provides good experience for the analysis of
groundwater flow. The body of laws that controls the flow of groundwater is a
special case of that branch of physics known as fluid mechanics. Some understand-
ing of the basic mechanical properties of fluids and solids, and a dexterity with their
dimensions and units, will aid the student in grasping the laws of groundwater flow.
Appendix I provides a review of the elements of fluid mechanics. Any reader who
does not feel facile with such concepts as density, pressure, energy, work, stress,
and head would be well advised to peruse the appendix before attacking Chapter 2.
If a more detailed treatment of fluid mechanics is desired, Streeter (1962) and
Vennard (1961) are standard texts; Albertson and Simons (1964) provide a useful
short review. For the specific topic of flow through porous media, a more advanced
treatment of the physics than is attempted in this text can be found in Scheidegger
(1960) and Collins (1961), and especially in Bear (1972).

The analysis of the natural chemical evolution of groundwater and of the
behavior of contaminants in groundwater requires use of some of the principles
of inorganic and physical chemistry. These principles have long been part of the
methodology of geochemists and have in recent decades come into common use in
groundwater studies. Principles and techniques from the field of nuclear chemistry
are now contributing to our increased understanding of the groundwater environ-
ment. Naturally-occurring stable and radioactive isotopes, for example, are being
used to determine the age of water in subsurface systems.

Groundwater hydrology is a quantitative science, so it should come as no
surprise to find that mathematics is its language, or at the very least one of its
principal dialects. It would be almost impossible, and quite foolish, to ignore the
powerful tools of the groundwater trade that rest on an understanding of mathe-
matics. The mathematical methods upon which classical studies of groundwater
flow are based were borrowed by the early researchers in the field from areas of
applied mathematics originally developed for the treatment of problems of heat
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flow, electricity, and magnetism. With the advent of the digital computer and its
widespread availability, many of the important recent advances in the analysis of
groundwater systems have been based on much different mathematical approaches
generally known as numerical methods. Although in this text neither the classical
analytical methods nor numerical methods are pursued in any detail, our intention
has been to include sufficient introductory material to illustrate some of the more
important concepts.

Our text is certainly not the first to be written on groundwater. There is much
material of interest in several earlier texts. Todd (1959) has for many years been the
standard introductory engineering text in groundwater hydrology. Davis and De
Wiest (1966) place a much heavier emphasis on the geology. For a text totally
committed to the resource evaluation aspects of groundwater, there are none better
than Walton (1970), and Kruseman and De Ridder (1970). A more recent text by
Domenico (1972) differs from its predecessors in that it presents the basic theory in
the context of hydrologic systems modeling. Among the best texts from abroad are
those of Schoeller (1962), Bear, Zaslavsky, and Irmay (1968), Custodio and Llamas
(1974), and the advanced Russian treatise of Polubarinova-Kochina (1962).

There are several other applied earth sciences that involve the flow of fluids
through porous media. There is a close kinship between groundwater hydrology,
soil physics, soil mechanics, rock mechanics, and petroleum reservoir engineering.
Students of groundwater will find much of interest in textbooks from these fields
such as Baver, Gardner, and Gardner (1972), Kirkham and Powers (1972), Scott
(1963), Jaeger and Cook (1969), and Pirson (1958).

1.3 The Technical Foundations
for the Development of Groundwater Resources

The first two sections of this chapter provide an introduction to the topics we plan
to cover in this text. It is equally important that we set down what we do not intend
to cover. Like most applied sciences, the study of groundwater can be broken into
three broad aspects: science, engineering, and technology. This textbook places
heavy emphasis on the scientific principles; it includes much in the way of engineer-
ing analysis; it is nor in any sense a handbook on the technology.

Among the technical subjects that are not discussed in any detail are: methods
of drilling; the design, construction, and maintenance of wells; and geophysical
logging and sampling. All are required knowledge for the complete groundwater
specialist, but all are treated well elsewhere, and all are learned best by experience
rather than rote.

There are several books (Briggs and Fiedler, 1966; Gibson and Singer, 1971;
Campbell and Lehr, 1973; U.S. Environmental Protection Agency, 1973a, 1976)
that provide technical descriptions of the various types of water well drilling equip-
ment. They also contain information on the design and setting of well screens, the
selection and installation of pumps, and the construction and maintenance of wells.
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On the subject of geophysical logging of boreholes, the standard reference in
the petroleum industry, where most of the techniques arose, is Pirson (1963).
Patten and Bennett (1963) discuss the various techniques with specific reference to
groundwater exploration. We will give brief mention to subsurface drilling and
borehole logging in Section 8.2, but the reader who wants to see examples in greater
number in the context of case histories of groundwater resource evaluation is
directed to Walton (1970).

There is one other aspect of groundwater that is technical, but in a different
sense, that is not considered in this text. We refer to the subject of groundwater law.
The development and management of groundwater resources must take place
within the framework of water rights set down by existing legislation. Such legisla-
tion is generally established at the state or provincial level, and the result in North
America is a patchwork quilt of varying traditions, rights, and statutes. Piper
(1960) and Dewsnut et al. (1973) have assessed the situation in the United States.
Thomas (1958) has drawn attention to some of the paradoxes that arise out of
conflicts between hydrology and the law.

Suggested Readings

CHow, V. T. 1964, Hydrology and its development. Handbook of Applied Hydrology, ed.
V. T. Chow. McGraw-Hill, New York, pp. 1.1-1.22,

McGumnNEss, C. L. 1963. The role of groundwater in the national water situation. U.S.
Geol. Surv. Water-Supply Paper 1800.

MurraAy, C. R. 1973. Water use, consumption, and outlook in the U.S. in 1970. J. Amer.
Water Works Assoc., 65, pp. 302-308.

NAcCE, R. L., ed. 1971. Scientific framework of world water balance. UNESCO Tech.
Papers Hydrol., 7, 27 pp.







2.1

Darcy’s Law

The birth of groundwater hydrology as a quantitative science can be traced to the
year 1856. It was in that year that a French hydraulic engineer named Henry
Darcy published his report on the water supply of the city of Dijon, France. In the
report Darcy described a laboratory experiment that he had carried out to analyze
the flow of water through sands. The results of his experiment can be generalized
into the empirical law that now bears his name.

Consider an experimental apparatus like that shown in Figure 2.1. A circular
cylinder of cross section A4 is filled with sand, stoppered at each end, and outfitted
with inflow and outflow tubes and a pair of manometers. Water is introduced into
the cylinder and allowed to flow through it until such time as all the pores are
filled with water and the inflow rate Q is equal to the outflow rate. If we set an
arbitrary datum at elevation z = 0, the elevations of the manometer intakes are

f
Ah
¥
Iz 4 hy hy
l l Datum
Cross section A Q z=0

Figure 2.1 Experimental apparatus for the illustration of Darcy’s law.
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z, and z, and the elevations of the fluid levels are &, and %,. The distance between
the manometer intakes is A/
We will define v, the specific discharge through the cylinder, as

Y
v== 21

If the dimensions of @ are [L?/T] and those of 4 are [L?], » has the dimensions of
a velocity [L/T].

The experiments carried out by Darcy showed that » is directly proportional
to h, — h, when Alis held constant, and inversely proportional to A/ when &, — A,
is held constant. If we define A4 = h, — A, (an arbitrary sign convention that will
stand us in good stead in later developments), we have v o —Ah and v o 1/AL
Darcy’s law can now be written as

Ah

v=—K% (2.2)
or, in differential form,
___pdh
v = KE'T (2.3)

In Eq. (2.3), A is called the hydraulic head and dh/dl is the hydraulic gradient.
K is a constant of proportionality. It must be a property of the soil in the cylinder,
for were we to hold the hydraulic gradient constant, the specific discharge would
surely be larger for some soils than for others. In other words, if dh/dl is held
constant, » o« K. The parameter K is known as the hAydraulic conductivity. It has
high values for sand and gravel and low values for clay and most rocks. Since Ak
and A/ both have units of length [L], a quick dimensional analysis of Eq. (2.2)
shows that K has the dimensions of a velocity [L/T]. In Section 2.3, we will show
that X is a function not only of the media, but also of the fluid flowing through it.

An alternative form of Darcy’s law can be obtained by substituting Eq. (2.1)
in Eq. (2.3) to yield

dh

Q=— K?i? A 2.4

This is sometimes compacted even further into the form
Q = —Kid 2.5)

where 1 is the hydraulic gradient.

Darcy’s law is valid for groundwater flow in any direction in space. With
regard to Figure 2.1 and Eq. (2.3), if the hydraulic gradient dk/d! and the hydraulic
conductivity K are held constant, » is independent of the angle #. This is true even
for @ values greater than 90° when the flow is being forced up through the cylinder
against gravity.
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We have noted that the specific discharge v has the dimensions of a velocity,
or flux. For this reason it is sometimes known as the Darcy velocity or Darcy flux.
The specific discharge is a macroscopic concept and it is easily measured. It must be
clearly differentiated from the microscopic velocities associated with the actual
paths of individual particles of water as they wind their way through the grains of
sand (Figure 2.2). The microscopic velocities are real, but they are probably impos-
sible to measure. In the remainder of the chapter we will work exclusively with
concepts of flow on a macroscopic scale. Despite its dimensions we will not refer
to v as a velocity; rather we will utilize the more correct term, specific discharge.

Figure 2.2 Macroscopic and microscopic concepts of groundwater flow.

This last paragraph may appear innocuous, but it announces a decision of
fundamental importance. When we decide to analyze groundwater flow with the
Darcian approach, it means, in effect, that we are going to replace the actual
ensemble of sand grains (or clay particles or rock fragments) that make up the
porous medium by a representative continuum for which we can define macroscopic
parameters, such as the hydraulic conductivity, and utilize macroscopic laws, such
as Darcy’s law, to provide macroscopically averaged descriptions of the microscopic
behavior. This is a conceptually simple and logical step to take, but it rests on some
knotty theoretical foundations. Bear (1972), in his advanced text on porous-media
flow, discusses these foundations in detail. In Section 2.12, we will further explore
the interrelationships between the microscopic and macroscopic descriptions of
groundwater flow.

Darcy’s law is an empirical law. It rests only on experimental evidence. Many
attempts have been made to derive Darcy’s law from more fundamental physical
laws, and Bear (1972) also reviews these studies in some detail. The most successful
approaches attempt to apply the Navier-Stokes equations, which are widely known
in the study of fluid mechanics, to the flow of water through the pore channels of
idealized conceptual models of porous media. Hubbert (1956) and Irmay (1958)
were apparently the earliest to attempt this exercise.

This text will provide ample evidence of the fundamental importance of
Darcy’s law in the analysis of groundwater flow, but it is worth noting here that it is
equally important in many other applications of porous-media flow. It describes
the flow of soil moisture and is used by soil physicists, agricultural engineers, and
soil mechanics specialists. It describes the flow of oil and gas in deep geological
formations and is used by petroleum reservoir analysts. It is used in the design of
filters by chemical engineers and in the design of porous ceramics by materials
scientists. It has even been used by bioscientists to describe the flow of bodily fluids
across porous membranes in the body.
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Darcy’s law is a powerful empirical law and its components deserve our more
careful attention. The next two sections provide a more detailed look at the physical
significance of the hydraulic head # and the hydraulic conductivity K.

2.2 Hydraulic Head and Fluid Potential

The analysis of a physical process that involves flow usually requires the recognition
of a potential gradient. For example, it is known that heat flows through solids
from higher temperatures toward lower and that electrical current flows through
electrical circuits from higher voltages toward lower. For these processes, the tem-
perature and the voltage are potential quantities, and the rates of flow of heat and
electricity are proportional to these potential gradients. Our task is to determine
the potential gradient that controls the flow of water through porous media.

Fortunately, this question has been carefully considered by Hubbert in his
classical treatise on groundwater flow (Hubbert, 1940). In the first part of this sec-
tion we will review his concepts and derivations.

Hubbert’s Analysis of the Fluid Potential

Hubbert (1940) defines potential as “a physical quantity, capable of measurement
at every point in a flow system, whose properties are such that flow always occurs
from regions in which the quantity has higher values to those in which it has lower,
regardless of the direction in space” (p. 794). In the Darcy experiment (Figure 2.1)
the hydraulic head 4, indicated by the water levels in the manometers, would appear
to satisfy the definition, but as Hubbert points out, “to adopt it empirically without
further investigation would be like reading the length of the mercury column of
a thermometer without knowing that temperature was the physical quantity being
indicated” (p. 795).

Two obvious possibilities for the potential quantity are elevation and fluid
pressure. If the Darcy apparatus (Figure 2.1) were set up with the cylinder vertical
(@ == 0), flow would certainly occur down through the cylinder (from high elevation
to low) in response to gravity. On the other hand, if the cylinder were placed in a
horizontal position (8 = 90°) so that gravity played no role, flow could presumably
be induced by increasing the pressure at one end and decreasing it at the other.
Individually, neither elevation nor pressure are adequate potentials, but we cer-
tainly have reason to expect them to be components of the total potential quantity.

It will come as no surprise to those who have been exposed to potential con-
cepts in elementary physics or fluid mechanics that the best way to search out our
quarry is to examine the energy relationships during the flow process. In fact, the
classical definition of potential as it is usually presented by mathematicians and
physicists is in terms of the work done during the flow process; and the work done
in moving a unit mass of fluid between any two pointsin a flow system is a measure
of the energy loss of the unit mass.

Fluid flow through porous media is a mechanical process. The forces driving
the fluid forward must overcome the frictional forces set up between the moving
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fluid and the grains of the porous medium. The flow is therefore accompanied by
an irreversible transformation of mechanical energy to thermal energy through the
mechanism of frictional resistance. The direction of flow in space must therefore
be away from regions in which the mechanical energy per unit mass of fluid is
higher and toward regions in which it is lower. In that the mechanical energy per
unit mass at any point in a flow system can be defined as the work required to
move a unit mass of fluid from an arbitrarily chosen standard state to the point in
question, it is clear that we have uncovered a physical quantity that satisfies both
Hubbert’s definition of a potential (in terms of the direction of flow) and the classi-
cal definition (in terms of the work done). The fluid potential for flow through
porous media is therefore the mechanical energy per unit mass of fluid.

It now remains to relate this quantity to the elevation and pressure terms that
we anticipated earlier. Consider an arbitrary standard state (Figure 2.3) at elevation
z = 0 and pressure p = p,, where p, is atmospheric. A unit mass of fluid of density
po will occupy a volume V,, where V, = 1/p,. We wish to calculate the work
required to lift the unit mass of fluid from the standard state to some point P in
the flow system which is at elevation z and where the fluid pressure is p. Here, a
unit mass of the fluid may have density p and will occupy a volume ¥ == 1/p. In
addition, we will consider the fluid to have velocity » = 0 at the standard state and
velocity v at the point P.

Elevation:z

Pressure:p

Velocity:v

Density:p

Volume of unit mass: V=

iR
p

Arbitrary standard state
Elevation:z =0
Pressure: p=p, (atmospheric)
Velocity:v=0
Density: pg i
Volume of unit mass: Vg = —
Fo
Figure 2.3 Data for calculation of mechanical energy of unit mass of fluid.

There are three components to the work calculation. First, there is the work
required to lift the mass from elevation z = 0 to elevation z:

w, = mgz (2.6)

Second, there is the work required to accelerate the fluid from velocity v = 0 to
velocity v:

wy = MY Q@7
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Third, there is the work done on the fluid in raising the fluid pressure from p = p,
to p:

14 “dp
Wy=m/| —dp=m| £ 2.8
3 L m P WP (2.8)
If the fluid were to flow from point P to a point at the standard state, Eq. (2.6)
represents the loss in potential energy, Eq. (2.7) is the loss in kinetic energy, and
Eq. (2.8) is the loss in elastic energy, or p—J work.
The fluid potential & (the mechanical energy per unit mass) is the sum of
Wi, Wy, and w;. For a unit mass of fluid, m = 1 in Egs. (2.6), (2.7), and (2.8), and
we have
2 z d
=gz 424 | 22 2.9)
2 FPo p
For porous-media flow, velocities are extremely low, so the second term can almost
always be neglected. For incompressible fluids (fluids with a constant density, so
that p is not a function of p), Eq. (2.9) can be simplified further to give

O =gr 2" Lo (2.10)
p
Our earlier premonitions as to the likely components of the fluid potential are now
seen to be correct. The first term of Eq. (2.10) involves the elevation z and the
second term involves the fluid pressure p.
But how do these terms relate to the hydraulic head 4? Let us return to the
Darcy manometer (Figure 2.4). At P, the fluid pressure p is given by

P = pgy¥ + p, (2.11)

where v is the height of the liquid column above P and p, is atmospheric pressure
or pressure at the standard state. It is clear from Figure 2.4 and Eq. (2.11) that

p = pglh—2z)+ p, (2.12)

Dagtum: z =0

Figure 2.4 Hydraulic head h, pressure head y, and elevation head z for a
laboratory manometer.
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Substituting Eq. (2.12) in Eq. (2.10) yields

O =gz + [pg(h — Z)p+ Pol — Do (2.13)

or, canceling terms,
©=gh (2.14)

Our long exercise has led us to the simplest of conclusions. The fluid potential
® .at any point P in a porous medium is simply the hydraulic head at the point
multiplied by the acceleration due to gravity. Since g is very nearly constant in the
vicinity of the earth’s surface, ® and 4 are almost perfectly correlated. To know
one is to know the other. The hydraulic head % is therefore just as suitable a poten-
tial as is @. To recall Hubbert’s definition: it is a physical quantity, it is capable of
measurement, and flow always occurs from regions where 4 has higher values to
regions where it has lower. In fact reference to Eq. (2.14) shows that, if ® is energy
per unit mass, then 4 is energy per unit weight.

It is-common in groundwater hydrology to set the atmospheric pressure p,
equal to zero and work in gage pressures (i.e., pressures above atmospheric). In
this case Egs. (2.10) and (2.14) become

R @19)
Dividing through by g, we obtain
h=z+ £ (2.16)

Putting Eq. (2.11) in terms of gage pressures yields

P = pgy (2.17)
and Eq. (2.16) becomes

h=z+y (2.18)

The hydraulic head 7 is thus seen to be the sum of two components: the eleva-
tion of the point of measurement, or elevation head, z, and the pressure head y.
This fundamental head relationship is basic to an understanding of groundwater
flow. Figure 2.4 displays the relationship for the Darcy manometer, Figure 2.5 for
a field measurement site.

Those who are familiar with elementary fluid mechanics may already have
recognized Eq. (2.9) as the Bernoulli equation, the classical formulation of energy
loss during fluid flow. Some authors (Todd, 1959; Domenico, 1972) use the Ber-
noulli equation as the starting point for their development of the concepts of fluid
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Ground surface

Point of : ‘g
measurement =77

1

Figure 2.5 Hydraulic head A, pressure head i, and elevation head z for a
field piezometer.

Dotum (usually sea level):
z=0

potential and hydraulic head. If we put Eq. (2.9) in terms of head and use a sim-
plified notation, it becomes

hp=h, + h, + h, (2.19)

where £, is the elevation head, %, the pressure head, and 4, the velocity head. In
our earlier notation: 4, = z, h, =y, and A, = v2/2g. The term A, is called the
total head, and for the special case where %4, = 0, it is equal to the hydrualic head
h, and Eq. (2.18) holds.

Dimensions and Units

The dimensions of the head terms 4, y, and z are those of length [L]. They are
usually expressed as “meters of water” or “feet of water.” The specification “of
water” emphasizes that head measurements are dependent on fluid density through
the relationship of Eq. (2.17). Given the same fluid pressure p at point P in Figure
2.5, the hydraulic head % and pressure head y would have different values if the
fluid in the pores of the geological formation were oil rather than water. In this
text, where we will always be dealing with water, the adjectival phrase will usually
be dropped and we will record heads in meters.

As for the other terms introduced in this section; in the SI system, with its
[M][L][T] base, pressure has dimensions [M/LT?], mass density has dimensions
[M/L?], and the fluid potential, from its definition, is energy per unit mass with
dimensions[L?/T?]. Table 2.1 clarifies the dimensions and common units for all the
important parameters introduced thus far. Reference to Appendix I should resolve
any confusion. In this text, we will use SI metric units as our basic system of units,
but Table 2.1 includes the FPS equivalents. Table Al.3 in Appendix I provides
conversion factors.
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Note in Table 2.1 that the weight density of water, y, defined by

7= pg (2.20)

is a more suitable parameter than the mass density p for the FPS system of units,
which has force as one of its fundamental dimensions.

Table 2.1 Dimensions and Common Units
for Basic Groundwater Parameters*

Systéme Internationalf Foot-pound-second
Sl system,{ FPS
Parameter Symbol Dimension Units Dimension =~ Units
Hydraulic head k [L1 m [L] ft
Pressure head W [L] m [L] ft
Elevation head z [L] m [L] ft
Fluid pressure r [M]LT?] N/m?2 or Pa [F/L2] Ib/ft2
Fluid potential [ [L2/T?] m2/s2 [L2/T2] ft2/s2
Mass density P [M]L3} kg/m3 — e
Weight density y — — [FIL3] 1b/ft3
Specific discharge v [L/T] m/s [L/T] ft/s
Hydraulic conductivity K [L/T] m/s [L/T] ft/s

*See also Tables Al.1, Al.2, and Al.3, Appendix 1.
1Basic dimensions are length [L], mass [M], and time [T].
iBasic dimensions are length [L], force [F], and time [T].

Piezometers and Piezometer Nests

The basic device for the measurement of hydraulic head is a tube or pipe in which
the elevation of a water level can be determined. In the laboratory (Figure 2.4) the
tube is a manometer,; in the field (Figure 2.5) the pipe is called a piezometer. A
piezometer must be sealed along its length. It must be open to water flow at the
bottom and be open to the atmosphere at the top. The intake is usually a section
of slotted pipe or a commercially available well point. In either case the intake must
be designed to allow the inflow of water but not of the sand grains or clay particles
that make up the geologic formation. It must be emphasized that the point of
measurenient in a piezometer is at its base, not at the level of the fluid surface. One
can view the functioning of a piezometer much like that of a thermometer. It is
simply the instrument, if such it can be called, used to determine the value of £ at
some point P in a groundwater reservoir. In recent years, the simple standpipe
piezometer has been replaced in some applications by more complex designs
utilizing pressure transducers, pneumatic devices, and electronic components.
Piezometers are usually installed in groups so that they can be used to deter-
mine directions of groundwater flow. In Figure 2.6(a) three piezometers tap a
water-bearing geological formation. It is a worthwhile exercise to remove the
instruments of measurement from the diagram [Figure 2.6(b)] and consider only
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Figure 2.6 Determination of hydraulic gradients from piezometer installa-
tions.

the measured values. Flow is from higher % to lower, in this case from right to left.
If the distance between the piezometers were known, the hydraulic gradient dh/dl
could be calculated; and if the hydraulic conductivity K of the geological formation
were known, Darcy’s law could be used to calculate the specific discharge (or
volume rate of flow through any cross-sectional area perpendicular to the flow
direction).

Sometimes it is the vertical potential gradient that is of interest. In such cases
a piezometer nest is utilized, with two or more piezometers installed side by side at
the same location (or possibly in the same hole), each bottoming at a different
depth and possibly in a different geological formation. Figure 2.6(c) and (d) shows
a piezometer nest in a region of upward groundwater flow.

The distribution of hydraulic heads in a groundwater system is three-dimen-
sional through space. The piezometer groupings shown in Figure 2.6 only prove
the existence of components of flow in the directions indicated. If a large number of
piezometers could be distributed throughout the three-dimensional hydrogeologic
system, it would be possible to contour the positions of equal hydraulic head.
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In three dimensions the locus of such points forms an equipotential surface. In any
two-dimensional cross section, be it horizontal, vertical or otherwise, the traces of
the equipotential surfaces on the section are called equipotential lines. If the pattern
of hydraulic heads is known in a cross section, flowlines can be constructed per-
pendicular to the equipotential lines (in the direction of the maximum potential
gradient). The resulting set of intersecting equipotential lines and flowlines is known
as a flow net. Chapter 5 will provide detailed instructions on the construction of
flow nets, and Chapter 6 will prove their usefulness in the interpretation of regional
groundwater flow.

Coupled Flow

There is now a large body of experimental and theoretical evidence to show that
water can be induced to flow through porous media under the influence of gradients
other than that of hydraulic head. For example, the presence of a temperature
gradient can cause groundwater flow (as well as heat flow) even when hydraulic
gradients do not exist (Gurr et al., 1952; Philip and de Vries, 1957). This component
becomes important in the formation of frost wedges in soil (Hoekstra, 1966;
Harlan, 1973).

An electrical gradient can create a flow of water from high voltage to low when
earth currents are set up in a soil. The mechanism of flow involves an interaction
between charged ions in the water and the electrical charge associated with clay
minerals in the soil (Casagrande, 1952). The principle is used in soil mechanics in
the electrokinetic approach to soil drainage (Terzaghi and Peck, 1967).

Chemical gradients can cause the flow of water (as well as the movement of
chemical constituents through the water) from regions where water has higher
salinity to regions where it has lower salinity, even in the absence of other gradients.
The role of chemical gradients in the production of water flow is relatively unimpor-
tant, but their direct influence on the movement of chemical constituents is of major
importance in the analysis of groundwater contamination. These concepts will
come to the fore in Chapters 3, 7, and 9.

If each of these gradients plays a role in producing flow, it follows that a more
general flow law than Eq. (2.3) can be written in the form

dh dT dc

'U::—Ll*a-l""Lz"a—[‘—Lg'E?

2.21)
where £ is hydraulic head, T is temperature, and ¢ is chemical concentration;
L,, L,, and L, are constants of proportionality. For the purposes of discussion,
let us set dc/dl = 0. We are left with a situation where fluid flow is occurring in
response to both a hydraulic head gradient and a temperature gradient:

dh

"U:"—Ll'a—l"—deT

= (2.22)

In general, L, dh/dl > L, dT}/dl.



26 Physical Properties and Principles | Ch. 2

If a temperature gradient can cause fluid flow as well as heat flow in a porous
medium, it should come as no surprise to find that a hydraulic gradient can cause
heat flow as well as fluid flow. This mutual interdependency is a reflection of
the well-known thermodynamic concept of coupled flow. If we set dh/d] =i, and
dT/dl = i,, we can write a pair of equations patterned after Eq. (2.22):

vy = —Lpiy — Lyl (2.23)
vy = —Ly iy — L,,i, (2.24)

where v, is the specific discharge of fluid through the medium and v, is the specific
discharge of heat thiough the medium. The L’s are known as phenomenological
coefficients. If L,, = 0 in Eq. (2.23), we are left with Darcy’s law of groundwater
flow and L,, is the hydraulic conductivity. If Z,, = 0 in Eq. (2.24), we are left with
Fourier’s law of heat flow and L,, is the thermal conductivity.

It is possible to write a complete set of coupled equations. The set of equations
would have the form of Eq. (2.23) but would involve all the gradients of Eq. (2.21)
and perhaps others. The development of the theory of coupled flows in porous
media was pioneered by Taylor and Cary (1964). Olsen (1969) has carried out
significant experimental research. Bear (1972) provides a more detailed develop-
ment of the concepts than can be attempted here. The thermodynamic description
of the physics of porous media flow is conceptually powerful, but in practice there
are very few data on the nature of the off-diagonal coefficients in the matrix of
phenomenological coefficients L,;. In this text we will assume that groundwater
flow is fully described by Darcy’s law [Eq. (2.3)]; that the hydraulic head
[Eq. (2.18)], with its elevation and pressure components, is a suitable representa-
tion of the total head; and that the hydraulic conductivity is the only important
phenomenological coefficient in Eq. (2.21).

2.3 Hydraulic Conductivity and Permeability

As Hubbert (1956) has pointed out, the constant of proportionality in Darcy’s
law, which has been christened the hydraulic conductivity, is a function not only of
the porous medium but also of the fluid. Consider once again the experimental
apparatus of Figure 2.1. If Ak and Al are held constant for two runs using the same
sand, but water is the fluid in the first run and molasses in the second, it would
come as no surprise to find the specific discharge ¥ much lower in the second run
than in the first. In light of such an observation, it would be instructive to search
for a parameter that can describe the conductive properties of a porous medium
independently from the fluid flowing through it.

To this end experiments have been carried out with ideal porous media consist-
ing of uniform glass beads of diameter d. When various fluids of density p and
dynamic viscosity g are run through the apparatus under a constant hydraulic
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gradient dh/dl, the following proportionality relationships are observed:
v o< d?

v pg
1

VL

7

Together with Darcy’s original observation that » oc —dh/dl, these three relation-
ships lead to a new version of Darcy’s law:

— _Cd’pgdh
uod

(2.25)

The parameter C is yet another constant of proportionality. For real soils it must
include the influence of other media properties that affect flow, apart from the
mean grain diameter: for example, the distribution of grain sizes, the sphericity
and roundness of the grains, and the nature of their packing.

Comparison of Eq. (2.25) with the original Darcy equation [Eq. (2.3)] shows
that

K= 9%-’5 (2.26)

In this equation, p and y are functions of the fluid alone and Cd? is a function of
the medium alone. If we define

k = Ca? 2.27)
then
K =kre (2.28)
7

The parameter k is known as the specific or intrinsic permeability. If K is always
called hydraulic conductivity, it is safe to drop the adjectives and refer to k as
simply the permeability. That is the convention that will be followed in this text,
but it can lead to some confusion, especially when dealing with older texts and
reports where the hydraulic conductivity K is sometimes called the coefficient of
permeability.

Hubbert (1940) developed Egs. (2.25) through (2.28) from fundamental prin-
ciples by considering the relationships between driving and resisting forces on a
microscopic scale during flow through porous media. The dimensional considera-
tions inherent in his analysis provided us with the foresight to include the constant
g in the proportionality relationship leading to Eq. (2.25). In this way C emerges
as a dimensionless constant.

The permeability k is a function only of the medium and has dimensions
[L?]. The term is widely used in the petroleum industry, where the existence of gas,
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oil, and water in multiphase flow systems makes the use of a fluid-free conductance
parameter attractive. When measured in m? or cm?, k is very small, so petroleum
engineers have defined the darcy as a unit of permeability. If Eq. (2.28) is substituted
in Eq. (2.3), Darcy’s law becomes

. —kpgdn
v=—F (2.29)

Referring to this equation, 1 darcy is defined as the permeability that will lead to
a specific discharge of 1 cm/s for a fluid with a viscosity of 1 cp under a hydraulic
gradient that makes the term pg dh/dl equal to 1 atm/cm. One darcy is approxi-
mately equal to 1078 cm?.

In the water well industry, the unit gal/day/ft? is widely used for hydraulic
conductivity. Its relevance is clearest when Darcy’s law is couched in terms of Eq.
2.4:

dh

The early definitions provided by the U.S. Geological Survey with regard to this
unit differentiate between a laboratory coefficient and a field coefficient. However,
a recent updating of these definitions (Lohman, 1972) has discarded this formal
differentiation. It is sufficient to note that differences in the temperature of measure-
ment between the field environment and the laboratory environment can influence
hydraulic conductivity values through the viscosity term in Eq. (2.28). The effect is
usually small, so correction factors are seldom introduced. It still makes good
sense to report whether hydraulic conductivity measurements have been carried
out in the laboratory or in the field, because the methods of measurement are very
different and the interpretations placed on the values may be dependent on the
type of measurement. However, this information is of practical rather than con-
- ceptual importance.

Table 2.2 indicates the range of values of hydraulic conductivity and perme-
ability in five different systems of units for a wide range of geological materials.
The table is based in part on the data summarized in Davis’ (1969) review. The
primary conclusion that can be drawn from the data is that hydraulic conductivity
varies over a very wide range. There are very few physical parameters that take on
values over 13 orders of magnitude. In practical terms, this property implies that
an order-of-magnitude knowledge of hydraulic conductivity can be very useful.
Conversely, the third decimal place in a reported conductivity value probably has
little significance.

Table 2.3 provides a set of conversion factors for the various common units
of k and K. As an example of its use, note that a k value in cm? can be converted to
one in ft? by multiplying by 1.08 X 10-3. For the reverse conversion from ft? to
cm?, multiply by 9.29 x 102
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Table 2.2 Range of Values of Hydraulic Conductivity
and Permeability

Rocks Unconsolidated k k K K ¢
deposits (darcy) (em?) (cm/s) (m/s) (gal/day/f?)
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Table 2.3 Conversion Factors for Permeability
and Hydraulic Conductivity Units
Permeability, k* Hydraulic conductivity,
cm?2 ft2 darcy m/s ft/s gal/day/ft2
cm? 1 1.08 x 103 1.01 x 108 9.80 x 102 3.22 x 103 1.85 x 109
ft2 9.29 x 102 1 9.42 x 1010 9.11 x 103 2.99 x 106 1.71 x 1012
darcy 9.87 x 1079 1.06 x 10! 1 9.66 x 10-6 3.17 x 10-5 1.82 x 10t
m/s 1.02 x 10-3 1.10 x 1076 1.04 x 105 1 3.28 2.12 x 106
ft/s 3.11 x 104 3.35 x 107 3.15 x 104 3.05 x 101 1 5.74 % 105
gal/day/ft2 5.42 x 10-10 583 x 10-13 549 xX 1072 4.72 x 1077 1.74 x 10-¢ 1

*To obtain & in fi2, multiply k in cm?2 by 1.08 x 1073,
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The various approaches to the measurement of hydraulic conductivity in the
laboratory and in the field are described in Sections 8.4 through 8.6.

2.4 Heterogeneity and Anisotropy
of Hydraulic Conductivity

Hydraulic conductivity values usually show variations through space within a
geologic formation. They may also show variations with the direction of measure-
ment at any given point in a geologic formation. The first property is termed
heterogeneity and the second anisotropy. The evidence that these properties are
commonplace is to be found in the spread of measurements that arises in most
field sampling programs. The geological reasoning that accounts for their preva-
lence lies in an understanding of the geologic processes that produce the various
geological environments.

Homogeneity and Heterogeneity

If the hydraulic conductivity X is independent of position within a geologic forma-
tion, the formation is homogeneous. If the hydraulic conductivity K is dependent
on position within a geologic formation, the formation is heterogeneous. If we set
up an xyz coordinate system in a homogeneous formation, X(x, y, z) = C, C being
a constant; whereas in a heterogeneous formation, K(x, y, z) # C.

There are probably as many types of heterogeneous configurations as there
are geological environments, but it may be instructive to draw attention to three
broad classes. Figure 2.7(a) is a vertical cross section that shows an example of
layered heterogeneity, common in sedimentary rocks and unconsolidated lacustrine
and marine deposits. Here, the individual beds making up the formation each have
a homogeneous conductivity value K, K, . . ., but the entire system can be thought
of as heterogeneous. Layered heterogeneity can result in K contrasts of almost the
full 13-order range (Table 2.2), as, for example, in interlayered deposits of clay
and sand. Equally large contrasts can arise in cases of discontinuous heterogeneity
caused by the presence of faults or large-scale stratigraphic features. Perhaps the
most ubiquitous discontinuous feature is the overburden-bedrock contact. Figure
2.7(b) is a map that shows a case of trending heterogeneity. Trends are possible in
any type of geological formation, but they are particularly common in response to
the sedimentation processes that create deltas, alluvial fans, and glacial outwash
plains. The A, B, and C soil horizons often show vertical trends in hydraulic con-
ductivity, as do rock types whose conductivity is primarily dependent on joint and
fracture concentration. Trending heterogeneity in large consolidated or unconsoli-
dated sedimentary formations can attain gradients of 2-3 orders of magnitude in
a few miles.

Many hydrogeologists and petroleum geologists have used statistical distribu-
tions to provide a quantitative description of the degree of heterogeneity in a
geological formation. There is now a large body of direct evidence to support the
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Figure 2.7 Layered heterogeneity and trending heterogeneity.

statement that the probability density function for hydraulic conductivity is log-
normal. Warren and Price (1961) and Bennion and Griffiths (1966) found this to
be the case in oilfield reservoir rocks, and Willardson and Hurst (1965) and Davis
(1969) support the conclusion for unconsolidated water-bearing formations. A
log-normal distribution for K is one for which a parameter Y, defined as ¥ = log
K, shows a normal distribution. Freeze (1975) provides a table, based on the
references above, that shows the standard deviation on Y (which is independent of
the units of measurement) is usually in the range 0.5~1.5. This means that X values
in most geological formations show internal heterogeneous variations of 1-2 orders
of magnitude. Trending heterogeneity within a geological formation can be thought
of as a trend in the mean value of the probability distribution. The same standard
deviation may be evident in measurements at different positions in the formation,
but the trending means lead to an increase in the overall observed range for the
formation.

Greenkorn and Kessler (1969) have provided a set of definitions of heteroge-
neity that are consistent with the statistical observations. In effect, they argue that
if all geologic formations display spatial variations in X, then under the classical
definitions, there is no such thing as a homogeneous formation. They redefine a
homogeneous formation as one in which the probability density function of
hydraulic conductivity is monomodal. That is, it shows variations in K, but main-
tains a constant mean K through space. A heterogeneous formation is defined as
one in which the probability density function is multimodal. To describe a porous
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medium that satisfies the classical definition of homogeneity (X constant every-
where, such as in experimental glass beads of diameter d)they use the term uniform.
If we wish to adapt the classical definitions given at the start of this section to this
more rational set of concepts, we can do so by adding the adjective “mean” and
couching the original definitions in terms of mean hydraulic conductivity.

Isotropy and Anisotropy

If the hydraulic conductivity K is independent of the direction of measurement at
a point in a geologic formation, the formation is isozropic at that point. If the
hydraulic conductivity K varies with the direction of measurement at a point in a
geologic formation, the formation is anisotropic at that point.

Consider a two-dimensional vertical section through an anisotropic formation.
If we let @ be the angle between the horizontal and the direction of measurement
of a K value at some point in the formation, then K = K(#). The directions in space
corresponding to the & angle at which K attains its maximum and minimum values
are known as the principal directions of anisotropy. They are always perpendicular
to one another. In three dimensions, if a plane is taken perpendicular to one of the
principal directions, the other two principal directions are the directions of maxi-
mum and minimum X in that plane.

If an xyz coordinate system is set up in such a way that the coordinate direc-
tions coincide with the principal directions of anisotropy, the hydraulic conduc-
tivity values in the principal directions can be specified as K, K,, and X,. At any
point (x, y, z), an isotropic formation will have K, = K, = K, whereas an aniso-
tropic formation will have K, = K, # K. If K, = K, # K,, as is common in
horizontally bedded sedimentary deposits, the formation is said to be transversely
isotropic.

To fully describe the nature of the hydraulic conductivity in a geologic forma-
tion, it is necessary to use two adjectives, one dealing with heterogeneity and one
with anisotropy. For example, for a homogeneous, isotropic system in two dimen-
sions: K (x, z) = K(x, z) = C for all (x, z), where C is a constant. For a homoge-
neous, anisotropic system, K,(x, z) = C, for all (x, z) and K (x, z) = C, for all
(x, z) but C, # C,. Figure 2.8 attempts to further clarify the four possible combina-
tions. The length of the arrow vectors is proportional to the K, and X, values at
the two points (x,, z;) and (x,, z,).

The primary cause of anisotropy on a small scale is the orientation of clay
minerals in sedimentary rocks and unconsolidated sediments. Core samples of
clays and shales seldom show horizontal to vertical anisotropy greater than 10: 1,
and it is usually less than 3:1.

On a larger scale, it can be shown (Maasland, 1957; Marcus and Evenson,
1961) that there is a relation between layered heterogeneity and anisotropy. Con-
sider the layered formation shown in Figure 2.9. Each layer is homogeneous and
isotropic with hydraulic conductivity values K, X,, . . ., K,. We will show that
the system as a whole acts like a single homogeneous, anistropic layer. First,
consider flow perpendicular to the layering. The specific discharge v must be the
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Figure 2.9 Relation between layered heterogeneity and anisotropy.

same entering the system as it is leaving; in fact, it must be constant throughout the
system. Let A/, be the head loss across the first layer, Ak, across the second layer,
and so on. The total head loss is then Ak = Ah, + Ak, + ...+ Ah,, and from
Darcy’s law,

_ KAy KAy K Ah, K AR
d, 4 T4 d

n

v

(2.30)

where K, is an equivalent vertical hydraulic conductivity for the system of layers.
Solving the outside relationship of Eq. (2.30) for X, and using the inside relation-
ships for Ak, Ah,, ..., we obtain

vd vd

K= 8h= 8h T Ak + . T

vd
T wd /K, + vd, /K, + ...+ vd,/K,
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which leads to

K =-12 (2.31)

3 /K,

Now consider flow parallel to the layering. Let A/ be the head loss over a horizontal
distance /. The discharge Q through a unit thickness of the system is the sum of the
discharges through the layers. The specific discharge » = Q/d is therefore given by

Kd Ah

_ AR
1K

Vo= x—l'

D=

i

]

where K, is an equivalent horizontal hydraulic conductivity. Simplification yields

& Kd
=4 (2.32)

i=1

Equations (2.31) and (2.32) provide the X, and K, values for a single homoge-
neous but anisotropic formation that is hydraulically equivalent to the layered
system of homogeneous, isotropic geologic formations of Figure 2.9. With some
algebraic manipulation of these two equations it is possible to show that K, > K,
for all possible sets of values of K, K, ..., K,. In fact, if we consider a set of
cyclic couplets X, K,, K, K, . .. with K, = 10* and K, = 10?,then K, /K, = 25.
For K, = 10* and K, = 1, K,/K, = 2500. In the field, it is not uncommon for
layered heterogeneity to lead to regional anisotropy values on the order of 100:1
or even larger.

Snow (1969) showed that fractured rocks also behave anisotropically because
of the directional variations in joint aperture and spacing. In this case, it is quite
common for X, > K.

Darcy’s Law in Three Dimensions

For three-dimensional flow, in a medium that may be anisotropic, it is necessary
to generalize the one-dimensional form of Darcy’s law [Eq. (2.3)] presented earlier.
In three dimensions the velocity v is a vector with components v,, v,, and »,, and
the simplest generalization would be

U, == —Kxg_z
%:~m% (2.33)
o O

‘dz
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where K., K,, and K, are the hydraulic conductivity values in the x, y, and z direc-
tion. Since /4 is now a function of x, y, and z, the derivatives must be partial.

In this text we will assume this simple generalization to be an adequate descrip-
tion of three-dimensional flow, but it is worth noting that a more generalized set
of equations could be written in the form

o Ok . Ok . Ok
v, = Kxxa; K):y@ sz'a;
d9h dh dh
o= —Kngy = Kagy— Kug 234
— g 9 g Oh Ok
7)z - sz d_)'c' sz c?y Kzz 52

This set of equations exposes the fact that there are actually nine components of
hydraulic conductivity in the most general case. If these components are put in
matrix form, they form a second-rank symmetric tensor known as the Aydraulic
conductivity tensor (Bear, 1972). For the special case K,, = K,, =K,, =K,, =
K..= K., =0, the nine components reduce to three and Eq. (2.33) is a suitable
generalization of Darcy’s law. The necessary and sufficient condition that allows
use of Eq. (2.33) rather than Eq. (2.34) is that the principal directions of anisotropy
coincide with the x, y, and z coordinate axes. In most cases it is possible to choose
a coordinate system that satisfies this requirement, but one can conceive of hetero-
geneous anisotropic systems in which the principal directions of anisotropy vary
from one formation to another, and in such systems the choice of suitable axes
would be impossible.

Hydraulic Conductivity Ellipsoid

Consider an arbitrary flowline in the xz plane in a homogeneous, anisotropic
medium with principal hydraulic conductivities X, and X, [Figure 2.10(a)]. Along

z

z
v 's
: & /K| /R
X
Vx \ JR; X
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Figure 2.10 (a) Specific discharge v, in an arbitrary direction of flow.
(b) Hydraulic conductivity ellipse.
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the flowline

s — 00

e (2.35)

where K, is unknown, although it presumably lies in the range K, — K,. We can
separate v, into its components v, and v,, where

v, = wKx-Qﬁzr v, cos 8
dx
(2.36)
v, == —K,Qﬁ = 9, sin 6
dz
Now, since & = A(x, z),
dh _dh dx | Oh 0z
95~ 9 s Tz ds 2.37)

Geometrically, dx/ds = cos § and dz/ds = sin 8. Substituting these relationships
together with Eqgs. (2.35) and (2.36) in Eq. (2.37) and simplifying yields

1 cos* @ 4 sin? @ (2.38)

K~ K, K,

This equation relates the principal conductivity components K, and K, to the
resultant K, in any angular direction §. If we put Eq. (2.38) into rectangular coordi-
nates by setting x = r cos §# and z = r sin 8, we get

2 2

2

%; X Tx (2.39)
which is the equation of an ellipse with major axes /K, and /K, [Figure 2.10(b)].
In three dimensions, it becomes an ellipsoid with major axes /X, /K,, and /K,
and it is known as the Aydraulic conductivity ellipsoid. In Figure 2.10(b), the con-
ductivity value K, for any direction of flow in an anisotropic medium can be
determined graphically if X, and K, are known.

In Section 5.1, the construction of flow nets in anisotropic media will be
discussed, and it will be shown there that, in contrast to isotropic media, flowlines
are not perpendicular to equipotential lines in anisotropic media.

2.5 Porosity and Void Ratio

If the total unit volume V¥, of a soil or rock is divided into the volume of the solid
portion ¥, and the volume of the voids V,, the porosity n is defined as n = V,/V7.
It is usually reported as a decimal fraction or a percent.

Figure 2.11 shows the relation between various rock and soil textures and
porosity. It is worth distinguishing between primary porosity, which is due to the
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(d} V (f)

Figure 2,11 Relation between texture and porosity. (a) Well-sorted sedimen-
tary deposit having high porosity; (b) poorly sorted sedimentary
deposit having low porosity ; (c)well-sorted sedimentary deposit
consisting of pebbles that are themselves porous, so that the
deposit as a whole has a very high porosity; (d) weli-sorted
sedimentary deposit whose porosity has been diminished by the
deposition of mineral matter in the interstices; (e) rock rendered
porous by solutien ; (f) rock rendered porous by fracturing (after
Meinzer, 1923).

soil or rock matrix [Figure 2.11(a), (b), (c), and (d)], and secondary porosity, which
may be due to such phenomena as secondary solution {Figure 2.11(e)] or structurally
controlled regional fracturing [Figure 2.11(f)].

Table 2.4, based in part on data summarized by Davis (1969), lists representa-
tive porosity ranges for various geologic materials. In general, rocks have lower
porosities than soils; gravels, sands, and silts, which are made up of angular and

Table 2.4 Range of Values of Porosity

n(%)
Unconsolidated deposits
Gravel 25-40
Sand 25-50
Silt 35-50
Clay 40-70
Rocks
Fractured basalt 5-50
Karst limestone 5-50
Sandstone 5-30
Limestone, dolomite 0-20
Shale 0-10
Fractured crystalline rock 0-10

Dense crystalline rock 0-5
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rounded particles, have lower porosities than soils rich in platy clay minerals; and
poorly sorted deposits [Figure 2.11(b)] have lower porosities than well-sorted
deposits [Figure 2.11(a)].

The porosity #n can be an important controlling influence on hydraulic con-
ductivity K. In sampling programs carried out within deposits of well-sorted sand
or in fractured rock formations, samples with higher »n generally also have higher
K. Unfortunately, the relationship does not hold on a regional basis across the
spectrum of possible rock and soil types. Clay-rich soils, for example, usually have
higher porosities than sandy or gravelly soils but lower hydraulic conductivities.
In Section 8.7 techniques will be presented for the estimation of hydraulic con-
ductivity from porosity and from grain-size analyses.

The porosity # is closely related to the void ratio e, which is widely used in soil
mechanics. The void ratio is defined as e = V,/V, and e is related to n by

(2.40)

Values of e usually fall in the range 0-3.
The measurement of porosity on soil samples in the laboratory will be treated
in Section 8.4.

2.6 Unsaturated Flow and the Water Table

Up until this point, Darcy’s law and the concepts of hydraulic head and hydraulic
conductivity have been developed with respect to a saturated porous medium, that
is, one in which ali the voids are filled with water. It is clear that some soils, espe-
cially those near the ground surface, are seldom saturated. Their voids are usually
only partially filled with water, the remainder of the pore space being taken up by
air. The flow of water under such conditions is termed unsaturated or partially
saturated. Historically, the study of unsaturated flow has been the domain of soil
physicists and agricultural engineers, but recently both soil scientists and ground-
water hydrologists have recognized the need to pool their talents in the develop-
ment of an integrated approach to the study of subsurface flow, both saturated
and unsaturated.

Our emphasis in this section will be on the hydraulics of liguid-phase transport
of water in the unsaturated zone. We will not discuss vapor-phase transport, nor
will we consider soil water-plant interactions. These latter topics are of particular
interest in the agricultural sciences and they play an important role in the interpre-
tation of soil geochemistry. More detailed consideration of the physics and chem-
istry of moisture transfer in unsaturated soils can be found at an introductory level
in Baver et al. (1972) and at a more advanced level in Kirkham and Powers (1972)
and Childs (1969).




Moisture Content

If the total unit volume ¥ of a soil or rock is divided into the volume of the solid
portion V., the volume of the water ¥V, and the volume of the air V,, the volumetric
moisture content @ is defined as 8 = V,/ V5. Like the porosity #, it is usually reported
as a decimal fraction or a percent. For saturated flow, § = n; for unsaturated flow,
g <n.

Water Table

The simplest hydrologic configuration of saturated and unsaturated conditions is
that of an unsaturated zone at the surface and a saturated zone at depth [Figure
2.12(a)]. We commonly think of the water table as being the boundary between
the two, yet we are aware that a saturated capillary fringe often exists above the
water table. With this type of complication lurking in the background, we must
take care to set up a consistent set of definitions for the various saturated-unsatu-
rated concepts.

The water table is best defined as the surface on which the fluid pressure p in
the pores of a porous medium is exactly atmospheric. The location of this surface
is revealed by the level at which water stands in a shallow well open along its
length and penetrating the surficial deposits just deeply enough to encounter stand-
ing water in the bottom. If p is measured in gage pressure, then on the water table,
p = 0. This implies ¥ = 0, and since 4 = y + z, the hydraulic head at any point
on the water table must be equal to the elevation z of the water table at that point.
On figures we will often indicate the position of the water table by means of a
small inverted triangle, as in Figure 2.12(a).

Negative Pressure Heads and Tensiometers

We have seen that i > O (as indicated by piezometer measurements) in the satu-
rated zone and that i = 0 on the water table. It follows that w <C 0 in the unsatu-
rated zone. This reflects the fact that water in the unsaturated zone is held in the
soil pores under surface-tension forces. A microscopic inspection would reveal a
concave meniscus extending from grain to grain across each pore channel [as
shown in the upper circular inset on Figure 2.12(c)]. The radius of curvature on
each meniscus reflects the surface tension on that individual, microscopic air-water
interface. In reference to this physical mechanism of water retention, soil physicists
often call the pressure head y, when w < 0, the tension head or suction head. In
this text, on the grounds that one concept deserves only one name, we will use the
term pressure head to refer to both positive and negative y.

Regardless of the sign of y, the hydraulic head 4 is still equal to the algebraic
sum of  and z. However, above the water table, where y < 0, piezometers are
no longer a suitable instrument for the measurement of 4. Instead, # must be
obtained indirectly from measurements of y determined with tensiometers. Kirk-
ham (1964) and S. J. Richards (1965) provide detailed descriptions of the design
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and use of these instruments. Very briefly, a tensiometer consists of a porous cup
attached to an airtight, water-filled tube. The porous cup is inserted into the soil at
the desired depth, where it comes into contact with the soil water and reaches
hydraulic equilibrium. The equilibration process involves the passage of water
through the porous cup from the tube into the soil. The vacuum created at the top
of the airtight tube is a measure of the pressure head in the soil. It is usually mea-
sured by a vacuum gage attached to the tube above the ground surface, but it can
be thought of as acting like the inverted manometer shown for point 1 in the soil
profile of Figure 2.12(c). To obtain the hydraulic head 4, the negative w value
indicated by the vacuum gage on a tensiometer must be added algebraically to the
elevation z of the point of measurement. In Figure 2.12(c) the instrument at point
1 is a tensiometer; the one at point 3 is a piezometer. The diagram is, of course,
schematic. In practice, the tensiometer would be a tube with a gage and a porous
cup at the base; the piezometer would be an open pipe with a well point at the base.

Characteristic Curves of the Unsaturated
Hydraulic Parameters

There is a further complication to the analysis of flow in the unsaturated zone.
Both the moisture content § and the hydraulic conductivity X are functions of the
pressure head w. On reflection, the first of these conditions should come as no
great surprise. In that soil moisture is held between the soil grains under surface-
tension forces that are reflected in the radius of curvature of each meniscus, we
might expect that higher moisture contents would lead to larger radii of curvature,
lower surface-tension forces, and lower tension heads (i.e., less-negative pressure
heads). Further, it has been observed experimentally that the 8-y relationship is
hysteretic; it has a different shape when soils are wetting than when they are drying.
Figure 2.13(a) shows the hysteretic functional relationship between # and y for
a naturally occurring sand soil (after Liakopoulos, 1965a). If a sample of this soil
were saturated at a pressure head greater than zero and the pressure was then
lowered step by step until it reached levels much less than atmospheric (y < 0),
the moisture contents at each step would follow the drying curve (or drainage
curve) on Figure 2.13(a). If water were then added to the dry soil in small steps,
the pressure heads would take the return route along the wetting curve (or imbibi-
tion curve). The internal lines are called scanning curves. They show the course that
@ and y would follow if the soil were only partially wetted, then dried, or vice
versa.

One would expect, on the basis of what has been presented thus far, that the
moisture content § would equal the porosity » for all w > 0. For coarse-grained
soils this is the case, but for fine-grained soils this relationship holds over a slightly
larger range w > y,, where y, is a small negative pressure head [Figure 2.13(a)]
known as the air entry pressure head. The corresponding pressure p, is called the
air entry pressure or the bubbling pressure.

Figure 2.13(b) displays the hysteretic curves relating the hydraulic conduct-
ivity X to the pressure head y for the same soil. For v > y,, K = K, where K|
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Figure 2.13 Characteristic curves relating hydraulic conductivity and mois-
ture content to pressure head for a naturally occurring sand soil
(after Liakopoulos, 1965a).

is now known as the saturated hydraulic conductivity. Since K= K(y) and 8 =
B(w), it is also true that K = K(#). The curves of Figure 2.13(b) reflect the fact that
the hydraulic conductivity of an unsaturated soil increases with increasing moisture
content. If we write Darcy’s law for unsaturated flow in the x direction in an
isotropic soil as

v, = —K) 9 (2.41)

we see that the existence of the K(y) relationship implies that, given a constant
hydraulic gradient, the specific discharge v increases with increasing moisture
content.

In actual fact, it would be impossible to hold the hydraulic gradient constant
while increasing the moisture content. Since 4 = w + z and 8 = 6(y), the hydrau-
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lic head 4 is also affected by the moisture content. In other words, a hydraulic-head
gradient infers a pressure-head gradient (except in pure gravity flow), and this in
turn infers a moisture-content gradient. In Figure 2.12, the vertical profiles for
these three variables are shown schematically for a hypothetical case of downward
infiltration from the surface. Flow must be downward because the hydraulic heads
displayed in Figure 2.12(e) decrease in that direction. The large positive values of
h infer that |z|>> |w|. In other words, the z == 0 datum lies at some depth. For a
real case, these three profiles would be quantitatively interlinked through the 8(y)
and K(y) curves for the soil at the site. For example, if the 8(y) curve were known
for the soil and the (z) profile measured in the field, then the w(z) profile, and
hence the A(z) profile, could be calculated.

The pair of curves §(w) and X(y) shown in Figure 2.13 are characteristic for
any given soil. Sets of measurements carried out on separate samples from the same
homogeneous soil would show only the usual statistical variations associated with
spatially separated sampling points. The curves are often called the characteristic
curves. In the saturated zone we have the two fundamental hydraulic parameters
K, and »; in the unsaturated zone these become the functional relationships K(y)
and €(y). More succinctly,

0=0w) wv<uv,
(2.42)
6=n V=V,

K=Ky v<y,
(2.43)
K = KD V’ 2 Wa

Figure 2.14 shows some hypothetical single-valued characteristic curves (i.e.,
without hysteresis) that are designed to show the effect of soil texture on the shape
of the curves. For a more complete description of the physics of moisture retention
in unsaturated soils, the reader is directed to White et al. (1971).

8
o]

)
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Figure 2.14 Single-valued characteristic curves for three hypothetical soils.
(a) Uniform sand; (b) silty sand; (c) silty clay.




Saturated, Unsaturated, and Tension-Saturated Zones

It is worthwhile at this point to summarize the properties of the saturated and
unsaturated zones as they have been unveiled thus far. For the saturated zone, we
can state that:

1. It occurs below the water table.

2. The soil pores are filled with water, and the moisture content § equals the
porosity 7.

3. The fluid pressure p is greater than atmospheric, so the pressure head y
(measured as gage pressure) is greater than zero.

4, The hydraulic head 2 must be measured with a piezometer.

5. The hydraulic conductivity K is a constant; it is not a function of the
pressure head .

For the unsaturated zone (or, as it is sometimes called, the zone of aeration or the
vadose zone):

1. It occurs above the water table and above the capillary fringe.

2. The soil pores are only partially filled with water; the moisture content #
is less than the porosity ».

3. The fluid pressure p is less than atmospheric; the pressure head w is less
than zero.

4, The hydraulic head % must be measured with a tensiometer.

5. The hydraulic conductivity K and the moisture content 8 are both functions

" of the pressure head y.

In short, for saturated flow, ¢ > 0, § = », and K = X|;; for unsaturated flow,
v <0, 8 =08(), and X = K(y).

The capillary fringe fits into neither of the groupings above. The pores there
are saturated, but the pressure heads are less than atmospheric. A more descriptive
name that is now gaining acceptance is the tension-saturated zone. An explanation
of its seemingly anomalous properties can be discovered in Figure 2.13. It is the
existence of the air entry pressure head w, < 0 on the characteristic curves that is
responsible for the existence of a capillary fringe. w, is the value of y that will
exist at the top of the tension-saturated zone, as shown by w, for point 4 in Figure
2.12(d). Since y, has greater negative values in clay soils than it does in sands,
these fine-grained soils develop thicker tension-saturated zones than do coarse-
grained soils.

Some authors consider the tension-saturated zone as part of the saturated
zone, but in that case the water table is no longer the boundary between the two
zones. From a physical standpoint it is probably best to retain all three zones—
saturated, tension-saturated, and unsaturated~—in one’s conception of the complete
hydrologic system.

A point that follows directly from the foregoing discussion in this section may
warrant a specific statement. In that fluid pressures are less than atmospheric, there
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can be no natural outflow to the atmosphere from an unsaturated or tension-
saturated face. Water can be transferred from the unsaturated zone to the atmo-
sphere by evaporation and transpiration, but natural outflows, such as springs on
streambanks or inflows to well bores, must come from the saturated zone. The
concept of a saturated seepage face is introduced in Section 5.5 and its importance
in relation to hillslope hydrology is emphasized in Section 6.5.

Perched and Inverted Water Tables

The simple hydrologic configuration that we have considered thus far, with a single
unsaturated zone overlying the main saturated groundwater body, is a common
one. It is the rule where homogeneous geologic deposits extend to some depth.
Complex geological environments, on the other hand, can lead to more complex
saturated-unsaturated conditions. The existence of a low-permeability clay layer
in a high-permeability sand formation, for example, can lead to the formation of
a discontinuous saturated lense, with unsaturated conditions existing both above
and below. If we consider the line ABCDA in Figure 2.15 to be the y = 0 isobar,
we can refer to the 4BC portion as a perched water table and ADC as an inverted
water table. EF is the true water table.

] Sand
Clay

(T unsaturated

¥/] Saturated

Figure 2.15 Perched water table ABC, inverted water table ADC, and true
water table EF.

Saturated conditions can be discontinuous in time as well as space. Heavy
rainfall can lead to the formation of a temporary saturated zone at the ground
surface, its lower boundary being an inverted water table underlain by unsaturated
conditions. Saturated zones of this type dissipate with time under the influence of
downward percolation and evaporation from the surface. In Chapter 6 we will
examine the interactions of rainfall and infiltration in saturated-unsaturated sys-
tems in greater detail.

Muftiphase Flow

The approach to unsaturated flow outlined in this section is the one used almost
universally by soil physicists, but it is, at root, an approximate method. Unsatu-
rated flow is actually a special case of multiphase flow through porous media, with
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two phases, air and water, coexisting in the pore channels. Let 8, be the volumetric
moisture content (previously denoted by @) and @, be the volumetric air content,
defined analogously to 8,,. There are now two fluid pressures to consider: p,, for the
water phase and p, for the air phase; and two pressure heads, ¥, and y,. Each soil
now possesses two characteristic curves of fluid content versus pressure head, one
for the water, 8,(w,), and one for the air, 8,(y,).

When it comes to conductivity relationships, it makes sense to work with the
permeability k [Eq. (2.28)] rather than the hydraulic conductivity K, since k is
independent of the fluid and K is not. The flow parameters k, and k, are called the
effective permeabilities of the medium to water and air. Each soil has two charac-
teristic curves of effective permeability versus pressure head, one for water, k,(w,),
and one for air, k,(y,).

The single-phase approach to unsaturated flow leads to techniques of analysis
that are accurate enough for almost all practical purposes, but there are some
unsaturated flow problems where the multiphase flow of air and water must be
considered. These commonly involve cases where a buildup in air pressure in the
entrapped air ahead of a wetting front influences the rate of propagation of the
front through a soil. Wilson and Luthin (1963) encountered the effects experi-
mentally, Youngs and Peck (1964) provide a theoretical discussion, and McWhorter
(1971) presents a complete analysis. As will be shown in Section 6.8, air entrapment
also influences water-table fluctuations. Bianchi and Haskell (1966) discuss air
entrapment problems in a field context, and Green et al. (1970) describe a field
application of the multiphase approach to the analysis of a subsurface flow system.

Much of the original research on multiphase flow through porous media was
carried out in the petroleum industry. Petroleum reservoir engineering involves the
analysis of three-phase flow of oil, gas, and water. Pirson (1958) and Amyx et al.
(1960) are standard references in the field. Stallman (1964) provides an interpretive
review of the petroleum multiphase contributions as they pertain to groundwater
hydrology.

The two-phase analysis of unsaturated flow is an example of immiscible dis-
placement; that is, the fluids displace each other without mixing, and there is a
distinct fluid-fluid interface within each pore. The simultaneous flow of two fluids
that are soluble in each other is termed miscible displacement, and in such cases
a distinct fluid-fluid interface does not exist. Bear (1972) provides an advanced
theoretical treatment of both miscible and immiscible displacement in porous
media. In this text, the only examples of immiscible displacement are those that
have been discussed in this subsection. In the rest of the text, unsaturated flow will
be treated as a single-phase problem using the concepts and approach of the first
part of this section. The most common occurrences of miscible displacement in
groundwater hydrology involve the mixing of two waters with different chemistry
(such as seawater and fresh-water, or pure water and contaminated water). The
transport processes associated with miscible displacement and the techniques of
analysis of groundwater contamination will be discussed in Chapter 9.



2.7 Aquifers and Aquitards

Of all the words in the hydrologic vocabulary, there are probably none with more
shades of meaning than the term agquifer. It means different things to different
people, and perhaps different things to the same person at different times. It is used
to refer to individual geologic layers, to complete geologic formations, and even
to groups of geologic formations. The term must always be viewed in terms of the
scale and context of its usage.

Agquifers, Aquitards, and Aquicludes

An aquifer is best defined as a saturated permeable geologic unit that can transmit
significant quantities of water under ordinary hydraulic gradients. An aquiclude is
defined as a saturated geologic unit that is incapable of transmitting significant
quantities of water under ordinary hydraulic gradients.

An alternative pair of definitions that are widely used in the water-well indus-
try states that an aquifer is permeable enough to yield economic quanitities of water
to wells, whereas aquicludes are not.

In recent years the term aguitard has been coined to describe the less-permeable
beds in a stratigraphic sequence. These beds may be permeable enough to transmit
water in quantities that are significant in the study of regional groundwater flow,
but their permeability is not sufficient to allow the completion of production wells
within them. Most geologic strata are classified as either aquifers or aquitards;
very few formations fit the classical definition of an aquiclude. As a result, there is
a trend toward the use of the first two of these terms at the expense of the third.

The most common aquifers are those geologic formations that have hydraulic
conductivity values in the upper half of the observed range (Table 2.2): uncon-
solidated sands and gravels, permeable sedimentary rocks such as sandstones and
limestones, and heavily fractured volcanic and crystalline rocks. The most common
aquitards are clays, shales, and dense crystalline rocks. In Chapter 4, the principal
aquifer and aquitard types will be examined more fully within the context of a
discussion on geological controls on groundwater occurrence.

The definitions of aquifer and aquitard are purposely imprecise with respect
to hydraulic conductivity. This leaves open the possibility of using the terms in a
relative sense. For example, in an interlayered sand-silt sequence, the silts may be
considered aquitards, whereas in a silt-clay system, they are aquifers.

Aquifers are often called by their stratigraphic names. The Dakota Sandstone,
for example, owes its geological fame largely to Meinzer’s (1923) assessment of its
properties as an aquifer. Two other well-known North American aquifers are the
St. Peter Sandstone in Illinois and the Ocala Limestone in Florida. A summary of
the principal aquifer systems in the United States can be found in McGuinness
(1963) and Maxey (1964), who build on the earlier compilations of Meinzer (1923),
Tolman (1937), and Thomas (1951). Brown (1967) provides information on Cana-
da’s major aquifers.
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In the ideal world of analysis where many of the expositary sections of this
book must reside, aquifers tend to appear as homogeneous, isotropic formations
of constant thickness and simple geometry. We hope the reader will bear in mind
that the real world is somewhat different. The hydrogeologist constantly faces
complex aquifer-aquitard systems of heterogeneous and anisotropic formations
rather than the idealized cases pictured in texts. It will often seem that the geological
processes have maliciously conspired to maximize the interpretive and analytical
difficulties.

Confined and Unconfined Aquifers

A confined aquifer is an aquifer that is confined between two aquitards. An uncon-
Jfined aquifer, or water-table aquifer, is an aquifer in which the water table forms the
upper boundary. Confined aquifers occur at depth, unconfined aquifers near the
ground surface (Figure 2.16). A saturated lense that is bounded by a perched water
table (Figure 2.15) is a special case of an unconfined aquifer. Such lenses are
sometimes called perched aquifers.

Water table

Potentiometric surface

Unconfined ‘*-«E]~~,,,_ I 11 j’, Sand
aquifer B DR - it T
Z Clay
Confined] 11T ol T
aquifer Sand

Figure 2.16 Unconfined aquifer and its water table ; confined aquifer and its
potentiometric surface.

In a confined aquifer, the water level in a well usually rises above the top of
the aquifer. If it does, the well is called an artesian well and the aquifer is said to
exist under artesian conditions. In some cases the water level may rise above the
ground surface, in which case the well is known as a flowing artesian well and the
aquifer is said to exist under flowing artesian conditions. In Section 6.1, we will
examine the topographic and geologic circumstances that lead to flowing artesian
conditions. The water level in a well in an unconfined aquifer rests at the water
table.



Potentiometric Surface

For confined aquifers, which are extensively tapped by wells for water supply, there
has grown up a traditional concept that is not particularly sound but which is
firmly entrenched in usage. If the water-level elevations in wells tapping a confined
aquifer are plotted on a map and contoured, the resulting surface, which is actually
a map of the hydraulic head in the aquifer, is called a potentiometric surface. A
potentiometric map of an aquifer provides an indication of the directions of ground-
water flow in the aquifer.

The concept of a potentiometric surface is only rigorously valid for horizontal
flow in horizontal aquifers. The condition of horizontal flow is met only in aquifers
with hydraulic conductivities that are much higher than those in the associated
confining beds. Some hydrogeological reports contain potentiometric surface maps
based on water-level data from sets of wells that bottom near the same elevation
but that are not associated with a specific well-defined confined aquifer. This type
of potentiometric surface is essentially a map of hydraulic head contours on a
two-dimensional horizontal cross section taken through the three-dimensional
hydraulic head pattern that exists in the subsurface in that area. If there are vertical
components of flow, as there usually are, calculations and interpretations based on
this type of potentiometric surface can be grossly misleading.

It is also possible to confuse a potentiometric surface with the water table in
areas where both confined and unconfined aquifers exist. Figure 2.16 schematically
distinguishes between the two. In general, as we shall see from the flow nets in
Chapter 6, the two do not coincide.

2.8 Steady-State Flow and Transient Flow

Steady-state flow occurs when at any point in a flow field the magnitude and direc-
tion of the flow velocity are constant with time. Transient flow (or unsteady flow, or
nonsteady flow) occurs when at any point in a flow field the magnitude or direction
of the flow velocity changes with time.

Figure 2.17(a) shows a steady-state groundwater flow pattern (dashed equi-
potentials, solid flowline) through a permeable alluvial deposit beneath a concrete
dam. Along the line AB, the hydraulic head 4, = 1000 m. It is equal to the eleva-
tion of the surface of the reservoir above 4 B. Similarily, /., = 900 m (the elevation
of the tailrace pond above CD). The hydraulic head drop A% across the system is
100 m. If the water level in the reservoir above 4 B and the water level in the tailrace
pond above CD do not change with time, the flow net beneath the dam will not
change with time. The hydraulic head at point E, for example, will be z; = 950 m
and will remain constant. Under such circumstances the velocity v = —K ¢h/d!
will also remain constant through time. In a steady-state flow system the velocity
may vary from point to point, but it will not vary with time at any given point.

48




50 Physical Praperties and Principles | Ch. 2

¥ - 1000
T

Ah B
- 900
- 800
. E
[
e
S
>
e
7 L
to l <1000
T1 -1 900
- 800

Figure 2.17 Steady-state and transient groundwater flow beneath a dam,

Let us now consider the transient flow problem schematically shown in Figure
2.17(b). At time ¢, the flow net beneath the dam will be identical to that of Figure
2.17(a) and Az will be 950 m. If the reservoir level is allowed to drop over the period
t, to t,, until the water levels above and below the dam are identical at time ¢,, the
ultimate conditions under the dam will be static with no flow of water from the
upstream to the downstream side. At point E the hydraulic head A; will undergo
a time-dependent decline from 4z = 950 m at time ¢, to its ultimate value of 4y =
900 m. There may well be time lag in such a system so that 4 will not necessarily
reach the value Az = 900 m until some time after ¢ = ¢,.

One important difference between steady and transient systems lies in the rela-
tion between their flowlines and pathlines. Flowlines indicate the instantaneous
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directions of flow throughout a system (at all times in a steady system, or at a given
instant in time in a transient system). They must be orthogonal to the equipotential
lines throughout the region of flow at all times. Pathfines map the route that an
individual particle of water follows through a region of flow during a steady or
transient event. In a steady flow system a particle of water that enters the system
at an inflow boundary will flow toward the outflow boundary along a pathline that
coincides with a flowline such as that shown in Figure 2.17(a). In a transient flow
system, on the other hand, pathlines and flowlines do not coincide. Although a flow
net can be constructed to describe the flow conditions at any given instant in time
in a transient system, the flowlines shown in such a snapshot represent only the
directions of movement at that instant in time. In that the configuration of flowlines
changes with time, the flowlines cannot describe, in themselves, the complete path
of a particle of water as it traverses the system. The delineation of transient path-
lines has obvious importance in the study of groundwater contamination.

A groundwater hydrologist must understand the techniques of analysis for
both steady-state flow and transient flow. In the final sections of this chapter the
equations of flow will be developed for each type of flow, under both saturated and
unsaturated conditions. The practical methodology that is presented in later chap-
ters is often based on the theoretical equations, but it is not usually necessary for
the practicing hydrogeologist to have the mathematics at his or her fingertips. The
primary application of steady-state techniques in groundwater hydrology is in the
analysis of regional groundwater flow. An understanding of transient flow is
required for the analysis of well hydraulics, groundwater recharge, and many of
the geochemical and geotechnical applications.

2.9 Compressibility and Effective Stress

The analysis of transient groundwater flow requires the introduction of the concept
of compressibility, a material property that describes the change in volume, or
strain, induced in a material under an applied stress. In the classical approach to
the strength of elastic materials, the modulus of elasticity is a more familiar material
property. It is defined as the ratio of the change in stress de to the resulting change
in strain de. Compressibility is simply the inverse of the modulus of elasticity. It is
defined as strain/stress, de/deo, rather than stress/strain, do/de. The term is utilized
for both elastic materials and nonelastic materials. For the flow of water through
porous media, it is necessary to define two compressibility terms, one for the water
and one for the porous media.

Compressibility of Water

Stress is imparted to a fluid through the fluid pressure p. An increase in pressure
dp leads to a decrease in the volume V,, of a given mass of water. The compressibility
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of water B is therefore defined as

_ —av,[V,
F== .44)

The negative sign is necessary if we wish § to be a positive number.

Equation (2.44) implies a linear elastic relationship between the volumetric
strain dV,,/V,, and the stress induced in the fluid by the change in fluid pressure dp.
The compressibility f is thus the slope of the line relating strain to stress for water,
and this slope does not change over the range of fluid pressures encountered in
groundwater hydrology (including those less than atmospheric that are encountered
in the unsaturated zone). For the range of groundwater temperatures that are
usually encountered, temperature has a small influence on f, so that for most
practical purposes we can consider # a constant. The dimensions of ff are theinverse
of those for pressure or stress. Its value can be taken as 4.4 x 107!°m?/N (or Pa~!).

For a given mass of water it is possible to rewrite Eq. (2.44) in the form

_ —dplp
p= =5r (2.45)

where p is the fluid density. Integration of Eq. (2.45) yields the equation of state for
water:

p = poexp [B(p — po)] (2.46)

where p, is the fluid density at the datum pressure p,. For p, atmospheric, Eq.
(2.46) can be written in terms of gage pressures as

p = poe” (2.47)
An incompressible fluid is one for which f# = 0 and p = p, = constant.

Effective Stress

Let us now consider the compressibility of the porous medium. Assume that a
stress is applied to a unit mass of saturated sand. There are three mechanisms by
which a reduction in volume can be achieved: (1) by compression of the water in
the pores, (2) by compression of the individual sand grains, and (3) by a rearrange-
ment of the sand grains into a more closely packed configuration. The first of these
mechanisms is controlled by the fluid compressibility . Let us assume that the
second mechanism is negligible, that is, that the individual soil grains are incom-
pressible. Our task is to define a compressibility term that will reflect the third
mechanism.

To do so, we will have to invoke the principle of effective stress. This concept
was first proposed by Terzaghi (1925), and has been analyzed in detail by Skempton
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(1961). Most soil mechanics texts, such as those by Terzaghi and Peck (1967) and
Scott (1963), provide a full discussion.

For our purposes, consider the stress equilibrium on an arbitrary plane
through a saturated geological formation at depth (Figure 2.18). o, is the total
stress acting downward on the plane. It is due to the weight of overlying rock and
water. This stress is borne in part by the granular skeleton of the porous medium
and in part by the fluid pressure p of the water in the pores. The portion of the
total stress that is not borne by the fluid is called the effective stress o,. It is this
stress that is actually applied to the grains of the porous medium. Rearrangement
of the soil grains and the resulting compression of the granular skeleton is caused
by changes in the effective stress, not by changes in the total stress. The two are
related by the simple equation

or=06,+p (2.48)
or, in terms of the changes,

doy = do,+ dp (2.49)

Total stress

o
P Te
Fluid Effective
pressure stress

Figure 2.18 Total stress, effective stress, and fluid pressure on an arbitrary
plane through a saturated porous medium.

Many of the transient subsurface flow problems that must be analyzed do
not involve changes in the total stress. The weight of rock and water overlying
each point in the system often remains essentially constant through time. In such
cases, dor = 0 and

do, = —dp (2.50)

Under these circumstances, if the fluid pressure increases, the effective stress
decreases by an equal amount; and if the fluid pressure decreases, the effective
stress increases by an equal amount. For cases where the total stress does not
change with time, the effective stress at any point in the system, and the resulting
volumetric deformations there, are controlled by the fluid pressures at that point.
Since p = pgy and w = h — z (z being constant at the point in question), changes
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in the effective stress at a point are in effect governed by changes in the hydraulic
head at that point:

do, = —pgdy = —pgdh (2.51)

Compressibility of a Parous Medium

The compressibility of a porous medium is defined as

_ —dVylVy

o
do,

(2.52)

where V7, is the total volume of a soil mass and do, the change in effective stress.

Recall that V; = Vs + V,, where V; is the volume of the solids and V, is the
volume of the water-saturated voids. An increase in effective stress do, produces a
reduction dV; in the total volume of the soil mass. In granular materials this reduc-
tion occurs almost entirely as a result of grain rearrangements. It is true that
individual grains may themselves be compressible, but the effect is usually con-
sidered to be negligible. In general, dV, = dV 4+ dV,; but for our purposes we
will assume that dV; = 0 and dV, = dV,.

Consider a sample of saturated soil that has been placed in a laboratory
loading cell such as the one shown in Figure 2.19(a). A total stress o, = L{A can
be applied to the sample through the pistons. The sample is laterally confined by
the cell walls, and entrapped water is allowed to escape through vents in the pis-
tons to an external pool held at a constant known fluid pressure. The volumetric
reduction in the size of the soil sample is measured at several values of L as L is
increased in a stepwise fashion. At each step, the increased total stress doy is
initially borne by the water under increased fluid pressures, but drainage of the
water from the sample to the external pool slowly transfers the stress from the water
to the granular skeleton. This transient process is known as consolidation, and the
time required for the consolidation process to reach hydraulic equilibrium at each
L can be considerable. Once attained, however, it is known that dp = 0 within the
sample, and from Eq. (2.49), do, = dor = dL[A. If the soil sample has an original
void ratio e, (where e = V,/V,) and an original height b [Figure 2.19(a)], and
assuming that dV; = dV,, Eq. (2.52) can be written as

_ —dblb _ —de/(l + e,)
*= do, do, (2.53)

The compressibility & is usually determined from the slope of a strain-stress
plot in the form of e versus ¢,. The curve AB in Figure 2.19(b) is for loading
(increasing @,), BC is for unloading (decreasing a,). In general, the strain-stress
relation is neither linear nor elastic. In fact, for repeated loadings and unloadings,
many fine-grained soils show hysteretic properties [Figure 2.19(c)]. The soil com-
pressibility &, unlike the fluid compressibility f§, is not a constant; it is a function
of the applied stress and it is dependent on the previous loading history.
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Figure 2.19 (a) Laboratory loading cell for the determination of soil com-
pressibility; (b), (¢), and (d) schematic curves of void ratio
versus effective stress.

Figure 2.19(d) provides a schematic comparison of the e-o, curves for clay
and sand. The lesser slope for the sand curve implies a smaller &, and its linearity
implies an « value that stays constant over a wide range of ¢,. In groundwater
systems, the time-dependent fluctuations in o, are often quite small, so that even
for clays, a constant & can have some meaning. Table 2.5 is a table of compres-

Table 2.5 Range of Values of
Compressibility*

Compressibility, %
(m2/N or Pa~1)

Clay 10-6-10-8
Sand 10-7-10-9
Gravel 10-8-10-10
Jointed rock 10-8-10"10
Sound rock 10-9-10-11
Water (§) 4.4 x 10710

*See Table Al.3, Appendix I, for
conversion factors.
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sibility values that indicates the ranges of values that have been measured for
various types of geologic materials. Original sources of compressibility data include
Domenico and Mifflin (1965) and Johnson et al. (1968). The dimensions of ¢, like
f, are the inverse of those for stress. Values are expressed in SI units of m?/N or
Pa~!. Note that the compressibility of water is of the same order of magnitude as
the compressibility of the less-compressible geologic materials.

As noted in Figure 2.19(b) and (c), the compressibility of some soils in expan-
sion (expansibility ?) is much less than in compression. For clays, the ratio of the
two &’s is usually on the order of 10:1; for uniform sands, it approaches 1:1.
For soils that have compressibility values that are significantly less in expansion
than compression, volumetric deformations that occur in response to increasing
effective stress [perhaps due to decreasing hydraulic heads as suggested by Eq.
(2.51)] are largely irreversible. They are not recovered when effective stresses sub-
sequently decrease. In a clay-sand aquifer-aquitard system, the large compactions
that can occur in the clay aquitards (due to the large & values) are largely irrecover-
able; whereas the small deformations that occur in the sand aquifers (due to the
small o values) are largely elastic.

' Agquifer Compressibility

The concept of compressibility inherent in Eq. (2.53) and in Figures 2.18 and 2.19
is one-dimensional. In the field, at depth, a one-dimensional concept has meaning
if it is assumed that the soils and rocks are stressed only in the vertical direction.
The total vertical stress o, at any point is due to the weight of overlying rock and
water; the neighboring materials provide the horizontal confinement. The effective
vertical stress o, is equal to o, — p. Under these conditions the aquifer compres-
sibility o is defined by the first equality of Eq. (2.53), where b is now the aquifer
thickness rather than a sample height. The parameter g is a vertical compressibility.
If it is to be determined with a laboratory apparatus like that of Figure 2.19(a),
the soil cores must be oriented vertically and loading must be applied at right
angles to any horizontal bedding. Within an aquifer, « may vary with horizontal
position; that is, @ may be heterogeneous with o == a(x, y).

In the most general analysis, it must be recognized that the stress field existing
at depth is not one-dimensional but three-dimensional. In that case, aquifer com-
pressibility must be considered as an anisotropic parameter. The vertical compres-
sibility o is then invoked by changes in the vertical component of effective stress,
and the horizontal compressibilities are invoked by changes in the horizontal com-
ponents of effective stress. Application of the concepts of three-dimensional stress
analysis in the consideration of fluid flow through porous media is an advanced
topic that cannot be pursued here. Fortunately, for many practical cases, changes
in the horizontal stress field are very small, and in most analyses it can be assumed
that they are negligible. It is sufficient for our purposes to think of the aquifer
compressibility & as a single isotropic parameter, but it should be kept in mind that
it is actually the compressibility in the vertical direction, and that this is the only
direction in which large changes in effective stress are anticipated.
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To illustrate the nature of the deformations that can occur in compressible
aquifers, consider the aquifer of thickness b shown in Figure 2.20. If the weight of
overlying material remains constant and the hydraulic head in the aquifer is
decreased by an amount —dh, the increase in effective stress de, is given by Eq.
(2.51) as pg dh, and the aquifer compaction, from Eq. (2.53) is

db = —ab do, = —abpg dh (2.54)

The minus sign indicates that the decrease in head produces a reduction in the
thickness b.

!
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Figure 2,20 Aquifer compaction caused by groundwater pumping.

One way that the hydraulic head might be lowered in an aquifer is by pumping
from a well. Pumping induces horizontal hydraulic gradients toward the well in
the aquifer, and as a result the hydraulic head is decreased at each point near the
well. In response, effective stresses are increased at these points, and aquifer com-
paction results. Conversely, pumping water into an aquifer increases hydraulic
heads, decreases effective stresses, and causes aquifer expansion. If the compaction
of an aquifer-aquitard system due to groundwater pumping is propagated to the
ground surface, the result is land subsidence. In Section 8.12 this phenomenon is
considered in detail.

Effective Stress in the Unsaturated Zone

The first equality in Eq. (2.51) indicates that the relationship between the effective
stress g, and the presure head y should be linear. This relation, and the concept of
Figure 2.18 on which it is based, holds in the saturated zone, but there is now
abundant evidence to suggest that it does not hold in the unsaturated zone (Nara-
simhan, 1975). For unsaturated flow, Bishop and Blight (1963) suggest that Eq.
(2.51) should be modified to read

do, = —pgx dy (2.55)

where the parameter y depends on the degree of saturation, the soil structure, and
the wetting-drying history of the soil. Curve 4BC in Figure 2.21 shows such a
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Figure 2.21 Relationship between effective stress and pressure head in the
saturated and unsaturated zones (after Narasimhan, 1975).

relationship schematically. For w > 0, y = 1;fory < 0, y < 1; and for v <0,
x=0.

The y approach is an empirical one and its use reflects the fact that the capacity
of fluid pressures less than atmospheric to support a part of the total stress in an
unsaturated flow field is not yet fully understood. As a first approximation, it is not
unreasonable to suppose that they have no such capacity, as suggested by curve
ABD in Figure 2.21. Under this assumption, for y < 0, y =0, do, = do,, and
changes in pressure head (or moisture content) in the unsaturated zone do not lead
to changes in effective stress.

The definition of the compressibility of a porous medium in the unsaturated
zone is still given by Eq. (2.52) just as it is in the saturated zone, but the influence
of the fluid pressure on the effective stress is now considered to be muted or non-
existent.

2.10 Transmissivity and Storativity

There are six basic physical properties of fluid and porous media that must be
known in order to describe the hydraulic aspects of saturated groundwater flow.
These six have all now been introduced. They are, for the water, density p, viscosity
U, and compressibility §; and for the media, porosity n (or void ratio e), permeability
k, and compressibility a. All the other parameters that are used to describe the
hydrogeologic properties of geologic formations can be derived from these six.
For example, we have seen from Eq. (2.28) that the saturated hydraulic conductivity
K is a combination of k, p, and . In this section, we will consider the concepts of
specific storage S, storativity .S, and transmissivity 7.

Specific Storage

The specific storage S, of a saturated aquifer is defined as the volume of water that
a unit volume of aquifer releases from storage under a unit decline in hydraulic
head. From Section 2.9 we now know that a decrease in hydraulic head / infers a
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decrease in fluid pressure p and an increase in effective stress &,. The water that is
released from storage under conditions of decreasing A4 is produced by two mecha-
nisms: (1) the compactions of the aquifer caused by increasing &,, and (2) the
expansion of the water caused by decreasing p. The first of these mechanisms is
controlled by the aquifer compressibility & and the second by the fluid compres-
sibility 5.

Let us first consider the water produced by the compaction of the aquifer. The
volume of water expelled from the unit volume of aquifer during compaction will
be equal to the reduction in volume of the unit volume of aquifer. The volumetric
reduction 4V, will be negative, but the amount of water produced 4F, will be
positive, so that, from Eq. (2.52),

AV, = —dV, = aV, do, (2.56)

For a unit volume, V; = 1, and from Eq. (2.51), do, = — pg dh. For a unit decline
in hydraulic head, dh = —1, and we have

dV, = apg 2.57)

Now consider the volume of water produced by the expansion of the water.
From Eq. (2.44),

av, = —BV,dp (2.58)

The volume of water V, in the total unit volume V7. is nV, where n is the porosity.

With V=1 and dp == pgdy = pgd(h — z) = pgdh, Eq. (2.58) becomes, for
dh = —1,

dv, = Bnpg (2.59)
The specific storage S, is the sum of the two terms given by Egs. (2.57) and (2.59):
S, = pg(e + nf) (2.60)

A dimensional inspection of this equation shows S, to have the peculiar dimensions
of [L]~!. This also follows from the definition of S, as a volume per volume per unit
decline in head.

Transmissivity and Storativity
of a Confined Aquifer

For a confined aquifer of thickness b, the transmissivity (or transmissibility) T is
defined as

T= Kb (2.61)
and the storativity (or storage coefficient) S is defined as

S=Sb (2.62)
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If we substitute Eq. (2.60) in Eq. (2.62), the expanded definition of S is seen to be
S = pgb(e + np) (2.63)

The storativity of a saturated confined aquifer of thickness b can be defined
in words as the volume of water that an aquifer releases from storage per unit
surface area of aquifer per unit decline in the component of hydraulic head normal
to that surface. The hydraulic head for a confined aquifer is usually displayed in
the form of a potentiometric surface, and Figure 2.22(a) illustrates the concept of
storativity in this light.

Unit decline of
potentiometric -Potentiometric

/Unit cross-sectional area
surfuce\ surface

/U nit cross-sectional area

: - Unit decline of
= K water table Water table

=—=Confining strotum

¢ ¢ 7 /./ 77 7 /.
Impermeable Impermeable

{a) (b)

Figure 2.22 Schematic representation of the storativity in (a) confined and
(b) unconfined aquifers (after Ferris et al., 1962).

In that the hydraulic conductivity K has dimensions [L/7T7], it is clear from Eq.
(2.61) that the transmissivity 7" has dimensions [L?/T]. The SI metric unit is m?/s.
T and S are widely used terms in the North American water well industry and are
often expressed in FPS engineering units. If K is expressed in gal/day/ft?, then T
has units of gal/day/ft. The range of values of T can be calculated by multiplying
the pertinent K values from Table 2.2 by the range of reasonable aquifer thick-
nesses, say 5-100 m. Transmissivities greater than 0.015 m?/s (or 0.16 ft?/s or
100,000 gal/day/ft) represent good aquifers for water well exploitation. Storativities
are dimensionless. In confined aquifers, they range in value from 0.005 to 0.00005.
Reference to the definition of S, coupled with a realization of its range of values,
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makes it clear that large head changes over extensive areas are required to produce
substantial water yields from confined aquifers.

Transmissivities and storativities can be specified for aquitards as well as
aquifers. However, in most applications, the vertical hydraulic conductivity of an
aquitard has more significance than its transmissivity. It might also be noted that
in clay aquitards, & > 8, and the »f term in the definition of storativity [Eq.
(2.63)] and specific storage [Eq. (2.60)] becomes negligible.

It is possible to define a single formation parameter that couples the transmis-
sion properties 7" or X, and the storage properties S or S,. The hydraulic diffusivity
D is defined as

T __
D=¢= (2.64)

hcol k

The term is not widely used in practice.

The concepts of transmissivity T and storativity S were developed primarily for
the analysis of well hydraulics in confined aquifers. For two-dimensional, hori-
zontal flow toward a well in a confined aquifer of thickness &, the terms are well
defined; but they lose their meaning in many other groundwater applications. If a
groundwater problem has three-dimensional overtones, it is best to revert to the use
of hydraulic conductivity K and specific storage S,; or perhaps even better, to the
fundamental parameters permeability k, porosity n, and compressibility o.

Transmissivity and Specific Yield
in Unconfined Aquifers

In an unconfined aquifer, the transmissivity is not as well defined as in a confined
aquifer, but it can be used. It is defined by the same equation [Eq. (2.61)], but b is
now the saturated thickness of the aquifer or the height of the water table above the
top of the underlying aquitard that bounds the aquifer.

The storage term for unconfined aquifers is known as the specific yield S,. It
is defined as the volume of water that an unconfined aquifer releases from storage
per unit surface area of aquifer per unit decline in the water table. It is sometimes
called the unconfined storativity. Figure 2.22(b) illustrates the concept schemat-
ically.

The idea of specific yield is best visualized with reference to the saturated-
unsaturated interaction it represents. Figure 2.23 shows the water-table position
and the vertical profile of moisture content vs. depth in the unsaturated zone at
two times, ¢, and t,. The crosshatched area represents the volume of water released
from storage in a column of unit cross section. If the water-table drop represents a
unit decline, the crosshatched area represents the specific yield.

The specific yields of unconfined aquifers are much higher than the storativities
of confined aquifers. The usual range of S, is 0.01-0.30. The higher values reflect
the fact that releases from storage in unconfined aquifers represent an actual
dewatering of the soil pores, whereas releases from storage in confined aquifers
represent only the secondary effects of water expansion and aquifer compaction
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Figure 2.23 Concept of specific yield viewed in terms of the unsaturated
moisture profiles above the water table.

caused by changes in the fluid pressure. The favorable storage properties of uncon-
fined aquifers make them more efficient for exploitation by wells. When compared
to confined aquifers, the same yield can be realized with smaller head changes over
less extensive areas.

Storage in the Unsaturated Zone

In an unsaturated soil, changes in moisture content #, such as those shown in
Figure 2.23, are accompanied by changes in the pressure head y, through the 6(y)
relationship displayed on the characteristic curve of Figure 2.13(a). The slope of
this characteristic curve represents the unsaturated storage property of a soil. It is
called the specific moisture capacity C and is defined as

_ de

= 2w (2.652)

An increase of dy in the pressure head (say, from —200 cm to —100 cm on Figure
2.13) must be accompanied by an increase of 46 in the moisture stored in the
unsaturated soil. Since #(y) is nonlinear and hysteretic, so too, is C. It is not a
constant; it is a function of the pressure head y : C = C(y). In the saturated zone,
in fact for all ¥ > w,, the moisture content & is equal to the porosity n, a constant,
so that C == 0. A parallel formulation to Eq. (2.42) for C is

C=Cly) y<vy.
C=0 v >y, (2.65b)

The transmission and storage properties of an unsaturated soil are fully
specified by the characteristic curve K(w) and one of the two curves 8(y) or C(y).

In an analogous manner to Eq. (2.64), the soil-water diffusivity can be defined
as

o) =5 (2.66)



2.11 Equations of Groundwater Flow

In almost every field of science and engineering the techniques of analysis are based
on an understanding of the physical processes, and in most cases it is possible to
describe these processes mathematically. Groundwater flow is no exception. The
basic law of flow is Darcy’s law, and when it is put together with an equation of
continuity that describes the conservation of fluid mass during flow through a
porous medium, a partial differential equation of flow is the result. In this section,
we will present brief developments of the equations of flow for (1) steady-state
saturated flow, (2) transient saturated flow, and (3) transient unsaturated flow. All
three of the equations of flow are well known to mathematicians, and mathematical
techniques for their manipulation are widely available and in common use in
science and engineering. Generally, the equation of flow appears as one component
of a boundary-value problem, so in the last part of this section we will explore this
concept.

In that so many of the standard techniques of analysis in groundwater hydro-
logy are based on boundary-value problems that involve partial differential equa-
tions, it is useful to have a basic understanding of these equations as one proceeds
to learn the various techniques. Fortunately, it is not an absolute requirement. In
most cases, the techniques can be explained and understood without returning at
every step to the fundamental mathematics. The research hydrogeologist must
work with the equations of flow on a daily basis; the practicing hydrogeologist can
usually avoid the advanced mathematics if he or she so desires.

Steady-State Saturated Flow

Consider a unit volume of porous media such as that shown in Figure 2.24. Such
an element is usually called an elemental control volume. The law of conservation
of mass for steady-state flow through a saturated porous medium requires that the
rate of fluid mass flow into any elemental control volume be equal to the rate of
fluid mass flow out of any elemental control volume. The equation of continuity that
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Figure 2.24 Elemental control volume for flow through porous media.
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translates this law into mathematical form can be written, with reference to Figure
2.24, as

d(pv,)  d(pv,)  d(pv,) _
— T - m - T =0 (2.67)

A quick dimensional analysis on the pv terms will show them to have the dimen-
sions of a mass rate of flow across a unit cross-sectional area of the elemental
control volume. If the fluid is incompressible, p(x, y, z) = constant and the p’s can
be removed from Eq. (2.67). Even if the fluid is compressible and p(x, y, z) 7% con-
stant, it can be shown that terms of the form p dv,/dx are much greater than terms
of the form v, dp/dx, both of which arise when the chain rule is used to expand
Eq. (2.67). In either case, Eq. (2.67) simplifies to

A A A | (2.68)

Substitution of Darcy’s law for v,, v,, and v, in Eq. (2.68) yields the equation of
flow for steady-state flow through an anisotropic saturated porous medium:

5 (55) + 5 (05) + (<) = 269

For an isotropic medium, K, = K, = K, and if the medium is also homogeneous,
then K(x, y, z) = constant. Equation (2.69) then reduces to the equation of flow
for steady-state flow through a homogeneous, isotropic medium:

2 2 2

e g-ylz‘ + %o 2.70)

Equation (2.70) is one of the most basic partial differential equations known
to mathematicians. It is called Laplace’s equation. The solution of the equation is a
function A(x, y, z) that describes the value of the hydraulic head 4 at any point in a
three-dimensional flow field. A solution to Eq. (2.70) allows us to produce a con-
toured equipotential map of 4, and with the addition of flowlines, a flow net.

For steady-state, saturated flow in a two-dimensional flow field, say in the xz
plane, the central term of Eq. (2.70) would drop out and the solution would be a
function A(x, z).

Transient Saturated Flow

The law of conservation of mass for transient flow in a saturated porous medium
requires that the net rate of fluid mass flow into any elemental control volume be
equal to the time rate of change of fluid mass storage within the element. With
reference to Figure 2.24, the equation of continuity takes the form

3pv) _ Ipv)  dpv) _ d(pn) |
T Tox T dy 9z ot @71)
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or, expanding the right-hand side,

) _ 3pw) 3w 9p , ,0n
dx dy 0z dt dt

(2.72)

The first term on the right-hand side of Eq. (2.72) is the mass rate of water
produced by an expansion of the water under a change in its density p. The second
term is the mass rate of water produced by the compaction of the porous medium
as reflected by the change in its porosity #. The first term is controlled by the com-
pressibility of the fluid # and the second term by the compressibility of the aquifer
«. We have already carried out the analysis (in Section 2.10) that is necessary to
simplify the two terms on the right of Eq. (2.72). We know that the change in p
and the change in » are both produced by a change in hydraulic head A, and that the
volume of water produced by the two mechanisms for a unit decline in head is S|,
where S, is the specific storage given by S, = pg(a + nf). The mass rate of water
produced (time rate of change of fluid mass storage) is pS, dh/dt, and Eq. (2.72)
becomes

0(pvs) _ 9(pvy) _ H(pv) _ o R
— 9 Ty g = PSq; 273)

Expanding the terms on the left-hand side by the chain rule and recognizing that
terms of the form p dv,/d, are much greater than terms of the form v, dp/dx allows
us to eliminate p from both sides of Eq. (2.73). Inserting Darcy’s law, we obtain

;x (K" gi) E gV( ’ dy) + ddz (K'gg) - S‘g? @74

This is the equation of flow for transient flow through a saturated anisotropic
porous medium. If the medium is homogeneous and isotropic, Eq. (2.74) reduces to
0*h  0*h  9*h S, 0k

w Tar T T Kar @2.79)
or expanding S,

2 2 2
‘g‘;{; + gy}; ‘ gz}z ﬂg(“g‘ ”ﬁ)g_? (2.76)
Equation (2.76) is known as the diffusion equation. The solution A(x, y, z, ©)
describes the value of the hydraulic head at any point in a flow field at any time. A
solution requires knowledge of the three basic hydrogeological parameters, X, a,
and », and the fluid parameters, p and .
For the special case of a horizontal confined aquifer of thickness b, S = S.b
and T = Kb, and the two-dimensional form of Eq. (2.75) becomes

dh 02}2 S oh
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The solution A(x, y, t) describes the hydraulic head field at any point on a horizontal
plane through the horizontal aquifer at any time. Solution requires knowledge of
the aquifer parameters S and T.

The equation of flow for transient, saturated flow [in any of the forms given
by Egs. (2.74) through (2.77)] rests on the law of flow established by Darcy (1856),
on the clarification of the hydraulic potential by Hubbert (1940), and on the
recognition of the concepts of aquifer elasticity by Meinzer (1923), and effective
stress by Terzaghi (1925). The classical development was first put forward by
Jacob (1940) and can be found in its most complete form in Jacob (1950). The
development presented in this section, together with the storage concepts of the
earlier sections, is essentially that of Jacob.

In recent years there has been considerable reassessment of the classical devel-
opment. Biot (1955) recognized that in compacting aquifers it is necessary to cast
Darcy’s law in terms of a relative velocity of fluid to grains, and Cooper (1966)
pointed out the inconsistency of taking a fixed elemental control volume in a
deforming medium. Cooper showed that Jacob’s classical development is correct
if one views the velocity as relative and the coordinate system as deforming. He
also showed that De Wiest’s (1966) attempt to address this problem (which also
appears in Davis and De Wiest, 1966) is incorrect. Appendix II contains a more
rigorous presentation of the Jacob-Cooper development than has been attempted
here.

The classical development, through its use of the concept of vertical aquifer
compressibility, assumes that stresses and deformations in a compacting aquifer
occur only in the vertical direction. The approach couples a three-dimensional flow
field and a one-dimensional stress field. The more general approach, which couples
a three-dimensional flow field and a three-dimensional stress field, was first con-
sidered by Biot (1941, 1955). Verruijt (1969) provides an elegant summary of the
approach.

For almost all practical purposes it is not necessary to consider relative veloci-
ties, deforming coordinates, or three-dimensional stress fields. The classical equa-
tions of flow presented in this section are sufficient.

Transient Unsaturated Flow

Let us define the degree of saturation 8’ as 8’ = 8/n, where @ is the moisture con-
tent and # is the porosity. For flow in an elemental control volume that may be
only partially saturated, the equation of continuity must reveal the time rate of
change of moisture content as well as the time rate of change of storage due to
water expansion and aquifer compaction. The pn term in Eq. (2.71) must become
prf’, and Eq. (2.72) becomes

_0(py,)  Hpv) (pv.) _  4.0p  n0n a6
o g a Wty Ty QT
For unsaturated flow, the first two terms on the right-hand side of Eq. (2.78) are

much smaller than the third term. Discarding these two terms, canceling the p’s
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from both sides in the usual way, inserting the unsaturated form of Darcy’s law
[Eq. (2.41)], and recognizing that n d8’ = d@, leads to

F K] + (,y[K(w)dh} 32| K03

It is usual to put Eq. (2.79) into a form where the independent variable is either £
or y. For the latter case it is necessary to multiply the top and bottom of the right-
hand side by dy. Then, recalling the definition of the specific moisture capacity C
[Eq. (2.65)], and noting that £ = y + z, we obtain

S K]+ F K%+ Llxw)(E+1)]=cnd @30

‘99 2.79)

Equation (2.80) is the y-based equation of flow for transient flow through an
unsaturated porous medium. It is often called Richards equation, in honor of the
soil physicist who first developed it (Richards, 1931). The solution w(x, y, 2, t)
describes the pressure head field at any point in a flow field at any time. It can
easily be converted into an hydraulic head solution A(x, y, z, f) through the relation
h =y + z. Solution requires knowledge of the characteristic curves K(y) and
C(y) or O(y).

The coupling of the unsaturated flow equation [Eq. (2.80)] and the saturated
flow equation [Eq. (2.74)] has been attempted by Freeze (1971a) and by Narasimhan
(1973). Improvements in the theory underlying saturated-unsaturated systems must
await a better understanding of the principle of effective stress in the unsaturated
zone.

Boundary-Value Problems

A boundary-value problem is a mathematical model. The technique of analysis
inferred by this latter term is a four-step process, involving (1) examination of the
physical problem, (2) replacement of the physical problem by an equivelant
mathematical problem, (3) solution of the mathematical problem with the accepted
techniques of mathematics, and (4) interpretation of the mathematical results in
terms of the physical problem. Mathematical models based on the physics of flow
usually take the form of boundary-value problems of the type pioneered by the
developers of potential field theory and as applied in physics to such problems as
the conduction of heat in solids (Carslaw and Jaeger, 1959).

To fully define a transient boundary-value problem for subsurface flow, one
needs to know (1) the size and shape of the region of flow, (2) the equation of flow
within the region, (3) the boundary conditions around the boundaries of the region,
(4) the initial conditions in the region, (5) the spatial distribution of the hydro-
geologic parameters that control the flow, and (6) a mathematical method of solu-
tion. If the boundary-value problem is for a steady-state system, requirement (4)
is removed.

Consider the simple groundwater flow problem illustrated in Figure 2.25(a).
The region ABCD contains a homogeneous, isotropic porous medium of hydraulic
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Figure 2.25 Two steady-state boundary-value problems in the xy plane.

conductivity K. The boundaries 4B and CD are impermeable; the hydraulic heads
on AD and BC are h; and A, respectively. Assuming steady flow and setting

point E will be 50 m. Apparently, we made implicit use of properties (1), (3), and
(5) from the list above; our method of solution (6) was one of inspection. It is not
clear that we needed to know the equation of flow within the region. If we move to a
more difficult problem such as that shown in Figure 2.25(b) (an earthfill dam
resting on a sloping base), the value of the hydraulic head at point F does not come
so easily. Here we would have to invoke a mathematical method of solution, and it
would require that we know the equation of flow.

The methods of solution can be categorized roughly into five approaches: (1)
solution by inspection, (2) solution by graphical techniques, (3) solution by analog
model, (4) solution by analytical mathematical techniques, and (5) solution by
numerical mathematical techniques. We have just seen an example of solution by
inspection. The methods of flow-net construction presented in Chapter 5 can be
viewed as graphical solutions to boundary-value problems. Electrical analog
models are discussed in Sections 5.2 and 8.9. Numerical solutions are the basis of
modern computer simulation techniques as described in Sections 5.3 and §.8.

The most straightforward approach to the solution of boundary-value prob-
lems is that of analytical solutions. Many of the standard groundwater techniques
presented later in the text are based on analytical solutions, so it is pertinent to
examine a simple example. Consider, once again, the boundary-value problem of
Figure 2.25(a). The analytical solution is

h(x,y) = hy — (hy — hl)xiL (.81

This is the equation of a set of equipotential lines traversing the field ABCD
parallel to the boundaries 4D and BC. Since the equipotentials are parallel to the
y axis, A is not a function of y and y does not appear on the right-hand side of Eq.
(2.81). At point E, x/x, = 0.5, and if £, = 100 m and %, = O m as before, then
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hy from Eq. (2.81) is 50 m, as expected. In Appendix III, the separation-of-variables
technique is used to obtain the analytical solution Eq. (2.81), and it is shown that
the solution satisfies the equation of flow and the boundary conditions.

2.12 Limitations of the Darcian Approach

Darcy’s law provides an accurate description of the flow of groundwater in almost
all hydrogeological environments. In general, Darcy’s law holds (1) for saturated
flow and for unsaturated flow, (2) for steady-state flow and for transient flow, (3)
for flow in aquifers and for flow in aquitards, (4) for flow in homogeneous systems
and for flow in heterogeneous systems, (5) for flow in isotropic media and for flow
in anisotropic media, and (6) for flow in both rocks and granular media. In this
text, we will assume that Darcy’s law is a valid basis for our quantitative analyses.

Despite this soothing statement, or perhaps because of it, it is important that
we examine the theoretical and practical limitations of the Darcian approach. It is
necessary to look at the assumptions that underlie our definition of a continuum;
examine the concepts of microscopic and macroscopic flow; investigate the upper
and lower limits of Darcy’s law; and consider the particular problems associated
with flow in fractured rock.

Darcian Continuum and Representative
Elementary Volume

In Section 2.1, it was noted that the definition of Darcy’s law requires the replace-
ment of the actual ensemble of grains that make up a porous medium by a repre-
sentative continuum. It was further stated that this continuum approach is carried
out at a macroscopic rather than a microscopic scale. If Darcy’s law is a macro-
scopic law, there must be a lower limit to the size of an element of porous media
for which the law is valid. Hubbert (1940) has addressed this problem. He defined
the term macroscopic with the aid of Figure 2.26. This diagram is a hypothetical
plot of the porosity of a porous medium as it might be measured on samples of
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Figure 2.26 Microscopic and macroscopic domains and the representative
elementary volume V3 (after Hubbert, 1956 ; Bear, 1972).
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increasing volume V., V,, ..., taken at a point P within a porous medium. Bear
(1972) defines the volume V, in Figure 2.26 as the representative elementary volume.
He notes that it is a volume that must be larger than a single pore. In fact, it must
include a sufficient number of pores to permit the meaningful statistical average
required in the continuum approach. Below this volume there is no single value
that can represent the porosity at P. Throughout this text the values of porosity,
hydraulic conductivity, and compressibility refer to measurements that could be
carried out on a sample larger than the representative elementary volume. In a
more practical sense, they refer to values that can be measured on the usual sizes
of cored soil samples. Where the scale of analysis involves volumes, such as V5 in
Figure 2.26, that may encompass more than one stratum in heterogeneous media,
the scale is sometimes called megascopic.

The development of each of the equations of flow presented in Section 2.11
included the invocation of Darcy’s law. It must be recognized, then, that the
methods of analysis that are based on boundary-value problems involving these
equations apply on a macroscopic scale, at the level of the Darcian continuum.
There are some groundwater phenomena, such as the movement of a tracer
through a porous medium, that cannot be analyzed on this scale. It is therefore
necessary to examine the interrelationship that exists between the Darcy velocity
(or specific discharge) defined for the macroscopic Darcian continuum and the
microscopic velocities that exist in the liquid phase of the porous medium.

Specific Discharge, Macroscopic Velocity,
and Microscopic Velocity

Our development will be more rigorous if we first differentiate, as Bear (1972) has
done, between the volumetric porosity, n, which was defined in Section 2.5, and the
areal porosity, n,, which can be defined for any areal cross section through a unit
volume, as n, = A,/A;, where A4, is the area occupied by the voids and A4 is the
total area. As suggested by Figure 2.27(a), various cross sections within a given
unit volume may exhibit differing areal porosities n,, 7y, . . . . The volumetric
porosity, #, is an average of the various possible areal porosities, n,,.

£ Actual flow
paths in
pore spaces

Na,

Naz Average
linear flow
path

\Areo A

(a) (b)

Figure 2.27 Concepts of (a) areal porosity and (b) average linear velocity.
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For any cross section 4, the specific discharge, v, is defined from Eq. (2.1) as

-2

In that the volumetric flux Q is divided by the full cross-sectional area (voids and
solids alike), this velocity is identified as being pertinent to the macroscopic con-
tinuum approach. In actual fact, the flow passes through only that portion of the
cross-sectional area occupied by voids. For cross section A, we can define a velocity
%, == Q/n, A that represents the volumetric flux divided by the actual cross-sec-

tional area through which flow occurs. For the various sections 4,, 4,, .. . we can
define #,, 9,, . . . . If we denote their average by 7, then
5=2 _v _—Kdh (2.82)

nd_ n n ol

The velocity 4 is known under a variety of names. We will refer to it as the
average linear velocity. In that Q, n, and 4 are measurable macroscopic terms, so
is 4. It should be emphasized that # does not represent the average velocity of the
water particles traveling through the pore spaces. These true, microscopic velocities
are generally larger than 7, because the water particles must travel along irregular
paths that are longer than the linearized path represented by v. This is shown
schematically in Figure 2.27(b). The true, microscopic velocities that exist in the
pore channels are seldom of interest, which is indeed fortunate, for they are largely
indeterminate. For all the situations that will be considered in this text, the Darcy
velocity » and the average linear velocity ¢ will suffice.

As a basis for further explanation of 4, consider an experiment where a tracer
is used to determine how much time is required for the bulk mass of groundwater
to move a short but significant distance 4B along a flow path. 7 is then defined as
the ratio of travel distance to travel time, where the travel distance is defined as the
linear distance from A4 to B and the travel time is the time required for the tracer
to travel from A to B. In light of this conceptualization of 4, Nelson (1968) has
suggested a slightly different form of Eq. (2.82):

. Q0 _v
R R (2.83)

where € is an empirical constant dependent on the characteristics of the porous
medium. Data obtained in laboratory experiments by Ellis et al. (1968) using
relatively uniform sands indicate values of € in the range 0.98-1.18. Values of € for
nonuniform sands and for other materials do not exist at present. In studies of
groundwater tracers and groundwater contamination the almost universal unstated
assumption is that € = 1. For granular media this probably introduces little error.
In fractured media the assumption may have less validity.




Upper and Lower Limits of Darcy’s Law

Even if we limit ourselves to the consideration of specific discharge on a macro-
scopic scale through the Darcian continuum, there may be limitations on the
applicability of Darcy’s law. Darcy’s law is a linear law. If it were universally valid,
a plot of the specific discharge » versus the hydraulic gradient dh/dl would reveal a
straight-line relationship for all gradients between 0 and oo. For flow through
granular materials there are at least two situations where the validity of this linear
relationship is in question. The first concerns flow through low-permeability sedi-
ments under very low gradients and the second concerns large flows through very
high permeability sediments. In other words, there may be both a lower limit and
an upper limit to the range of validity of Darcy’s law. It has been suggested that a
more general form of the porous media flow law might be

v = —K (%1)"‘ (2.84)

If m = 1, as it does in all the common situations, the flow law is linear and is
called Darcy’s law; if m = 1, the flow law is not linear and should not be called
Darcy’s law.

For fine-grained materials of low permeability, it has been suggested on the
basis of laboratory evidence that there may be a threshold hydraulic gradient
below which flow does not take place. Swartzendruber (1962) and Bolt and Groene-
velt (1969) review the evidence and summarize the various hypotheses that have
been put forward to explain the phenomenon. As yet, there is no agreement on the
mechanism, and the experimental evidence is still open to some doubt. In any
event, the phenomenon is of very little practical importance; at the gradients being
considered as possible threshold gradients, flow rates will be exceedingly small in
any case.

Of greater practical importance is the upper limit on the range of validity of
Darcy’s law. It has been recognized and accepted for many years (Rose, 1945;
Hubbert, 1956) that at very high rates of flow, Darcy’s law breaks down. The
evidence is reviewed in detail by both Todd (1959) and Bear (1972). The upper
limit is usually identified with the aid of the Reynolds number R,, a dimensionless
number that expresses the ratio of inertial to viscous forces during flow. It is widely
used in fluid mechanics to distinguish between laminar flow at low velocities and
turbulent flow at high velocities. The Reynolds number for flow through porous
media is defined as

R, —Pvd 2.85
4 (2.85)
where g and u are the fluid density and viscosity, v the specific discharge, and d a

representative length dimension for the porous medium, variously taken as a mean
pore dimension, a mean grain diameter, or some function of the square root of the
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permeability k. Bear (1972) summarizes the experimental evidence with the state-
ment that “Darcy’s law is valid as long as the Reynolds number based on average
grain diameter does not exceed some value between 1 and 10” (p. 126). For this
range of Reynolds numbers, all flow through granular media is laminar,

Flow rates that exceed the upper limit of Darcy’s law are common in such
important rock formations as karstic limestones and dolomites, and cavernous
volcanics. Darcian flow rates are almost never exceeded in nonindurated rocks and
granular materials. Fractured rocks (and we will use this term to refer to rocks
rendered more permeable by joints, fissures, cracks, or partings of any genetic
origin) constitute a special case that deserves separate attention.

Flow in Fractured Rocks

The analysis of flow in fractured rocks can be carried out either with the continuum
approach that has been emphasized thus far in this text or with a noncontinuum
approach based on the hydraulics of flow in individual fractures. As with granular
porous media, the continuum approach involves the replacement of the fractured
media by a representative continuum in which spatially defined values of hydraulic
conductivity, porosity, and compressibility can be assigned. This approach is valid
as long as the fracture spacing is sufficiently dense that the fractured media acts in a
hydraulically similar fashion to granular porous media. The conceptualization is
the same, although the representative elementary volume is considerably larger for
fractured media than for granular media. If the fracture spacings are irregular in a
given direction, the media will exhibit trending heterogeneity. If the fracture
spacings are different in one direction than they are in another, the media will
exhibit anisotropy. Snow (1968, 1969) has shown that many fracture-flow problems
can be solved using standard porous-media techniques utilizing Darcy’s law and an
anisotropic conductivity tensor.

If the fracture density is extremely low, it may be necessary to analyze flow in
individual fissures. This approach has been used in geotechnical applications where
rock-mechanics analyses indicate that slopes or openings in rock may fail on the
basis of fluid pressures that build up on individual critical fractures. The methods
of analysis are based on the usual fluid mechanics principles embodied in the
Navier-Stokes equations. These methods will not be discussed here. Wittke (1973)
provides an introductory review.

Even if we limit ourselves to the continuum approach there are two further
problems that must be addressed in the analysis of flow through fractured rock.
The first is the question of non-Darcy flow in rock fractures of wide aperture.
Sharp and Maini (1972) present laboratory data that support a nonlinear flow law
for fractured rock. Wittke (1973) suggests that separate flow laws be specified for
the linear-laminar range (Darcy range), a nonlinear laminar range, and a turbulent
range. Figure 2.28 puts these concepts into the context of a schematic curve of
specific discharge vs. hydraulic gradient. In wide rock fractures, the specific dis-
charges and Reynolds numbers are high, the hydraulic gradients are usually less
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Figure 2.28 Range of validity of Darcy’s law.

than 1, and the exponent m in Eq. (2.84) is greater than 1. These conditions lead
to a downward deflection in the curve in Figure 2.28.

The second problem concerns the interaction of the three-dimensional stress
field and the three-dimensional fluid flow field in rock. The general theoretical
requirement for the coupling of these two fields was briefly discussed in Section
2.11, and reference was made there to the classic work of Biot (1941, 1955) for flow
through porous media. For fractured rock, however, there is a further complica-
tion. Because the porosity of fractured rock is so low, the expansions and contrac-
tions of the fracture apertures that occur under the influence of changes in stress
affect the values of hydraulic conductivity, K. The interaction between the fluid
pressure p(x, y, z, t), or the hydraulic head k(x, y, z, t), and the effective stress
o, (x, y, z, t} is thus complicated by the fact that K must be represented by a func-
tion, K(o,). The analysis of such systems, and the experimental determination of
the nature of the K(o,) function, is a continuing subject of research in the fields of
rock mechanics and groundwater hydrology.

Many researchers involved in the application of groundwater theory in rock
mechanics have proposed formulas that relate the fracture porosity n, and the
hydraulic conductivity K of jointed rocks to the joint geometry. Snow (1968)
notes that for a parallel array of planar joints of aperture, b, with N joints per
unit distance across the rock face, n, = Nb, and

<~ ()

ot

_ Nb®

k= T (2.87)
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where k is the permeability of the rock. N and b have dimensions 1/L and L,
respectively, so that k comes out in units of L2, as it should. Equation (2.86) is
based on the hydrodynamics of flow in a set of planar joints. It holds in the linear-
laminar range where Darcy’s law is valid. It must be applied to a block of rock of
sufficient size that the block acts as a Darcian continuum. A permeability %,
calculated with Eq. (2.87), can be considered as the permeability of an equiva-
lent porous medium; one that acts hydraulically like the fractured rock.

Snow (1968) states that a cubic system of like fractures creates an isotropic
system with a porosity n, = 3Nb and a permeability twice the permeability that
any one of its sets would contribute; that is, k = Nb?/6. Snow (1969) also provides
predictive interrelationships between porosity and the anisotropic permeability
tensor for three-dimensional joint geometries in which fracture spacings or aper-
tures differ with direction. Sharp and Maini (1972) provide further discussion of
the hydraulic properties of anisotropic jointed rock.

213 Hydrodynamic Dispersion

It is becoming increasingly common in the investigation of groundwater flow sys-
tems to view the flow regime in terms of its ability to transport dissolved substances
known as solutes. These solutes may be natural constituents, artificial tracers, or
contaminants. The process by which solutes are transported by the bulk motion of
the flowing groundwater is known as advection. Owing to advection, nonreactive
solutes are carried at an average rate equal to the average linear velocity, 7, of the
water. There is a tendency, however, for the solute to spread out from the path
that it would be expected to follow according to the advective hydraulics of the
flow system. This spreading phenomenon is called hydrodyrnamic dispersion. It
causes dilution of the solute. It occurs because of mechanical mixing during fluid
advection and because of molecular diffusion due to the thermal-kinetic energy of
the solute particles. Diffusion, which is a dispersion process of importance only at
low velocities, is described in Section 3.4. Emphasis in the present discussion is on
dispersion that is caused entirely by the motion of the fluid. This is known as
mechanical dispersion (or hydraulic dispersion). Figure 2.29 shows a schematic
example of the results of this dispersive process in a homogeneous, granular
medium.

Mechanical dispersion is most easily viewed as a microscopic process. On the
microscopic scale, dispersion is caused by three mechanisms (Figure 2.30). The
first occurs in individual pore channels because molecules travel at different veloci-
ties at different points across the channel due to the drag exerted on the fluid by
the roughness of the pore surfaces. The second process is caused by the difference
in pore sizes along the flow paths followed by the water molecules. Because of
differences in surface area and roughness relative to the volume of water in indi-
vidual pore channels, different pore channels have different bulk fluid velocities.




76 Physical Properties and Principles | Ch. 2

Continuous injection —
- of tracer
—_—
—_—
Direction _ s
of . g
average ——s

flow —

_

Figure 2,29 Schematic representation of the dilution process caused by
mechanical dispersion in granular porous media.

Mixing by molecular
diffusion

Mixing in individual pares
Mixing of pore channels

Figure 2.30 Processes of dispersion on a microscopic scale.

The third dispersive process is related to the tortuosity, branching, and inter-
fingering of pore channels. The spreading of the solute in the direction of bulk flow
is known as longitudinal dispersion. Spreading in directions perpendicular to the
flow is called transverse dispersion. Longitudinal dispersion is normally much
stronger than lateral dispersion.

Dispersion is a mixing process. Qualitatively, it has a similar effect to turbu-
lence in surface-water regimes. For porous media, the concepts of average linear
velocity and longitudinal dispersion are closely related. Longitudinal disper-
sion is the process whereby some of the water molecules and solute molecules
travel more rapidly than the average linear velocity and some travel more slowly.
The solute therefore spreads out in the direction of fiow and declines in con-
centration.

When a tracer experiment is set up in the laboratory, the only dispersion that
can be measured is that which is observable at the macroscopic scale. It is assumed
that this macroscopic result has been produced by the microscopic processes
described above. Some investigators believe that heterogeneities on the macroscopic
scale can cause additional dispersion to that caused by the microscopic processes.
The concept of macroscopic dispersion is still not well understood. Dispersive
processes are pursued further in Chapter 9.
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Problems

De Wiest. Academic Press, New York, pp. 331-376.

1. The following field notes were taken at a nest of piezometers installed side by

side at a single site:

Piezometer a b c

Elevation at surface (m a.s.L.) 450 450 450
Depth of piezometer (m) 150 100 50
Depth to water (m) 27 47 36

Let 4, B, and C refer to the points of measurement of piezometers a, b, and c.

Calculate:

(a) The hydraulic head at 4, B, and C (m).

(b) The pressure head at 4, B, and C (m).

(c) The elevation head at 4, B, and C (m).

(d) The fluid pressure at B (N/m?).

(e) The hydraulic gradients between 4 and B and between B and C. Can you
conceive of a hydrogeological situation that would lead to the directions
of flow indicated by these data?

Draw diagrams of two realistic field situations in which three piezometers
installed side by side, but bottoming at different depths, would have the same
water-level elevation.

3. Three piezometers located 1000 m apart bottom in the same horizontal aquifer.
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Piezometer A4 is due south of piezometer B and piezometer C is to the east of
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the line AB. The surface elevations of 4, B, and C are 95, 110, and 135 m,
respectively. The depth to water in 4 is 5m, in B is 30 m, and in C is 35 m.
Determine the direction of groundwater flow through the triangle ABC and
calculate the hydraulic gradient.

. Show that the fluid potential ® is an energy term, by carrying out a dimensional

analysis on the equation @ = gz + p/p. Do so for both the SI system of units
and the FPS system of units.

. Three formations, each 25 m thick, overlie one another. If a constant-velocity

vertical flow field is set up across the set of formations with A = 120 m at the
top and 4 = 100 m at the bottom, calculate 4 at the two internal boundaries.
The hydraulic conductivity of the top formation is 0.0001 m/s, the middle
formation 0.0005 m/s, and the bottom formation 0.0010 m/s.

. A geologic formation has a permeability of 0.1 darcy (as determined by a

petroleum company for the flow of oil). What is the hydraulic conductivity of
the formation for the flow of water? Give your answer in m/s and in
gal/day/ft2. What kind of rock would this hkely be?

. (a) Four horizontal, homogeneous, isotropic geologic formations, each 5m

thick, overlie one another. If the hydraulic conductivities are 10-4, 10-¢,
10~4, and 1075 m/s, respectively, calculate the horizontal and vertical com-
ponents of hydraulic conductivity for the equivalent homogeneous-but-
anisotropic formation.

(b) Repeat for hydraulic conductivities of 10-#, 10-8, 10~#, and 10~* m/s, and
for hydraulic conductivities of 10~4, 10-1°, 10~¢, and 10-1°m/s. Put the
results of the three sets of calculations in a table relating orders of magni-
tude of layered heterogeneity to resulting equivalent anisotropy.

(a) From the volumetric definitions of porosity and void ratio, develop the
relationships given in Eq. (2.40).

(b) Is the porosity ever greater than the void ratio when both are measured on
the same soil sample?

. The elevation of the ground surface at a soil-moisture measurement site is

300 cm. The soil is a sand and its unsaturated properties are represented by
the drying curves of Figure 2.13. Draw a quantitatively accurate set of vertical
profiles of moisture content, pressure head, and hydraulic head versus depth
(as in Figure 2.12) for a 200-cm depth under the following conditions:

(a) The moisture content is 20 % throughout the profile.

(b) The pressure head is —50 cm throughout the profile.

(¢) The hydraulic head is 150 cm throughout the profile (static case).

For cases (a) and (b), calculate the hydraulic gradients and the rates of flow
through the profile. For case (c), determine the depth to the water table.

Given a potentiometric surface with a regional slope of 7 m/km, calculate
the natural rate of groundwater discharge through a confined aquifer with
transmissivity, 7 = 0.002 m?/s.
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Show by dimensional analysis on the equation S = pgh(a + nf) that the
storativity is dimensionless.

(a) A horizontal aquifer is overlain by 50 ft of saturated clay. The specific
weight (or unit dry weight) of the clay is 1201b/{t?. The specific weight of
water is 62.41b/ft?. Calculate the total stress acting on the top of the
aquifer.

(b) If the pressure head in the aquifer is 100 ft, calculate the effective stress
in the aquifer.

(c¢) If the aquifer is pumped and the hydraulic head at some point is reduced
10 ft, what will be the resulting changes in the pressure head, the fluid
pressure, the effective stress, and the total stress?

(d) If the compressibility of the aquifer is 10~¢ ft2/1b and its thickness is 25 ft,
how much compaction will the aquifer undergo during the head reduction
in part (c)?

(e) If the porosity and hydraulic conductivity of the aquifer are 0.30 and
10 gal/day/ft?, calculate the transmissivity and storativity for the aquifer.
The compressibility of water is 2.1 X 108 ft2/1b,

Review the problems that arise in the definition or use of the following classical
groundwater terms: potentiometric surface, permeability, and groundwater
flow velocity.







The chemical and biochemical constituents in groundwater determine its useful-
ness for industry, agriculture, and the home. Dissolved constituents in the water
provide clues on its geologic history, its influence on the soil or rock masses through
which it has passed, the presence of hidden ore deposits, and its mode of origin
within the hydrologic cycle. Chemical processes in the groundwater zone can
influence the strength of geologic materials, and in situations where they are not
recognized, can cause failure of artificial slopes, dams, mining excavations, and
other features of importance to man. It is becoming increasingly common for
industrial, agricultural, and domestic wastes to be stored or disposed on or beneath
the land surface. This can be a safe or hazardous practice, the consequences of
which depend greatly on the chemical and microbiological processes in the ground-
water zone. In the study of landscape evolution the assumption is commonly made
that the physical processes of mechanical erosion, thermal expansion and contrac-
tion, frost action, and slope movements are the dominant influences, but on closer
examination it is often found that chemical processes in the groundwater zone are
the controlling influences.

The purpose of this chapter is to describe the geochemical properties and
principles that control the behavior of dissolved constituents in the groundwater
environment. A more comprehensive coverage of the study and interpretation of
the chemical characteristics of natural water is provided by Hem (1970) and by
Stumm and Morgan (1970). Most of the geochemical principles described in this
chapter are based on equilibrium concepts. Examples described in Chapter 7
indicate that many hydrochemical processes in the groundwater zone proceed
slowly toward chemical equilibrium and some rarely achieve equilibrium. At times,
the reader may doubt the usefulness of equilibrium approaches. Equilibrium con-
cepts or models have great value, however, because of their capability for establish-
ing boundary conditions on chemical processes. Differences between observed
hydrochemical conditions and computed equilibrium conditions can provide
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insight into the behavior of the system and at a minimum can provide a quantitative
framework within which appropriate questions can be posed.

3.1 Groundwater and lts Chemical Constituents

Water and Electrolytes

Water is formed by the union of two hydrogen atoms with one oxygen atom. The
oxygen atom is bonded to the hydrogen atoms unsymmetrically, with a bond
angle of 105°. This unsymmetrical arrangement gives rise to an unbalanced elec-
trical charge that imparts a polar characteristic to the molecule. Water in the liquid
state, although given the formula H,O or HOH, is composed of molecular groups
with the HOH molecules in each group held together by hydrogen bonding. Each
group or molecular cluster is estimated to have an average of 130 molecules at
0°C, 90 molecules at 20°C, and 60 molecules at 72°C (Choppin, 1965). H,,0,, is
an approximate formula for the cluster at 20°C.

Water is unusual in that the density of the solid phase, ice, is substantially
lower than the density of the liquid phase, water. In the liquid phase the maximum
density is achieved at 4°C. With further cooling below this temperature there is a
significant density decrease.

All chemical elements have two or more isotopes. In this book, however, we
will be concerned only with the isotopes that provide useful hydrological or
geochemical information. The formula H,O is a gross simplification from the
structural viewpoint and is also a simplification from the atomic viewpoint. Natural
water can be a mixture of the six nuclides listed in Table 3.1. The atomic nature of
the hydrogen isotopes is illustrated in Figure 3.1. Eighteen combinations of
H—O—H are possible using these nuclides. 2H,!¢0O, 'H,!20, *H,!70 are some
examples of the molecules that comprise water, which in its most common form is
TH,1¢0. Of the six isotopes of hydrogen and oxygen in Table 3.1, five are stable
and one, *H, known as tritium, is radioactive, with a half-life of 12.3 years.

Table 3.1 Natural Isotopes of Hydrogen, Oxygen, and
Radioactive Carbon and Their Relative
Abundance in Water of the Hydrologic Cycle

Relative abundance

Isotope (%) Type

1H proteum 99.984 Stable

2H deuterium 0.016 Stable

3H tritium 0-10-15 Radioactive

half-life 12.3 years

160  oxygen 99.76 Stable
170 oxygen 0.04 Stable
1830 oxygen 0.20 Stable
14C  carbon <0.001 Radioactive

half-life 5730 years
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Figure 3.1 Isotopes of hydrogen.

Pure water contains hydrogen and oxygen in ionic form as well as in the com-
bined molecular form. The ions are formed by the dissociation of water,

H,0 —= H* + OH~ (3.1)

where the plus and minus signs indicate the charge on the ionic species. Hydrogen
can occur in vastly different forms, as illustrated in Figure 3.2. Although the ionic
form of hydrogen in water is usually expressed in chemical equations as H*, it is
normally in the form H,O*, which denotes a hydrogen core surrounded by oxygen
with four electron-cloud pairs. In discussions of groundwater mineral interactions,
a process known as proton transfer denotes the transfer of an H* between com-
ponents or phases.

O <> - OO
H Ho H* Hz0*
{a) (b) (c) (d)

Figure 3.2 Four forms of hydrogen drawn to relative scale. (a) The
hydrogen atom, a proton with one electron. (b) The hydrogen
molecule, two separated protons in a cloud of two electrons.
(c) The hydrogen core, or H*, a proton. (d) The hydronium
ion, oxygen with four electron cloud pairs, three of which are
protonated in H30%.

Water is a solvent for many salts and some types of organic matter. Water is
effective in dissolving salts because it has a very high dielectric constant and
because its molecules tend to combine with ions to form hydrated ions. The thermal
agitation of ions in many materials is great enough to overcome the relatively weak
charge attraction that exists when surrounded by water, thus allowing large num-
bers of ions to dissociate into aqueous solution. Stability of the ions in the aqueous
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solution is promoted by the formation of hydrated ions. Each positively charged
ion, known as a cation, attracts the negative ends of the polar water molecules and
binds several molecules in a relatively stable arrangement. The number of water
molecules attached to a cation is determined by the size of the cation. For example,
the small cation Be?* forms the hydrated ion Be(H,0),**. Larger ions, such as
Mg?* or Al** have hydrated forms such as Mg(H,0)¢** and Al(H,0),**. Negatively
charged species, known as anions, exhibit a much weaker tendency for hydration.
In this case the anions attract the positive ends of the polar water molecules. The
sizes of the ions in their hydrated form are important with respect to many pro-
cesses that occur in the groundwater environment.

As a result of chemical and biochemical interactions between groundwater
and the geological materials through which it flows, and to a lesser extent because
of contributions from the atmosphere and surface-water bodies, groundwater con-
tains a wide variety of dissolved inorganic chemical constituents in various concen-
trations. The concentration of total dissolved solids (TDS) in groundwater is
determined by weighing the solid residue obtained by evaporating a measured
volume of filtered sample to dryness. The solid residue almost invariably consists
of inorganic constituents and very small amounts of organic matter. The TDS con-
centrations in groundwater vary over many orders of magnitude. A simple but
widely used scheme for categorizing groundwater based on TDS is presented in
Table 3.2. To put the concentration ranges in perspective, it may be useful to note
that water containing more than 2000-3000 mg/¢ TDS is generally too salty to
drink. The TDS of seawater is approximately 35,000 mg/¢.

Table 3.2 Simple Groundwater Classification
Based on Total Dissolved Solids

Total dissolved

solids
Category (mg/¢ or g/m3)
Fresh water 0-1000
Brackish water 1000-10,000
Saline water 10,000-100,000
Brine water More than 100,000

Groundwater can be viewed as an electrolyte solution because nearly all its
major and minor dissolved constituents are present in ionic form. A general
indication of the total dissolved ionic constituents can be obtained by determining
the capability of the water to conduct an applied electrical current. This property
is usually reported as electrical conductance and is expressed in terms of the con-
ductance of a cube of water 1 cm? on a side. It is the reciprocal of electrical resis-
tance and has units known as siemens (S) or microsiemens (xS) in the SI system.
In the past these units have been known as millimhos and micromhos. The values
are the same; only the designations have changed. The conductance of groundwater
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ranges from several tens of microsiemens for water nearly as nonsaline as rain-
water to hundreds of thousands of microsiemens for brines in deep sedimentary
basins.

A classification of the inorganic species that occur in groundwater is shown in
Table 3.3. The concentration categories are only a general guide. In some ground-
waters, the concentration ranges are exceeded. The major constituents in Table
3.3 occur mainly in ionic form and are commonly referred to as the major ions
(Na*, Mg?**, Ca?*, Cl, HCOj3, SO,*"). The total concentration of these six major
ions normally comprises more than 909 of the total dissolved solids in the water,
regardless of whether the water is dilute or has salinity greater than seawater. The

Table 3.3 Classification of Dissolved lnorganic
Constituents in Groundwater

Major constituents (greater than 5 mg/¢)

Bicarbonate Silicon
Calcium Sodium
Chloride Sulfate
Magnesinm Carbonic acid

Minor constituents (0.01~10.0 mg/¢)
Boron Nitrate
Carbonate Potassium
Fluoride Strontium
Iron

Trace constituents (less than 0.1 mg/¢)
Aluminum Molybdenum
Antimony Nickel
Arsenic Niobium
Barium Phosphate
Beryllium Platinum
Bismuth Radium
Bromide Rubidium
Cadmium Ruthenium
Cerium Scandium
Cesium Selenium
Chromium Silver
Cobalt Thallium
Copper Thorium
Gallium Tin
Germanium Titanium
Gold Tungsten
Indium Uranium
Iodide Vanadium
Lanthanum Ytterbium
Lead Yttrium
Lithium Zinc
Manganese Zirconium

SOURCE: Davis and De Wiest, 1966.
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concentrations of the major, minor, and trace inorganic constituents in ground-
water are controlled by the availability of the elements in the soil and rock through
which the water has passed, by geochemical constraints such as solubility and
adsorption, by the rates (kinetics) of geochemical processes, and by the sequence
in which the water has come into contact with the various minerals occurring in
the geologic materials along the flow paths. It is becoming increasingly common for
the concentrations of the dissolved inorganic constituents to be influenced by
man’s activities. In some cases contributions from man-made sources can cause
some of the elements listed as minor or trace constituents in Table 3.3 to occur as
contaminants at concentration levels that are orders of magnitude above the normal
ranges indicated in this table.

Organic Constituents

Organic compounds are those that have carbon and usually hydrogen and oxygen
as the main elemental components in their structural framework. By definition,
carbon is the key element. The species H,CO;, CO,, HCOg7, and CO;*, which are
important constituents in all groundwater, however, are not classified as organic
compounds.

Dissolved organic matter is ubiquitous in natural groundwater, although the
concentrations are generally low compared to the inorganic constituents. Little is
known about the chemical nature of organic matter in groundwater. Investigations
of soil water suggest that most dissolved organic matter in subsurface flow systems
is fulvic and humic acid. These terms refer to particular types of organic com-
pounds that persist in subsurface waters because they are resistant to degradation
by microorganisms. The molecular weights of these compounds range from a few
thousand to many thousand grams. Carbon is commonly about halif of the formula
weight. Although little is known about the origin and composition of organic
matter in groundwater, analyses of the total concentrations of dissolved organic
carbon (DOC) are becoming a common part of groundwater investigations, Con-
centrations in the range 0.1-10 mg/¢ are most common, but in some areas values
are as high as several tens of milligrams per liter.

Dissolved Gases

The most abundant dissolved gases in groundwater are N,, O,, CO,, CH,
(methane), H,S, and N,O. The first three make up the earth’s atmosphere and it is,
therefore, not surprising that they occur in subsurface water. CH,, H,S, and N,O
can often exist in groundwater in significant concentrations because they are the
product of biogeochemical processes that occur in nonaerated subsurface zones.
As will be shown later in this chapter and in Chapter 7, the concentrations of
these gases can serve as indicators of geochemical conditions in groundwater.

Dissolved gases can have a significant influence on the subsurface hydro-
chemical environment. They can limit the usefulness of groundwater and, in some
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cases, can even cause major problems or even hazards. For example, because of its
odor, H,S at concentrations greater than about 1 mg/f renders water unfit for
human consumption. CH, bubbling out of solution can accumulate in wells or
buildings and cause explosion hazards. Gases coming out of solution can form
bubbles in wells, screens, or pumps, causing a reduction in well productivity or
efficiency. Radon 222 (222Rn), which is a common constituent of groundwater
because it is a decay product of radioactive uranium and thorium, which are com-
mon in rock or soil, can accumulate to undesirable concentrations in unventilated
basements. Decay products of radon 222 can be hazardous to human health.

Other species of dissolved gases, which occur in groundwater in minute
amounts, can provide information on water sources, ages, or other factors of
hydrologic or geochemical interest. Noteworthy in this regard are Ar, He, Kr, Ne,
and Xe, for which uses in groundwater studies have been described by Sugisaki
(1959, 1961) and Mazor (1972).

Concentration Units

To have a meaningful discussion of the chemical aspects of groundwater, the rela-
tive amounts of solute (the dissolved inorganic or organic constituents) and the
solvent (the water) must be specified. This is accomplished by means of concentra-
tions units. Various types of concentration units are in use.

Molalzty is defined as the number of moles of solute dissolved in a 1-kg mass

of 5ﬁ¥u¥i’6ﬂ This is an SI unit with the symbol mol/kg. The derived SI symbol for
this quantity is m,, where B denotes the solute. 4 is normally used to designate the
solvent. One mole of a compound is the equivalent of one molecular weight.

Molarity is the number of moles of solute in 1 m? of solution. The SI unit for
molarity is designated as mol/m?. It is useful to note that 1 mol/m?® equals 1
mmol/€. Moles per liter, with the symbol mol/¢, is a permitted unit for molarity
in the SI system and is commonly used in groundwater studies.

Mass concentration is the mass of solute dissolved in a specified unit volume
of solution. The SI unit for this quantity is kilograms per cubic meter, with the
symbol kg/m?3. Grams per liter (g/f) is a permitted SI unit. The most common
mass concentration unit reported in the groundwater literature is milligrams per
liter (mg/£). Since 1 mg/€ equals 1 g/m?, there is no difference in the magnitude
of this unit (mg/f) and the permitted SI concentration unit (g/m?3).

There are many other non-SI concentration units that commonly appear in
the groundwater literature. Equivalents per liter (epf) is the number of moles of
solute, multiplied by the valence of the solute species, in 1 liter of solution:

moles of solute X valence
liter of solution

epf =

Eguivalents per million (epm) is the number of moles of solute multiplied by the
valence of the solute species, in 10¢ g of solution, or this can be stated as the num-
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ber of miligram equivalents of solute per kilogram of solution:

moles of solute X valence

epm = 10¢ g of solution

Parts per million (ppm) is the number of grams of solute per million grams of
solution

grams of solute
10¢ g of solution

ppm =

For nonsaline waters, 1 ppm equals 1 g/m? or 1 mg/f. Mole fraction (X3) is the
ratio of the number of moles of a given solute species to the total number of moles
of all components in the solution. If n, is moles of solute, #, is moles of solvent,
and ng, np, - . . denote moles of other solutes, the mole fraction of solute B is

Xp = L
nA+nB+nc+nD+"'

or Xj for aqueous solutions can be expressed as

Xp

55.5 + 2 mE’C'D' "

where m denotes molality.

In procedures of chemical analysis, quantities are most conveniently obtained
by use of volumetric glassware. Concentrations are therefore usually expressed in
the laboratory in terms of solute mass in a given volume of water. Most chemical
laboratories report analytical results in milligrams per liter or, in SI units, as
kilograms per cubic meter. When the results of chemical analyses are used in a
geochemical context, it is usually necessary to use data expressed in molality or
molarity, since elements combine to form compounds according to relations
between moles rather than mass or weight amounts. To convert between molarity
and kilograms per cubic meter or milligrams per liter, the following relation is
used:

... milligrams per liter or grams per cubic meter
molarity = 1000 X formula weight

If the water does not have large concentrations of total dissolved solids and if the
temperature is close to 4°C, 1 ¢ of solution weighs 1 kg, in which case molality
and molarity are equivalent and 1 mg/{ == 1 ppm. For most practical purposes,
water with less than about 10,000 mg/¢ total dissolved solids and at temperatures
below about 100°C can be considered to have a density close enough to 1kg/¢
for the unit equivalents above to be used. If the water has higher salinity or
temperature, density corrections should be used when converting between units
with mass and volume denominators.




3.2 Chemical Equilibrium

The Law of Mass Action

One of the most useful relations in the analysis of chemical processes in ground-
water is the law of mass action. It has been known for more than a century that the
driving force of a chemical reaction is related to the concentrations of the con-
stituents that are reacting and the concentrations of the products of the reaction.
Consider the constituents B and C reacting to produce the products D and E,

bB + ¢C == dD + ¢E (3.2)

where b, ¢, d, and e are the number of moles of the chemical constituents B, C, D,
E, respectively.
The law of mass action expresses the relation between the reactants and the
products when the reaction is at equilibrium,
d| e
K = [DIE] (.3)

-~ [BPICT

where K is a coefficient known as the thermodynamic equilibrium constant or the
stability constant. The brackets specify that the concentration of the constituent is
the thermodynamically effective concentration, usually referred to as the activity.
Equation (3.3) indicates that for any initial condition, the reaction expressed in
Eq. (3.2) will proceed until the reactants and products attain their equilibrium
activities. Depending on the initial activities, the reaction may have to proceed to
the left or to the right to achieve this equilibrium condition.

The law of mass action contains no parameters that express the rate at which
the reaction proceeds, and therefore tells us nothing about the kinetics of the
chemical process. It is strictly an equilibrium statement. For example, consider
the reaction that occurs when groundwater flows through a limestone aquifer com-
posed of the mineral calcite (CaCO,). The reaction that describes the thermody-
namic equilibrium of calcite is

CaCO, == Ca?* + CO,2" (3.4)

This reaction will proceed to the right (mineral dissolution) or to the left (mineral
precipitation) until the mass-action equilibrium is achieved. It may take years or
even thousands of years for equilibrium to be achieved. After a disturbance in the
system, such as an addition of reactants or removal of products, the system will
continue to proceed toward the equilibrium condition. If the temperature or pres-
sure changes, the system will proceed toward a new equilibrium because the
magnitude of K changes. If disturbances are frequent compared to the reaction
rate, equilibrium will never be achieved. As we will see in Chapter 7, some chemical
interactions between groundwater and its host materials never do attain equilib-
rium.

89




Activity Coefficients

In the law of mass action, solute concentrations are expressed as activities. Activity
and molality are related by

a; = my,; (3.5)

where q; is the activity of solute species #, m, the molality, and y; the activity coeffi-
cient. y carries the dimensions of reciprocal molality (kg/mol), and g, is therefore
dimensionless. Except for waters with extremely high salt concentrations, y; is less
than 1 for ionic species. In the previous section, activity was referred to as the
thermodynamically effective concentration, because it is conceptually convenient
to consider it to be that portion of m; that actually participates in the reaction. The
activity coefficient is therefore just an adjustment factor that can be used to convert
concentrations into the form suitable for use in most thermodynamically based
equatjons.

The activity coefficient of a given solute is the same in all solutions of the same
ionic strength. Ionic strength is defined by the relation

=4 Y mz? (3.6)

where m; is the molality of species i, and z, is the valence, or charge, that the ion
carries. For groundwater, in which the six common major ions are the only ionic
constituents that exist in significant concentration,

I = }[(Na*) + 4(Mg?*) + 4(Ca®") + (HCOj3) +- (CI") + 4(80,*7)]  (3.7)

where the quantities in parentheses are molalities. To obtain values for y; the
graphical relations of y versus / shown in Figure 3.3 can be used for the common
inorganic constituents, or at dilute concentrations a relation known as the Debye-
Hiickel equation can be used (Appendix IV). At ionic strengths below about 0.1,
the activity coefficients for many of the less common ions can be estimated from
the Kielland table, which is also included in Appendix IV. For a discussion of the
theoretical basis for activity coefficient relations, the reader is referred to Babcock
(1963). Comparison between experimental and calculated values of activity coeffi-
cients are made by Guenther (1968).

Equilibrium and Free Energy
From a thermodynamic viewpoint the equilibrium state is a state of maximum
stability toward which a closed physicochemical system proceeds by irreversible
processes (Stumm-and Morgan, 1970). The concepts of stability and instability for
a simple mechanical system serve as an illustrative step toward development of the
thermodynamic concept of equilibrium. Similar examples have been used by Gug-
genheim (1949) and others. Consider three different “equilibrium” positions of a
rectangular box on a horizontal surface [Figure 3.4(a)]. Position 3 is the most
stable position that the box can achieve. In this position the gravitational potential
energy is at a minimum, and if the position is slightly disturbed, it will return to
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Figure 3.3 Activity coefficient versus ionic strength relations for common
ionic constituents in groundwater.

the condition of stable equilibrium. In position 1, the box is also in an equilibrium
position to which it will return if only slightly disturbed. But in this position the
potential energy is not a minimum, so it is referred to as a condition of metastable
equilibrium. If the box in position 2 is disturbed only slightly, the box will move to a
new position. Position 2 is therefore a condition of unstable equilibrium.

An analogy between the mechanical system and the thermodynamic system is
illustrated in Figure 3.4(b). Following the development by Stumm and Morgan
(1970), a hypothetical, generalized energy or entropy profile is shown as a function
of the state of the system. The conditions of stable, metastable, and unstable
equilibrium are represented by troughs and peaks on the energy or entropy func-
tion. If the chemical system exists in closed conditions under constant temperature
and pressure, its response to change can be described in terms of a particular energy
function known as the Gibbs free energy, named after Willard Gibbs, the founder
of classical thermodynamics. This direction of possible change in response to
change in a composition variable is that accompanied by a decrease in Gibbs free
energy. State C is the most stable state because it has an absolute minimum Gibbs
free energy under closed-system conditions at constant temperature and pressure.
State A is stable with respect to infinitesimally near states of the system, but is
unstable with respect to a finite change toward state C. Natural processes proceed
toward equilibrium states and never away from them. Therefore, thermodynamic
equilibrium is found in metastable and stable conditions of equilibrium but not in
unstable equilibrium.
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Figure 3.4 Cancepts in mechanical and chemicail equilibrium. (a) Metasta-

ble, unstable, and stable equilibrium in a mechanical system.
(b) Metastability, instability, and stability for different energetic
states of a thermodynamic system (after Stumm and Morgan,

1970).

The driving force in a chemical reaction is commonly represented by the Gibbs

free energy of reaction denoted as AG.,. For systems at constant temperature and
pressure, AG, represents the change in internal energy per unit mass and is a
measure of the reaction’s capability to do nonmechanical work. Since in this text
our objective in the use of thermodynamic data focuses on determining the direc-
tions in which reactions will proceed and on obtaining numerical values for equilib-
rium constants, there is little need to directly consider the thermodynamic
components that make up AG,. For a development of the theory of chemical
thermodynamics, the reader is referred to the text by Denbigh (1966), and the
comprehensive discussion of the thermodynamics of soil systems by Babcock

(1963).
The condition of chemical equilibrium can be defined as

3 free-energy: products — Y free-energy: reactants = 0

(3.8)
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The next step in this development is to relate free-energy changes of reactions to
their equilibrium constants. To do this,a convenient free-energy accounting system
is needed. The standard free energy of formation, AGY, is defined as the free energy
of the reaction to produce 1 mol of a substance from the stable elements under
conditions that are specified as standard-state conditions. The standard free energy
of elements in their most stable pure chemical state is assigned a value of zero by
convention. Similarly, it is convenient to take as zero the AGY of hydrogen ion.
For example, carbon as graphite and oxygen as O, have AG% values of zero, but 1
mol of gaseous carbon dioxide has a AGY value of —386.41 kJ (—92.31 kcal),
which is the energy released when CO, forms from the stable elements in their
standard state. The standard state of pure water is defined as unity at the tempera-
ture and pressure of the reaction, and for solutes the standard state is a unimolal
concentration in a hypothetical condition where the activity coefficient is unity, or,
in other words, in a condition where the activity equals the molality. For gas, the
standard state is pure (ideal) gas at 1 bar total pressure at the temperature of the
reaction. This system of arbitrarily defined standard states may at first seem
unnecessarily complex, but in practice it leads to a tidy consistent system of book-
keeping. A more detailed discussion of standard states is provided by Berner
(1971).

The standard free-energy change of reaction, AGS, is the sum of the free energies
of formation of the products in their standard states minus the free energies of
formation of the reactants in their standard states:

AG? = 3 AGY products — 3 AGY reactants 3.9

For the general reaction in Eq. (3.2), the change in free energy of the reaction is
related to the standard free-energy change and to the activities of each of the reac-
tants and products, measured at the same temperature, by the expression

— AGO [DY[E]

AG, = AG! + RTIn [BFICT (3.10)
where R is the universal gas constant and 7T is temperature in degrees Kelvin. At
25°C, R = 8.314 J/K.mol or 0.001987 kcal/K -mol. Conversion of temperatures
on the Celsius scale to those on the Kelvin scale is made through the relation
K = °C + 273.15. For a chemical reaction to proceed spontaneously as written,
AG, must be less than zero, or, in other words, there must be a net decrease in free
energy. If AG, > O, the reaction can only proceed from right to left. If AG, = O,
the reaction will not proceed in either direction, in which case the equilibrium
condition has been achieved. In accordance with our definition of the standard
state for solutes (unimolal conditions where y = 1), AG? = AG, in the standard
state because [DI[E]¢/[BP[C} = 1, and hence the natural logarithm of this term
is zero. Substitution of the equilibrium constant relation [Eq. (3.3)] into Eq. (3.10)
yields, for equilibrium conditions,

AG? = —RTIn K 3.1
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For standard-state conditions, the equilibrium constant can be obtained from
free-energy data by means of the relations

log K = —0.175AG! (for AG? in kJ/mol)
log K = —0.733AG? (for AG? in kcal/mol) (3.12)

where AGS can be obtained from Eq. (3.9) using AG? data. Values for AGS at 25°C
and 1 bar have been tabulated for thousands of minerals, gases, and aqueous
species that occur in geologic systems (Rossini et al., 1952; Sillen and Martell,
1964, 1971). Less comprehensive tables that are convenient for student use are
included in the texts by Garrels and Christ (1965), Krauskopf (1967), and Berner
(1971).

Compared to the abundance of AG% data for conditions of 25°C and 1 bar
total pressure, there is a paucity of data for other temperatures and pressures.
Pressure has only a slight effect on AG¢ values and consequently has little influence
on the equilibrium constant. For practical purposes, the variation in K over the
fluid pressures normally encountered in the upper few hundred meters of the
earth’s crust are negligible. Changes of several degrees, however, can cause signifi-
cant changes in the equilibrium constant. To obtain estimates of K values at other
temperatures, an expression known as the van’t Hoff relation, named after a
Dutch physical chemist who made important contributions in the late 1800’s and
early 1900’s to the understanding of solution behavior, can be used:

log KT = log Krt et mﬂ' (‘-%; — —T];ﬂ‘") (3.].3)

where T* is the reference temperature, usually 298.15 K (25°C), T the temperature
of the solution, and AH,. the enthalpy. Enthalpy data for many of the minerals,
gases, and dissolved species of interest are tabulated in the tables referred to above.
Since the van't Hoff equation considers only two temperatures and assumes a
linear relationship between them, it yields only approximate values. The best
approach is to develop specific interpolation relations from free-energy data over a
wide range of temperatures, if such data are available.

To illustrate the use of AG% data to obtain equilibrium constants, consider
the calcite dissolution reaction as expressed in Eq. (3.4). AGY values for pure
CaCQ,, Ca?*, and CO;?~ are —1129.10, 553.04, and —528.10 kJ, respectively, at
25°C and 1 bar. The standard free energy of the reaction is therefore

AGY = (—553.04 — 528.10) — (—1129.10)
From Eq. (3.12) we obtain, for 25°C and 1 bar,

log Kcalcite = —840 or Kc = ]840




Dissolved Gases

When water is exposed to a gas phase, an equilibrium is established between the
gas and the liquid through the exchange of molecules across the liquid-gas interface.
If the gaseous phase is a mixture of more than one gas, an equilibrium will be
established for each gas. The pressure that each gas in the mixture exerts is its
partial pressure, which is defined as the pressure that the specific component of the
gas would exert if it occupied the same volume alone. Dalton’s law of partial pres-
sures states that in a mixture of gases, the total pressure equals the sum of the
partial pressures. The partial pressure of a vapor is also referred to as the vapor
pressure.

Groundwater contains dissolved gases as a result of (1) exposure to the earth’s
atmosphere prior to infiltration into the subsurface environment, (2) contact with
soil gases during infiltration through the unsaturated zone, or (3) gas production
below the water table by chemical or biochemical reactions involving the ground-
water, minerals, organic matter, and bacterial activity.

Probably the most important of the dissolved gases in groundwater is CO,.
Two reactions that describe the interaction between gaseous CO, and its dissolved
species are,

CO,(g) + H,0 == CO,(aq) + H,0 (3.14)
CO,(g) -+ H,0 = H,CO,(aq) (3.15)

where the suffixes (g) and (aq) denote gaseous and dissolved species, respectively.
The ratio of CO,(aq)/H,CO, is much greater than unity in aqueous solutions;
however, it is customary to denote all dissolved CO, in water as H,CO, (carbonic
acid). This usage results in no loss of generality as long as consistency is maintained
elsewhere in the treatment of this dissolved molecular species. These matters are
discussed in detail by Kern (1960).

The partial pressure of a dissolved gas is the partial pressure with which the
dissolved gas would be in equilibrium if the solution were in contact with a gaseous
phase. It is common practice to refer to the partial pressure of a solute such as
H,CO, or dissolved O, even though the water may be isolated from the gas phase.
For example, we can refer to the partial pressure of dissolved CO, in groundwater
even though the water is isolated from the earth’s atmosphere and from the gases
in the open pore spaces above the water table.

In dilute solutions the partial pressure of a solute, expressed in bars (1 bar =
10% N/m?), is proportional to its molality. This is a statement of Henry’s law. 1t is
applicable to gases that are not very soluble, such as CO,, OQ,, N,, CH,, and H.,S.
From application of the law of mass action to Eq. (3.15),

_ M0
Keo: = fm,001C0. @ @16

Because the activity of H,O is unity except for very saline solutions and because

95
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the partial pressure of CO, in bars is equal to its molality, Eq. (3.16) can be
expressed as

KCOz = { 2

Yeo: * Peo.

(3.17)

where ¢, is the activity coefficient for dissolved CO, and P, is the partial pres-
sure in bars. With this expression the partial pressure of CO, that would exist at
equilibrium with a solution of specified H,CQ, activity can be computed. The
activity coefficients for uncharged solute species such as dissolved gases (CO,, O,,
H,S, N,, etc.) are greater than unity. The solubility of these gases in water therefore
decreases with increasing ionic strength. This effect is known as the salting-out
effect.

In addition to its dependence on ionic strength, the activity coefficient can be
influenced by the type of electrolyte present in the water. For example, at a given
ionic strength, CO, is less soluble (i.e., has a larger activity coefficient) in a NaCl
solution than in a KCl solution. Most geochemical problems of interest in ground-
water hydrology involve solutions at ionic strengths of less than 0.1 or 0.2. It is
common practice, therefore, for the activity coefficient of the dissolved gas to be
approximated as unity. Consequently, under these conditions, Eq. (3.17) reduces
to the relation

[(H,CO,]

Keo, =
COz P
CO:

(3.18)

3.3 Association and Dissociation
of Dissolved Species

The Electroneutrality Condition

Before proceeding with a discussion of the processes and consequences of the
chemical interactions between groundwater and the geologic materials through
which it flows, the behavior of dissolved constituents in the liquid phase without
interactions with solid phases will be considered.

A fundamental condition of electrolyte solutions is that on a macroscopic
scale, rather than the molecular scale, a condition of electroneutrality exists. The
sum of the positive ionic charges equals the sum of the negative ionic charges, or

Sizm, = 3, zm, (3.19)

where z is the ionic valence, m, the molality of cation species, and m, the molality
of anion species. This is known as the electroneutrality equation, or the charge-
balance equation, and it is used in nearly all calculations involving equilibrium
interactions between water and geologic materials.

An indication of the accuracy of water analysis data can be obtained using
the charge-balance equation. For example, if a water sample is analyzed for the
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major constituents listed in Table 3.3, and if the concentration values are sub-
stituted into Eq. (3.19) as

(Na*) + 2(Mg**) + 2(Ca**) = (CI7) + (HCO3) +- 2(80,77)  (3.20)

the quantities obtained on the left- and right-hand sides of the equation should be
approximately equal. Silicon is not included in this relation because it occurs in a
neutral rather than in a charged form. If significant deviation from equality occurs,
there must be (1) analytical errors in the concentration determinations or (2) ionic
species at significant concentration levels that were not included in the amalysis. It
is common practice to express the deviation from equality in the form

Ezmc + Ezma

where E is the charge-balance error expressed in percent and the other terms are as
defined above.

Water analysis laboratories normally consider a charge-balance error of less
than about 5% to be acceptable, although for some types of groundwater many
laboratories consistently achieve results with errors that are much smaller than
this. It should be kept in mind that an acceptable charge-balance error may occur
in situations where large errors in the individual ion analyses balance one another.
Appraisal of the charge-balance error therefore cannot be used as the only means
of detecting analytical errors.

For the purpose of computing the charge-balance error, the results of chemical
analyses are sometimes expressed as millequivalents per liter. When these units are
used, the valence terms are omitted from Eq. (3.20).

E = 22Me = 32 o 100 (3.21)

Dissociation and Activity of Water

In the liquid state water undergoes the equilibrium dissociation,
H,0 == H"* + OH~ 3.22)
which, from the law of mass action, can be expressed as

H*JJOH"]
K, — HIOHT] 3.23
[H,0] @29
where brackets denote activities. It will be recalled that the activity of pure water
is defined as unity at standard-state conditions. The reference condition of 25°C at
1 bar will be used. Since water vapor at low or moderate pressures behaves as an
ideal gas, the activity of water in aqueous solution can be expressed as

[H,0] = Fe (3.24)

H,0
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where P%, is the partial pressure of the vapor for pure water and Py 4 is the partial
pressure of the vapor for the aqueous solution. At 25°C and 1 bar, the activity of
water in a solution of NaCl at a concentration similar to that in seawater, which is
approximately 3%, is 0.98, and in a 20%, NaCl solution is 0.84. Thus, except for
highly concentrated waters such as brines, the activity of water can, for practical
purposes, be taken as unity. In this case

K, =[H*[OH"] (3.25)

Values for K, at temperatures between 0 and 50°C are listed in Table 3.4. Because
the effect of fluid pressure is very slight, this expression is also acceptable for pres-
sures as high as about 100 bars. At 1000 bars and 25°C, the activity of water is
2.062 (Garrels and Christ, 1965).

Table 3.4 Equilibrium Constants for
Dissociation of Water, 0—60°C

£(°C) K, x 10-14
0 0.1139
5 0.1846

10 0.2920
15 0.4505
20 0.6809
25 1.008
30 1.469
35 2.089
40 2.919
45 4.018
50 5.474
55 7.297
60 9.614

SOURCE: Garrels and Christ, 1965.

Since pH is defined as the negative logarithm of the hydrogen-ion activity,
water at 25°C and pH 7 has equal H* and OH - activities (([H*] = [OH"] = 1.00 X
10-7). At lower temperatures the equality of H* and OH™ activities occurs at higher
pH values and vice versa for higher temperatures. For example, at 0°C the equality
occurs at a pH 7.53 and at 50°C at pH 6.63.

Polyprotic Acids

The most important acid in natural groundwater and in many contaminated
groundwaters is carbonic acid (H,CO,), which forms when carbon dioxide (CO,)
combines with water [Eq. (3.15)]. Carbonic acid can dissociate in more than one
step by transferring hydrogen ions (protons) through the reactions

H,CO, = H* + HCO3 (3.26)
HCO; === H* + CO42" (3.27)




99 Chemical Properties and Principles | Ch. 3

Because hydrogen ions are commonly referred to as protons by chemists and
because more than one hydrogen-ion dissociation is involved, carbonic acid is
known as a polyprotic acid. Another polyprotic acid that occurs in groundwater,
although in much smaller concentrations than carbonic acid, is phosphoric acid,
which dissociates in three steps;

H,PO, — H,PO; + H* (3.28)
H,PO; = HPO,*- + H* (3.29)
HPO,2~ —= PO,*~ + H* (3.30)

Since the dissociation equations for the polyprotic acids all involve H*, it is pos-
sible to calculate the fraction of the acid in its molecular form or in any one of its
anionic forms as a function of pH. For-example, for carbonic acid, dissociation
constants for Egs. (3.26) and (3.27) can be expressed according to the law of mass
action as

_ [H*J[HCO7]

KH:CO: - [Hzcos] (3-31)
_ [H'][CO,27]

Kacos = Tfcoo" (3:32)

A mass-balance expression for the carbon in the acid and its dissociated anionic
species, expressed in molality, is

DIC = (H,CO,) + (HCO3) + (CO,*") (3.33)

where DIC is the concentration of total dissolved inorganic carbon in these species.
If we select an arbitrary value of 1 for DIC, and reexpress Eq. (3.33) in terms of
pH, HCO3, Kg,co., and Kpco;, and then in terms of pH, CO,%~, and the dissociation
constants, equations for the relative concentration of H,CGO,, HCO3, and CO;*"
as a function of pH are obtained. They are expressed graphically in Figure 3.5(a).
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Atlower pH, H,CO; is the dominant species and at high pH, CO,*" is the dominant
species. Over most of the normal pH range of groundwater (6-9), HCOj is the
dominant carbonate species. This is why HCOj5, rather than CO,%~ or H,CO,, is
listed in Table 3.3 as one of the major dissolved inorganic constituents in ground-
water. Following a similar analysis, the relative concentrations of the dissolved
phosphate species shown in Figure 3.5(b) are obtained. In the normal pH range of
groundwater, H,PO; and HPO,?~ are the dominant species.

fon Complexes

Chemical analyses of dissolved constituents in groundwater indicate the total con-
centrations of the constituents, but not the form in which the constituents occur in
the water. Some constituents are present almost entirely in the simple ionic form.
For instance, chlorine is present as the chloride ion, Cl~. Calcium and magnesium,
however, are present in the free ionic form, Ca?* and Mg?*, in inorganic ion associa-
tions such as the uncharged (zero-valence) species, CaSOj, CaCOj3, MgSOj3, and
MgCO3, and the charged associations, CaHCO? and MgHCOj. These charged
and uncharged associations are known as complexes or in some cases, as ion pairs.
The complexes form because of the forces of electrical attraction between the ions
of opposite charge. Some inorganic species such as aluminum occur in dissolved
form as Al**, as the positively charged complex or ion pair, [Al{(OH)]?**, and as
complexes with covalent bonds such as [AL(OH),]**, [Al,(OH,5)]**, and
[AlI(OH),]". The total dissolved concentration of an inorganic species C; can be
expressed as

Cf == Z Cfree ion + 2 Cinorganic complexes + z Corganic complexes (334)

The occurrence of ion complexes can be treated using the law of mass action. For
example, the formation of CaSQOj can be expressed as

Ca?** + SO,*~ == CaS0; (3.35)
with the equilibrium relation

_ [Ca?*][50,*7]
KCaSO4° - [Casog} (3'36)

where Ke,so,- is the thermodynamic equilibrium constant, sometimes referred to as
the dissociation constant, and the terms in brackets are activities. Concentration
values for the free ions are related to activities through the ionic strength versus
activity coefficient relations described in Section 3.2. The activity coefficient for the
neutral complex, CaSO;j, is taken as unity. Values for K,so,. and equilibrium con-
stants for other inorganic pairs and complexes can be computed using Eq. (3.12).

Table 3.5 shows the results of a chemical analysis of groundwater expressed
in both milligrams per liter (or grams per cubic meter) and molality. The con-
centrations of free ions and inorganic ion complexes were calculated from the total
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Table 3.5 Chemical Analysis of Groundwater Expressed
as Analytical Results and as Computed
Dissolved Species

Analytical
results from Computed dissolved species
laboratory

—— Free-ion 50,2~ HCO3 CO42~

Dissolved mg/f or molatlity concentration ion pairs* ion pairst ion pairst
constituent g/m3 x 1073  (molality x 10™3)  (molality x 10~3)  (molality x 10~3)  (molality x 10™3)

Ca 136 3.40 2.61 0.69 0.09 0.007
Mg 63 2.59 2.00 0.47 0.12 0.004
Na 325 14.13 14.0 0.07 0.06 0.001
K 9.0 0.23 0.23 0.003 <0.0001 <0.0001
Cl 40 1.0 1.0
S04 640 6.67 5.43
HCO; 651 10.67 10.4
CO; 0.12 0.020 0.0086
DIC 147.5 12.29 CO;2-, DIC calculated from HCO3 and pH data

Temp. = 10°C, pH = 7.20, partial pressure CO; (calculated) = 3.04 x 102 bar

>, cations (analytical) = 26.39 meq/¢ > anions (analytical) = 25.17
2, cations (computed) = 23.64 meq/{ 3, anions (computed) = 22.44
Error in cation-anion total (charge-balance error) (analytical) = 2.9%
Error in cation-anion totals (charge-balance error) (computed) = 2.7%

*S0,42~ complexes = CaS0Oj, MgS0$, NaSO7, Na,S03, KSO7.
THCO7 complexes = CaHCO73, MgHCO3, NaHCO$.
1CO,2~ complexes = CaCO§, MgCO$, NaCO3.

analytical concentrations in the manner described below. In this sample (Table
3.5), the only complexes that occur in appreciable concentrations are those of
sulfate; 18 9 of the total sulfate is complexed. When groundwater has large sulfate
concentrations, sulfate complexes are normally quite important. The procedure by
which the concentrations of the free-ion complexes in Table 3.5 were calculated is
described by Garrels and Christ (1965) and Truesdell and Jones (1974).

Inorganic constituents in groundwater can also form dissolved complexes
with organic compounds such as fulvic and humic acids. In natural groundwater,
which rarely has dissolved organic carbon at concentrations of more than 10 mg/¢,
complexing of major ions with the dissolved organic matter is probably insignifi-
cant. In contaminated groundwaters, however, the movement of hazardous inor-
ganic compounds as organic complexes can be very important.

Calculation of Dissolved Species

Depending on the methods of analysis used in the laboratory, results of analysis of
inorganic carbon may be expressed as total dissolved inorganic carbon (DIC) or
as HCOj;. Each of these types of data can be used, in conjunction with pH values,
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to compute the concentrations of H,CO,, CO;*~, HCO3 or DIC, and the partial
pressure of CO,. Equations (3.18), (3.20), (3.31), (3.32), and (3.33) serve as a basis
for the calculations. If the water is nonsaline, the activity of H,O and the activity
coefficients for CO, and H,CO, are taken as unity. It must be kept in mind that
Egs. (3.18), (3.31), and (3.32) are expressed in activities, whereas Egs. (3.20) and
(3.33) require molalities. If in the chemical analysis of the water HCOj; concentra-
tion and pH are determined, Eq. (3.31) can be used, along with Eq. (3.5) for con-
version between concentrations and activities, to obtain the activity and
concentration of H,COj;. Substitution of the H,CO, activity in Eq. (3.18) yields
the partial pressure of CO, in bars. The activity of CO;*~ can be computed from
Eq. (3.32) and then converted to concentration by Eq. (3.5). Substitution of the
concentration values in Eq. (3.33) then yields the concentration of DIC. The
accuracy of the calculated result is strongly dependent on the accuracy of pH
measurement. To obtain reliable pH data, it is necessary to make the pH measure-
ments in the field. This is discussed further in Section 3.9.

In the following illustration of the method for calculating free-ion and com-
plex concentrations, it will be assumed that only the cation-sulfate complexes
occur in significant concentrations. The equilibrium relations of interest are, there-
fore,

_ [Ca*][S0,27]

Keasor = TCaSOT {3.37)
— [Mg™][SO,™7]
KMBSO4" - [Mgsoﬂ (3.38)
. [Na™[SO,*7]
Knasor = [NaSO3] (3.39)
From the conservation of mass principle, we can write
Ca(total) = (Ca?*) 4 (CaSO3) (3.40)
Mg(total) = (Mg**) + (MgSO%) (3.41)
Na(total) = (Na*) 4 (NaSO;) (3.42)

SO, (total) = (SO,27) + (CaSO3) + (MgSOS) + (NaSO;)  (3.43)

The concentrations of Ca(total), Mg(total), Na(total), and SO,(total) are those
obtained from the laboratory analysis. We therefore have seven equations and
seven unknowns (Na*, Mg?*, Ca2*, SO,%", NaSO;, MgSO;, and CaS0O3). The
equations can be solved manually using the method of successive approximations
described by Garrels and Christ (1965). Conversion between activities and molali-
ties is accomplished using the iomic strength versus activity coefficient relations
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indicated in the discussions of Eqgs. (3.5) and (3.6). In many cases the ionic strength
calculated from the total concentration values has acceptable accuracy. In saline
solutions, however, the ionic strength should be adjusted for the effect of com-
plexes.

The process of computing the concentrations of free ions and complexes can
be quite tedious and time-consuming, particularly when the sulfate, bicarbonate,
and carbonate complexes are all included in the calculations. In recent years it has
become common for the computations to be done by digital computer. There are
several well-documented and widely used computer programs available for this
purpose. Two of the most readily available programs are those by Truesdell and
Jones (1974), which were used to obtain the results listed in Table 3.5, and Kharaka
and Barnes (1973). Processing of chemical data on groundwater using programs of
this type is becoming a relatively standard procedure in situations where one wishes
to interpret chemical analyses in a geochemical framework.

3.4 Effects of Concentration Gradients

Diffusion in solutions is the process whereby ionic or molecular constituents move
under the influence of their kinetic activity in the direction of their concentration
gradient. Diffusion occurs in the absence of any bulk hydraulic movement of the
solution. If the solution is flowing, diffusion is a mechanism, along with mechan-
ical dispersion, that causes mixing of ionic or molecular constituents. Diffusion
ceases only when concentration gradients become nonexistent. The process of
diffusion is often referred to as self-diffusion, molecular diffusion, or ionic diffusion.

The mass of diffusing substance passing through a given cross section per
unit time is proportional to the concentration gradient. This is known as Fick’s
first law. It can be expressed as

— _pdc
F=—D% (3.44)

where F, which is the mass flux, is the mass of solute per unit area per unit time
[M/L2T]; D isthe diffusion coefficient [L?/T]; C is the solute concentration
[M/L?]; and dC/dx is the concentration gradient, which is a negative quantity in
the direction of diffusion. The diffusion coefficients for electrolytes in aqueous solu-
tions are well known. The major ions in groundwater (Na‘*, K+, Mg?*, Ca?*, Cl-,
HCO73, 8O,%") have diffusion coefficients in the range I X 107° to 2 X 107° m?/s
at 25°C (Robinson and Stokes, 1965). The coefficients are temperature-dependent.
At 5°C, for example, the coefficients are about 509/ smaller. The effect of ionic
strength is very small.

In porous media the apparent diffusion coefficients for these ions are much
smaller than in water because the ions follow longer paths of diffusion caused by
the presence of the particles in the solid matrix and because of adsorption on the
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solids. The apparent diffusion coefficient for nonadsorbed species in porous media,
D*, is represented by the relation

D* = oD (3.45)

where @, which is less than 1, is an empirical coefficient that takes into account
the effect of the solid phase of the porous medium on the diffusion. In laboratory
studies of diffusion of nonadsorbed ions in porous geologic materials, @ values
between about 0.5 and 0.01 are commonly observed.

From Fick’s first law and the equation of continuity, it is possible to derive a
differential equation that relates the concentration of a diffusing substance to space
and time. In one dimension, this expression, known as Fick’s second law, is

aC _ . 0%°C
5 =D 52 (3.46)

To obtain an indication of the rates at which solutes can diffuse in porous
geological materials, we will consider a hypothetical situation where two strata
containing different solute concentrations are in contact. It will be assumed that
the strata are saturated with water and that the hydraulic gradients in these strata
are negligible. At some initial time, one of the strata has solute species i at con-
centration C,. In the other bed the initial concentration of C is small enough to be
approximated as zero. Because of the concentration gradient across the interface,
the solute will diffuse from the higher concentration layer to the lower concentra-
tion layer. It will also be assumed that the solute concentration in the higher con-
centration layer remains constant with time, as would be the case if the solute
concentration were maintained at an equilibrium by mineral dissolution. Values
of C in the x direction over time ¢ can be calculated from the relation (Crank,
1956)

Cix, ) = C, erfc (x/2./D¥) (3.47)

where erfc is the complementary error function (Appendix V). Assuming a value
of 5 x 10~1® m?/s for D*, the solute concentration profile at specified time inter-
vals can be computed. For instance, if we choose a relative concentration C/C, of
0.1 and a distance x of 10 m, Eq. (3.47) indicates that the diffusion time would be
approximately 500 years. It is evident, therefore, that diffusion is a relatively slow
process. In zones of active groundwater flow its effects are usually masked by the
effects of the bulk water movement. In low-permeability deposits such as clay or
shale, in which the groundwater velocities are small, diffusion over periods of
geologic time can, however, have a strong influence on the spatial distribution
of dissolved constituents. This is discussed further in Sections 7.8 and 9.2.
Laboratory investigations have shown that compacted clays can act as semi-
permeable membranes (Hanshaw, 1962). Semipermeable membranes restrict the
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passage of ions while allowing relatively unrestricted passage of neutral species. If
the pore waters in strata on either side of a compacted clay layer have different
ionic concentrations, the concentration of the water in these strata must also be
different. Because water molecules as uncharged species can move through semi-
permeable clay membranes, it follows that under conditions of negligible hydraulic
gradients across the membrane, movement from the higher water-concentration
zone (lower salinity zone) to the lower water-concentration zone (higher salinity
zone) would occur by diffusion. If the higher salinity zone is a closed system,
movement of water into the zone by diffusion across the clay will cause the fluid
pressure in it to rise. If the lower-salinity zone is a closed system, its fluid pressure
will decline. This process of development of a pressure differential across the clay
is known as osmosis. The equilibrium osmotic pressure across the clay is the pressure
differential that would exist when the effect of water diffusion is balanced by the
pressure differential. When this occurs, migration of water across the clay ceases.
In laboratory experiments the osmotic pressure across a semipermeable membrane
separating solutions of different concentrations is measured by applying a pressure
differential just sufficient to prevent water diffusion. In sedimentary basins osmosis
may cause significant pressure differentials across clayey strata even if the equilib-
rium osmotic pressure differential is not achieved.

Many equations have been used to express the relation between the osmotic
pressure differential and the difference in solution concentration across semi-
permeable membranes. One of these, which can be derived from thermodynamic
arguments (Babcock, 1963), is

_ RT , ([H,OF
P, = - In ([HZO]H) (3.48)

where P, is the hydrostatic pressure differential caused by osmosis, R is the gas
constant (0.0821 liter-bar/K.mol), T is degrees Kelvin, I7H,O is the molal volume
of pure water, (0.018 ¢{/mol at 25°C) and [H,O]* and [H,O]" are the activities of
water in the more saline solution and the less saline solution, respectively. Values
for the activity of water in various salt solutions are listed in Robinson and Stokes
(1965). Using Eq. (3.48), it can be shown that salinity differences that are not
uncommon in groundwater of sedimentary basins can cause large osmotic pres-
sures, provided of course that there is a compacted, unfractured clay or shale
separating the salinity zones. For example, consider two sandstone aquifers, I and
11, separated by a layer of compacted clay. If the water in both of the aquifers has
high NaCl concentrations, one with 6% NaCl and the other with 129 NaCl, the
H,O activity ratio will be 0.95, which upon substitution in Eq. (3.48) yields an
osmotic pressure difference between the two aquifers of 68 bars. This is the equiva-
lent of 694 m of hydrostatic head (expressed in terms of pure water). This would
indeed be a striking head differential in any sedimentary basin. For large osmotic
pressure differentials to actually occur, however, it is necessary for the hydro-
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stratigraphic conditions to be such that osmotic pressure develops much more
quickly than the pressure that is dissipated by fluid flow from the high-pressure
zone and by flow into the low-pressure zone.

3.5 Mineral Dissolution and Solubility

Solubility and the Equilibrium Constant

When water comes into contact with minerals, dissolution of the minerals begins
and continues until equilibrium concentrations are attained in the water or until
all the minerals are consumed. The solubility of a mineral is defined as the mass of
the mineral that will dissolve in a unit volume of solution under specified condi-
tions. The solubilities of minerals that are encountered by groundwater as it
moves along its flow paths vary over many orders of magnitude. Thus, depending
on the minerals that the water has come into contact with during its flow history,
groundwater may be only slightly higher in dissolved solids than rainwater, or it
many become many times more salty than seawater.

Table 3.6 indicates the solubilities of several sedimentary minerals in pure water
at 25°C and 1 bar total pressure. This table also lists the dissolution reactions for
these minerals and the equilibrium constants for the reactions at 25°C and 1 bar.
The solubility of carbonate minerals is dependent on the partial pressure of CO,.
The solubilities of calcite and dolomite at two partial pressures (102 bar and 10!
bar) are listed in Table 3.6 as an indication of the range of values that are relevant
for natural groundwater.

Table 3.6 Dissociation Reactions, Equilibrium Constants,
and Solubilities of Some Minerals That Dissolve
Congruently in Water at 25°C and 1 Bar Total

Pressure
Equilibrium constant, Solubility at pH 7
Mineral Dissociation reaction Keq (mg/€ or g/m3)

Gibbsite Al;0; - 2H0 -+ H,0 = 2A13* 4 60H~ 10-34 0.001
Quartz Si0; + 2H,0 = Si(OH)4 10-3.7 12
Hydroxylapatite CasOH(PO4); = 5Ca2* + 3PO,3~ + OH~ 10-55.6 30
Amorphous silica SiO; + 2H,0 = Si(OH)4 10-2.7 120
Fluorite CaF, = Ca2* + 2F~ 10-9-8 160
Dolomite CaMg(CO3), = Ca?2t + Mg2t + 2C0,42~ 10-17.0 90,* 4801
Calcite CaCOj3; = Ca2* 4 CO,2~ 10-8-4 100,* 500t
Gypsum CaSO04 + 2H,0 = Ca?* + SO,%~ + 2H,,0 10-4.5 2100
Sylvite KCl = K* 4+ Cl” 10*0.9 264,000
Epsomite MgSOQ, - TH,0 = Mg?* + SO,42~ + 7TH,0 — 267,000
Mirabillite Na S04 « 10H20 = 2Na* + SO,2~ + 10H,0 10-1.6 280,000
Halite NaCl == Na* 4+ CI~ 10+1.6 360,000

*Partial pressure of CO, = 10~3 bar.
FPartial pressure of CO; = 10~1 bar.

SQURCE:

Solubility data from Seidell, 1958.
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Comparison of the mineral solubilities and equilibrium constants indicates
that the relative magnitudes of the equilibrium constant are a poor indication of
the relative solubilities of the minerals because in the equilibrium relations, the
activities of the ions or molecules are raised to the power of the number of moles
in the balanced dissociation expression. For example, the solubility of calcite in
pure water at Pey, = 107! bar is 500 mg/¢, and the solubility of dolomite under
the same conditions is nearly the same (480 mg/{), but the equilibrium constants
differ by eight orders of magnitude because the term [CO;2-] is raised to the second
power in the K, expression. Another example is hydroxylapatite, which has a
solubility of 30 mg/¢ at pH 7 and yet has an equilibrium constant of 10755-¢, a
value that might give the erroneous impression that this mineral has no significant
solubility.

All the minerals listed in Table 3.6 normally dissolve congruently. This state-
ment means that the products of the mineral dissolution reaction are all dissolved
species. Many minerals that affect the chemical evolution of groundwater dissolve
incongruently; that is, one or more of the dissolution products occur as minerals
or as amorphous solid substances. Most aluminum silicate minerals dissolve incon-
gruently. The feldspar, albite, is a good example

NaAlSi,04(s) + H,CO, + $H,0 —
'h_——w——/
albite
Na* + HCO;3 + 2H,Si0, + $Al1,8i,0,(0H),(s) (3.49)
e ]

kaolinite

In this reaction albite dissolves under the leaching action of carbonic acid (H,CO;)
to produce dissolved products and the clay mineral kaolinite. This is 2 common
reaction in groundwater zones in granitic terrain. From the law of mass action,

+ - ‘0 12
Kupag = N2 ][P%E?ég345104] (3.50)

where the equilibrium constant K depends on temperature and pressure. If the
partial pressure of CO, is specified, it is evident from Egs. (3.18), (3.31), and (3.32)
that [H,CO;] and [HCOj3] are also specified. The solubility of albite and other
cation aluminosilicates increases with increasing partial pressure of CO,.

Effect of lonic Strength

Comparison of the solubilities of minerals in pure water versus water with a high
salt content indicates that the salinity increases the solubilities. This is known as
the ionic strength effect because the increased solubility is caused by decreases in
activity coefficients as a result of increased ionic strength. For example, the expres-
sion for the equilibrium constant for gypsum can be written

Kayp = [Pcar = ¥s0o-J(Ca?*)(830427)] (3.51)
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where y is the activity coefficient and the species in parentheses are expressed in
molality. Figure 3.3 indicates that as ionic strength increases, pc,:. and the yg,.-
value decrease. To compensate, in Eq. (3.51), the concentrations of Ca?* and SO,*~
must increase. This results in greater solubility of the mineral under the specified
conditions of temperature and pressure. This effect is illustrated in Figure 3.6,
which shows that the solubility of gypsum more than triples as a result of the
ionic strength effect. Other examples, described in Chapter 7, indicate that the
ionic strength effect can play an important role in the chemical evolution of natural
and contaminated groundwater.

Gypsum solubility, 25° C

CaSQ4 dissolved (g/¢)

2 I 1 1 I H i
0 50 100 150 200 250 300

NaCl dissolved (g/)

Figure 3.6 Solubility of gypsum in aqueous solutions of different NaCl con-
centrations, 25°C, and 1 bar (after Shternina, 1960).

The Carbonate System

It is estimated that over 999 of the earth’s carbon exists in carbonate minerals,
the most important of which are calcite, CaCO,, and dolomite, CaMg(CO,),. In
nearly all sedimentary terrain and in many areas of metamorphic and igneous
rocks, groundwater is in contact with carbonate minerals during at least part of its
flow history. The ability of the groundwater zone to minimize adverse effects of
many types of pollutants can be dependent on interactions that involve water and
carbonate minerals. Interpretation of carbon 14 age dates of groundwater requires
an understanding of how the water has interacted with these minerals,

At equilibrium, the reactions between water and the carbonate minerals calcite
and dolomite can be expressed as

K., = [Ca**][CO,*] (3.52)
Ko = [Ca®*][Mg?*][CO,*7]? (3.53)

where the equilibrium constants depend on temperature and pressure.
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If the minerals dissolve in water that has an abundant supply of CO,(g) at a
constant partial pressure, the concentration of dissolved CO, (expressed as car-
bonic acid, H,CQ;) remains constant, as indicated by Eq. (3.18). It is instructive
to represent the calcite dissolution process as

CaCO, + H,CO, —> Ca* -+ 2HCOj3; (3.54)

which indicates that the dissolution is accompanied by consumption of carbonic
acid. The higher the P, the greater is the amount of H,CG, available for con-
sumption, and hence the reaction proceeds farther to the right to achieve equilib-
rium.

An aqueous system in which the dissolved CO, is constant because of rela-
tively unobstructed interaction with an abundant gaseous environment of constant
Peg,, such as the earth’s atmosphere, is commonly referred to in the context of
mineral dissolution as an open system. If the H,CO, consumed by mineral-water
reactions is not replenished from a gaseous reservoir, the system is denoted as a
closed system.

Substitutions of Egs. (3.18), (3.31), and (3.32) in Eq. (3.52) and rearranging
yields

. _ . /
[H*] = {cho; IK(HTOJ Keo, | Pco,[C32+]}1 2 (3.55)

The bracketed terms are activities and P, is expressed in bars. Values for the
equilibrium constants in the range 0-30°C are listed in Table 3.7. At 25°C, Eq.
(3.55) simplifies to

[H*] = 107*°{[Ca**]Pco,}'/2 (3.56)

To calculate the solubility of calcite under the specified CO, partial pressure,
another equation is required. At this stage in this type of mineral-water equilibrium

Table 3.7 Equilibrium Constants for Caicite, Dolomite,
and Major Aqueous Carbonate Species in Pure
Water, 0-30°C, and 1 Bar Total Pressure

Temperature
¢e) pkfo.  PKmco,  PKucos  PKeal  PKaor
0 1.12 6.58 10.62 8.340 16.56
5 1.20 6.52 10.56 8.345 16.63
10 1.27 6.47 10.49 8.355 16.71
15 1.34 6.42 10.43 8.370 16.79
20 1.41 6.38 10.38 8.385 16.89
25 1.47 6.35 10.33 8.400 17.0
30 1.67 6.33 10.29 8.51 17.9
*pK = —log K.

soURCES: Garrels and Christ, 1965; Langmuir, 1971.
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problem, it is appropriate to make use of the electroneutrality equation. For the
case of calcite dissolution in pure water, the electroneutrality expression is

2(Ca?*) + (H*) = (HCO3) + 2(CO,2~) + (OH") (3.57)

The terms in this equation are expressed in molality. For the P, range of interest
in groundwater studies, the (H*) and (OH") terms are negligible compared to the
other terms in this equation. Equations (3.56) and (3.37) can be combined and with
substitution of Egs. (3.18), (3.31), and (3.32) can be expressed as a polynomial in
terms of two of the variables and the activity coefficients. For a specific Pc,,
iterative solutions by computer can be obtained. Manual solutions can also be
obtained with little difficulty using the method of successive approximations out-
lined by Garrels and Christ (1965) and Guenther (1975). As a first approximation a
convenient approach is to assume that (HCOj3) is large compared to (CO5%7).
Figure 3.5(a) indicates that this assumption is valid for solutions with pH values
less than about 9, which includes nearly all natural waters, provided that concentra-
tions of cations that complex CO,%~ are low. Equation (3.57) therefore reduces to

(Ca?*) — @%95.) (3.58)

After calcite has dissolved to equilibrium at a specified Pcq,, the dissolved species
in the water can now be obtained through the following steps: (1) assign an arbi-
trary value of [H¥] to Eq. (3.55) and then calculate a value for [Ca?*]; (2) estimate
an ionic strength value using the [Ca?*] obtained from step (1) and an HCOj3 value
obtained from Eq. (3.58); (3) obtain an estimate for yc,.. and pyco,- from Figure
3.3 and then calculate (Ca?*) from the relation (Ca?*) = [Ca2*]/pc,»; (4) using
the specified Pgo, and the [H*] chosen in step (1), calculate [HCO3] from Egs.
(3.18) and (3.31); (5) convert [HCO3] to (HCOj3) through the activity coefficient
relation; and (6) compare the (Ca?*) value obtained from step (1) with the cal-
culated value of (HCO3)/2 from step (5). If the two computed values are equal or
nearly so, Eq. (3.57) has been satisfied and a solution to the problem has been
obtained. If they are unequal, the sequence of computational steps must be
repeated using a new selection for [H*]. In these types of problems an acceptable
solution can usually be obtained after two or three iterations. The results of these
types of calculations for equilibrium calcite dissolution in pure water under various
fixed Po, and temperature conditions are illustrated in Figure 3.7, which indicates
that the solubility is strongly dependent on the Pcy, and that the equilibrium
values of [H*] or pH vary strongly with Py, The calculation procedure did not
include ion pairs such as CaCO; and CaHCO3, which occur in small concentra-~
tions in dilute aqueous solutions saturated with CaCO,. From Figure 3.7 it is
apparent that the Ca?* and HCOj3 concentration lines are parallel (just 0.30 unit
apart). This indicates that the reaction in Eq. (3.54) accurately represents the dis-
solution process under the range of P, conditions that are characteristic of the
groundwater environment, where P, is almost invariably greater than 10~* bar.
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Figure 3.7 Dissolved species in water in equilibrium with calcite as a func-
tion of Pcg, open-system dissolution (after Guenther, 1975).

This explains why HCOj3 rather than CO,%" is the dominant ionic species of dis-
solved inorganic carbon in groundwater.

If water becomes charged with CO,, which may occur because of contact with
the atmosphere of the earth or with the soil-zone atmosphere, and then comes into
contact with calcite or dolomite in a zone isolated from the gaseous CO, source,
such as the groundwater zone, dissolution will occur but the concentration of dis-
solved species at equilibrium will be different. In this process of closed-system
dissolution, carbonic acid is consumed and not replenished from outside the sys-
tem as dissolution proceeds. For this condition Eq. (3.18) indicates that the P,
must also decline as the reaction proceeds toward equilibrium.

The carbonate minerals are less soluble under closed-system conditions, and
have higher equilibrium pH values. In the closed-system case, the dissolved inor-
ganic carbon is derived from the dissolved CQO, present as dissolution begins and
from the calcite and/or dolomite which dissolves. In the open-system case, CO,
continues to enter the solution from the atmosphere as dissolution proceeds. In
this case the total dissolved inorganic carbon consists of carbon from the initial
CO, and from the replenished CO, and also from the minerals. As indicated in
Chapter 7, these differences can be crucial to the interpretation of the chemical
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evolution of groundwater in carbonate terrain and in the evaluation of carbon 14
age dates.

The Common-/on Effect

In some situations the addition of ions by dissolution of one mineral can influence
the solubility of another mineral to a greater degree than the effect exerted by the
change in activity coefficients. If an electrolyte that does not contain Ca2?* or CO;2~
is added to an aqueous solution saturated with calcite, the solubility of calcite will
increase because of the ionic strength effect. However, if an electrolyte is added
which contains either Ca?* or CO,%-, calcite will eventually precipitate because the
product [Ca?2*][CO;2~] must adjust to attain a value equal to the equilibrium con-
stant K_,;. This process is known as the common-ion effect.

Water moving through a groundwater zone that contains sufficient Ca?* and
CO,2 for their activity product to equal K,,; may encounter strata that contain
gypsum. Dissolution of gypsum,

CaSO, . 2H,0 — Ca?* + SO,* 4 2H,0 (3.59)

causes the ionic strength to increase and the concentration of Ca?* to rise.
Expressed in terms of molality and activity coefficients, the equilibrium expression
for calcite is

Kcal = )’cw - ?co;" * (C3.2+)(C032~)

Gypsum dissolution causes the activity coefficient product yc,:- - yco,- to decrease.
But because of the contribution of (Ca?*) from dissolved gypsum, the product
(Ca2*)(CO,2-) increases by a much greater amount. Therefore, for the solution to
remain in equilibrium with respect to calcite, precipitation of calcite must occur.

The solubilities of calcite and gypsum in water at various NaCl concentrations
are shown in Figure 3.8. For a given NaCl content, the presence of each mineral,
calcite or gypsum, causes a decrease in the solubility of the other. Because of the
ionic strength effect, both minerals increase in solubility at higher NaCl concentra-
tions.

Disequilibrium and the Saturation Index
Considering Eq. (3.2) in a condition of disequilibrium, the relation between the

reactants and the products can be expressed as

ool e am

where Q is the reaction quotient and the other parameters are as expressed in Eq.
(3.3). The following ratio is a useful comparison between the status of a mineral
dissolution-precipitation reaction at a particular point in time or space and the
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Figure 3.8 Solubility of gypsum and calcite in water with various concentra-

tions of dissolved NaCl, 25°C, Pco, = 1 bar (after Shternina and
Frolova, 1845).

thermodynamic equilibrium condition:

_0
Si=y (3.61)

where S; is called the saturation index. For calcite in contact with groundwater
(see Section 3.2), the saturation index is

s, = [Ca2I[CO.*] (3.62)

Kcal
The ion activities in the numerator can be obtained from analysis of groundwater
samples and Eq. (3.32) and the equilibrium constant X;,, can be obtained from
the free-energy data, or directly from equilibrium-constant tabulations, such as
Table 3.7.

If S; > 1, the water contains an excess of the ionic constituents. The reaction
[Eq. (3.4)] must therefore proceed to the left, which requires that mineral precipi-
tation occur. If S; < 1, the reaction proceeds to the right as the mineral dissolves.
If S; = 1, the reaction is at equilibrium, which means that it is saturated with
respect to the mineral in question. With the saturation index relation, it is possible
for specified mineral-water reactions to compare the status of actual water samples
to computed equilibrium conditions. For the saturation index to be of interest,
the mineral need not actually be present in the groundwater zone. Knowledge of
the mineralogical composition is necessary, however, if one desires to obtain a
detailed understanding of the geochemical behavior and controls on the water.

Some authors express the saturation index in logarithmic form, in which case
an index value of zero denotes the equilibrium condition. The saturation index is
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in some publications denoted as the disequilibrium index because in some situa-
tions groundwater is more generally in disequilibrium than in equilibrium with
respect to common minerals.

3.6 Oxidation and Reduction Processes

Oxidation States and Redox Reactions

Many reactions that occur in the groundwater environment involve the transfer of
electrons between dissolved, gaseous, or solid constituents. As a result of the elec-
tron transfer there are changes in the oxidation states of the reactants and the
products. The oxidation state, sometimes referred to as the oxidation number,
represents a hypothetical charge that an atom would have if the ion or molecule
were to dissociate. The oxidation states that can be achieved by the most important
multioxidation state elements that occur in groundwater are listed in Table 3.8,
which also contains some rules that can be used to deduce the oxidation state from
the formula of a substance. Sometimes there are uncertainties in the assignment of
electron loss or electron gain to a particular atom, especially when the reactions
involve covalent bonds. In this book Roman numerals are used to represent odixa-
tion states and Arabic numbers represent actual valence.

Table 3.8 Rules for Assigning Oxidation States and Some Examples

Rules for assigning oxidation states:

1.
2.
3.

The oxidation state of free elements, whether in atomic or molecular form, is zero.

The oxidation state of an element in simple ionic form is equal to the charge on the ion.

The oxidation state of oxygen in oxygen compounds is —2. The only exceptions are O,, O3
(see rule 1), OF ; (where it is +2), and peroxides such as H,05 and other compounds with ~0-0—
bonds, where it is —1.

4. The oxidation state of hydrogen is 41 except in H, and in compounds where H is combined

with a less electronegative element.

5. The sum of oxidation states is zero for molecules, and for ion pairs or complexes it is equal to
the formal charge on the species.
Examples:

Carbon compounds Sulfur compounds Nitrogen compounds Iron compounds
Substance C state Substance S state Substance N state Substance Fe state
HCO3 +1V S 0 N 0 Fe 0
CO,2- +1V H,S —II SCN- +1I FeO +1I
CO, +1v HS- —1I N,O —1II Fe(OH), +1I
CH,0 0 FeS, -1 NH4 +1I1 FeCO; +1I
CsH 1,056 0 FeS —II NOE +V Fe,03 <111
CHa4 -1V SO;2- +1v NO3 —11I Fe(OH)3 +I11
CH;0H —II S0,%~ +VI HCN —I FeOOH +1II

SOURCE: Gymer, 1973; Stumm and Morgan, 1970.
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In oxidation-reduction reactions, which will be referred to as redox reactions,
there are no free electrons. Every oxidation is accompanied by a reduction and
vice versa, so that an electron balance is always maintained. By definition, oxida-
tion is the loss of electrons and reduction is the gain in electrons. This is illustrated
by expressing the redox reaction for the oxidation of iron:

O, + 4Fe?* + 4H* = 4Fe** 4 2H,0 (3.63)
For every redox system half-reactions in the following form can be written:
oxidized state 4+ ne = reduced state (3.64)
The redox reaction for iron can therefore be expressed in half-reactions,
O, + 4H* 4 4e = 2H,0 (reduction) (3.65)
4Fe2* = 4Fe?* + 4e (oxidation) (3.66)

In the reduction half-reaction the oxidation state of oxygen goes from zero (oxygen
as O,) to —II (oxygen in H,Q). There is, therefore, a release of four electrons
because 2 mol of H,O forms from 1 mol of O, and 4 mol of H*. In the oxidation
half-reaction, 4 mol of Fe(+1I) goes to 4 mol of Fe (III), with a gain of four
electrons. The complete redox reaction [Eq. (3.63)] expresses the net effect of the
electron transfer and therefore contains no free electrons. When writing half-
reactions, care must be taken to ensure that the electrons on each side of the equa-
tion are balanced. These reactions need not involve oxygen or hydrogen, although
most redox reactions that occur in the groundwater zone do involve one or both of
these elements. The concept of oxidation and reduction in terms of changes in
oxidation states is illustrated in Figure 3.9.

A list of half-reactions that represent most of the redox processes occurring
in groundwater is presented in Table 3.9.
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Figure 3.9 Oxidation and reduction in refation to oxidation states.




Table 3.9 Redox Half-Reactions for Many Constituents
That Occur in the Groundwater Environment

¢y
@
3
1G]
6)
(6)
)
(8)
®)
(10)
an
(12)
(13)
(19
(15)
(16)
)

103 + H* + ¢ = JH,0

HY + e = 1Ha(g)

H:0 + e = $H,(g) + OH"

iNO3 + $H* + e = {;N2(g) + 3H,0
INO3 + H* + e = §NO3 + 3H,0
INO3 + 3H* + ¢ = §NH$ + $H,0
INO 3+ $H* + ¢ = JNH} + $H,0
iNO3 + FH* + e = {N20(g) + 3H;0
INO3 + 3H* + e — N,0(g) + 3H,0
INL(g) + $H* + e = JNHZ

ICH,0 + H* + e = 4CH4(g) + §H20
3CO.(g) + H* 4 e = JCH20 + jH20
jCH,0 + H* + e = jCH;0H
1CO02(g) + H* + ¢ = {CHu(g) + }H20
JCH30H + H* + ¢ = JCHy(g) + §H20
180,27 + 4H* + e = §S(s) + 2H,0
50,2~ + §H* + ¢ = §H,S(g) + $H,0

I

(18)
19)
(20)
@n
(22)
(23)
(29
(23)
(26)
27
(28)
(29)
(30)
D
(32)
(33

180,42 + §H* + e = {HS™ + {H,0

15(6s) + H* + e = JH,S(g)

Fe3* + e = Fe2*

Fe(OH)3(s) + HCO3 + 2H* + ¢ = Fe(CO3)(s) + 3H,0
Fe(OH)s(s) + 3H* + e = Fe2* + 3H,0

Fe(OH)s3(s) + H* + ¢ = Fe(OH)2(s) + H20

1FeSy(s) + 2H* 4 e = jFe?* 4 H,S(g)

3Fe2* + 8(s) + e = {FeSa(s)

1sFe2* 4+ 150,42~ + e = {LFeS,(s) + {H,0
17Fe(OH)2(s) + 4180,%~ + SH* + e = {;FeSa(s) + §H20
17Fe(COsXs) + 18042~ + 13H* + e = {4FeS,(s) + $H,0 + {;HCO3
IMnO,(s) + $HCO3 + 3H* 4 ¢ = {MnCOs(s) + $H20
Mn2+ 4 2¢ = Mn(s)

IMnCO; + JH* + ¢ = JMn(s) + $HCO3

MnOOH(s) + HCOj3 + 2H* 4+ ¢ = MnCO; + 2H,0
MnO; + H* 4+ e = MnOOH




Consumption of Oxygen and Organic Matter

Unpolluted rivers and lakes generally have oxidizing conditions because of mixing
with oxygen from the earth’s atmosphere. The tendency in groundwater systems,
however, is toward oxygen depletion and reducing conditions. Because the water
that circulates through the groundwater zone is generally isolated from the earth’s
atmosphere, oxygen that is consumed by hydrochemical and biochemical reactions
is not replenished. In order for reduction of inorganic constituents to occur, some
other constituents must be oxidized. The oxidized compound is generally organic
matter. The reactions are catalyzed by bacteria or isolated enzymes that derive
energy by facilitating the process of electron transfer. In the present discussion we
will assume that reactions proceed in an appropriate thermodynamic direction,
without clarification of the associated biochemical processes. To illustrate the
process of organic-matter oxidation, a simple carbohydrate, CH,0O, is used as the
electron donor, even though numerous other organic compounds, such as polysac-
charides, saccharides, fatty acids, amino acids, and phenols, may be the actual
organic compound involved in the redox process

1CH,0 + JH,0 = 1CO,(g) + H* + ¢ (3.67)

To obtain full reactions for redox processes, the half-reaction for the oxidation
of organic matter, represented by Eq. (3.67), can be combined with many of the
half-reactions for reduction of inorganic compounds given in Table 3.9. Combina-
tions of Eq. (3.67) and reaction (1) in Table 3.9 yields the redox relation

0.(g) + CH,0 = CO,(g) + H,0 (3.68)

which represents the process of organic-matter oxidation in the presence of
bacteria and free molecular oxygen. This redox process is the main source of dis-
solved CO,. CO, combines with H,O to produce H,CO, [Eq. (3.15)], which is an
acid of considerable strength when viewed in a geochemical context.

Because the solubility of O, in water is low (9 mg/¢ at 25°C and 11 mg/¢ at
5°C), and because O, replenishment in subsurface environments is limited, oxida-
tion of only a small amount of organic matter can result in consumption of all the
dissolved O,. For example, from the mass congervation relations inherent in Eq.
(3.68), oxidation of only 8.4 mg/{ (0.28 mmol/f) of CH,0 would consume 9 mg/¢
(0.28 mmol/€) of O,. This would result in the water having no dissolved O,.
Water that infiltrates through the soil zone is normally in contact with soil organic
matter. O, consumption and CO, production is therefore a widespread process in
the very shallow part of the subsurface environment.

Table 3.10 lists some redox reactions in which dissolved oxygen is consumed.
In all these reactions, H* ions are produced. In many groundwater systems the H*
ions are consumed by reactions with minerals. The pH therefore does not decrease
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Table 3.10 Some Inorganic Oxidation Processes That Consume
Dissolved Oxygen in Groundwater

Process Reaction*
Sulfide oxidation O, + JHS™ = 80,2~ + JH* (¢))
Iron oxidation 102 + Fe?* + H* = Fe3* + 1H,0 (@3]
Nitrification 0O, + {NH} = {NO3 + H* + 1H,0 3
Manganese oxidation Oy + 2Mn2+* + 2H,0 = 2MnO,(s) + 4H* 4)

Iron sulfide oxidationt 20, + FeSy(s) + 3H20 = Fe(OH)3(s) + 2S0,2~ + 4H*  (5)

*(s), solid.
TExpressed as a combined reaction.

appreciably. In some systems, however, minerals that react in this manner are not
present, in which case the oxidation processes cause the water to become acidic.

When all the dissolved O, in groundwater is consumed, oxidation of organic
matter can still occur, but the oxidizing agents (i.e., constituents that undergo
reduction) are NO3, MnO,, Fe(OH),, SO,*, and others, as indicated in Table
3.11. As these oxidizing agents are consumed, the groundwater environment
becomes more and more reduced. If the processes proceed far enough, the environ-
ment may become so strongly reducing that organic compounds may undergo
anaerobic degradation. An equation for this process, which represents the con-
version of organic matter to methane and carbon dioxide, is shown by reaction
(5) in Table 3.11. The sequence of redox processes represented by reactions (1) to
(5) in Table 3.11 proceed from aerobic oxidation through to methane fermentation
provided that (1) organic matter in a consumable form continues to be available
in the water, (2) the bacteria that mediate the reactions have sufficient nutrients to
sustain their existence, and (3) the temperature variations are not large enough to
disrupt the biochemical processes. In many groundwater systems one or more of
these factors is limiting, so the groundwater does not proceed through all the redox
stages. The evolution of groundwater through various stages of oxidation and
reduction is described in more detail in Chapter 7.

Table 3.11 Some Redox Processes That Consume Organic Matter
and Reduce lnorganic Compounds in Groundwater

Process Equation*®
Denitrificationt CH,0 + ¢NO7 = IN(g) + HCO3 + {H* + $H,0 n
Manganese(IV) reduction  CH,0 + 2MnO,(s) + 3H* = 2Mn2* 4+ HCO3 + 2H,0 @)
Iron(I1I) reduction CH,0 + 4Fe(OH);(s) + 7TH* = 4Fe2+ + HCO3 + 10H,0 3)
Sulfate reductioni CH20 + }50,2 = JHS~ + HCOj3 + {H* (4)
Methane fermentation CH;0 + }H»0 = {CH4 + {HCOj3; + $H* (5)

*(g), gaseous or dissolved form; (s), solid.
TCH,O represents organic matter; other organic compounds can also be oxidized.

1H,S exists as a dissolved species in the water: HS~ + H* = H,S. H,S is the dominant species
atpH < 7.




Equilibrium Redox Conditions

Aqueous solutions do not contain free electrons, but it is nevertheless convenient
to express redox processes as half-reactions and then manipulate the half-reactions
as if they occur as separate processes. Within this framework a parameter known as
the pE is used to describe the relative electron activity. By definition,

pE = —log|e] (3.69)

pE, which is a dimensionless quantity, is analogous to the pH expression for proton
(hydrogen-ion) activity. The pE of a solution is a measure of the oxidizing or
reducing tendency of the solution. In parallel to the convention of arbitrarily
assigning AG° = 0 for the hydration of H* (i.e., Ky = 0 for the reaction H* -+
H,0 = H,0") the free-energy change for the reduction of H* to H,(g) [H* +
e = L1H,(g)] is zero. pE and pH are functions of the free energy involved in the
transfer of 1 mol of protons or electrons, respectively.
For the general half-reaction

bB + ¢C + ne = dD + €E {3.70)
the law of mass action can be written as

[DF[E]"

K= RrBrRICF G

For example, consider the oxidation of Fe(Il) to Fe(IIl) by free oxygen:
30, + 2H* 4+ 2¢e = H,0 (reduction) (3.72)
2Fe?* = 2Fe’* + 2e (oxidation) (3.73)

30, + 2Fe** -+ 2H* = 2Fe¢** + H,0  (redox reaction) (3.74)

In this book the equilibrium constants for half-reactions are always expressed
in the reduction form. The oxidized forms and electrons are written on the left and
the reduced products on the right. This is known as the Stockholm or IUPAC
(International Union of Physical and Analytical Chemistry) convention. Expressing
the half-reactions [Eq. (3.72) and (3.73)] in terms of equilibrium constants [Eq.
(3.71)] for conditions at 25°C and 1 bar yields

1 5
K= prrmepres = 10 3.73)
J— [ 32"'] p— .
K= [FIEH]M — 101253 (3.76)

The numerical values for the equilibrium constants were computed from Eq. (3.12)
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using Gibbs’ free-energy data for 25°C and 1 bar. To obtain expressions for redox
conditions expressed as pE, Eqs. (3.75) and (3.76) can be rearranged to yield

pE = 20.78 + 4 log(Po)) — pH 3.77)
3+
pE = 12.53 + Tog G;;D (3.78)

If the redox reaction [Eq. (3.74)] is at equilibrium, and if the concentrations of iron,
the P,,, and the pH are known, the pE obtained from both these relations is the
same. Even though there may be many dissolved species in the solution involved
in reactions with electron and hydrogen ion transfer, at equilibrium there is only
one pE condition, just as there is only one pH condition. In groundwater systems
there is an interdependency of pH and pE. Nearly all the reactions listed in Table
3.9 involve both electron and proton transfers. If equilibrium is assumed, the reac-
tions that include pH can be written as pE expressions. Graphical representations
of pH-pE relations are described below.

Although the discussion above was based entirely on the assumption that the
redox processes are at equilibrium, in field situations the concentrations of oxi-
dizable and reducible species may be far from those predicted using equilibrium
models. Many redox reactions proceed at a slow rate and many are irreversible. It
is possible, therefore, to have several different redox levels existing in the same
locale. There is also the possibility that the bacteria required to catalyze many of
the redox reactions exist in microenvironments in the porous media that are not
representative of the overall macroenvironment in which the bulk flow of ground-
water occurs. Equilibrium considerations can, however, greatly aid in our efforts
to understand in a general way the redox conditions observed in subsurface waters.
Stumm and Morgan (1970), in their comprehensive text on aquatic chemistry,
state: “In all circumstances equilbrium calculations provide boundary conditions
towards which the systems must be proceeding. Moreover, partial equilibria
(those involving some but not all redox couples) are approximated frequently,
even though total equilibrium is not reached. . . . Valuable insight is gained even
when differences are observed between computations and observations. The lack
of equilibrium and the need for additional information or more sophisticated
theory are then made clear” (p. 300).

The redox condition for equilibrium processes can be expressed in terms of
pE (dimensionless), Ek (volts), or AG (joules or calories). Although in recent years
pE has become a commonly used parameter in redox studies, FA has been used in
many investigations, particularly prior to the 1970’s. Ek is commonly referred to -
as the redox potential and is defined as the energy gained in the transfer of 1 mol of
electrons from an oxidant to H,. The / in EA indicates that the potential is on the
hydrogen scale and E symbolizes the electromotive force. pE and E# are related by

pE — ﬁ%Eh (3.79)
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where F is the faraday constant (9.65 x 10* C.mol~!), R the gas constant, T the
absolute temperature, and » the number of electrons in the half-reaction. For
reactions at 25°C in which the half-reactions are expressed in terms of transfer of
a single electron, Eq. (3.79) becomes.

pE = 16.9Eh (3.80)

Eh is defined by a relation known as the Nernst equation,

., 2 i
Bn(volts) = Ere + 22RT 105 ([r[gg;i?:;]'c]) (3.81)

where Eh° is a standard or reference condition at which all substances involved are
at unit activity and » is the number of transferred electrons. This is a thermo-
dynamic convenience. Unit activities could only exist in solutions of infinite dilu-
tion; this condition is therefore only hypothetical. The equation relating Eh°
directly to the equilibrium constant is

o RT
Ep* ===l K (3.82)

In the study of aqueous systems the same objectives can be met using either pE or
Eh to represent redox conditions. pE is often the preferred parameter because its
formulation follows so simply from half-cell representations of redox reactions in
combination with the law of mass action. Facility in making computations inter-
changeably between pE and E# is desirable because tabulations of thermodynamic
data for redox reactions are commonly expressed as Eh° values and because in
some aqueous systems a convenient me-hod of obtaining an indication of the redox
conditions involves measurements of electrode potentials as voltage.

Microbiological Factors

Microorganisms catalyze nearly all the important redox reactions that occur in
groundwater. This means that although the reactions are spontaneous thermo-
dynamically, they require the catalyzing effect of microorganisms in order to pro-
ceed at a significant rate. Although it is not customary for microorganisms to be
regarded as important components of the groundwater environment, their influence
cannot be dismissed if we wish to understand the causes and effects of redox
processes.

The microorganisms that are most important in redox processes in the ground-
water zone are bacteria. Other types of microorganisms, such as algae, fungi,
yeasts, and protozoans, can be important in other aqueous environments. Bacteria
generally range in size from about 0.5 to 3 gm. They are small compared to the
pore sizes in most nonindurated geological materials and are large in relation to
the size of hydrated inorganic ions and molecules. The catalytic capability of
bacteria is produced by the activity of enzymes that normally occur within the
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bacteria. Enzymes are protein substances formed by living organisms that have the
power to increase the rate of redox reactions by decreasing the activation energies
of the reactions. They accomplish this by strongly interacting with complex mole-
cules representing molecular structures halfway between the reactant and the
product (Pauling and Pauling, 1975). The local molecular environment of many
enzyme reactions is very different from the bulk environment of the aqueous sys-
tem.

Bacteria and their enzymes are involved in redox processes in order to acquire
energy for synthesis of new cells and maintenance of old cells. An important step
in the process of bacterial cell growth is the construction of molecules forming an
energy-storage substance known as adenosine triphosphate (ATP). After its for-
mation, molecules of this high-energy material can by hydrolyzed through a
sequence of energy-releasing reactions that provide for synthesis of new cell
material. The growth of bacteria is therefore directly related to the number of
moles of ATP formed from the available nutrients. Some of the energy obtained
from the redox reactions is maintenance energy required by bacterial cells for such
things as mobility, to prevent an undesirable flow of solutes either into or out of
the cell, or for resynthesis of proteins that are constantly degrading (McCarty,
1965).

For bacteria to be able to make use of an energy yield from a redox reaction, a
minimum free-energy change of approximately 60 kJ/mol between the reactants
and the products is required (Delwiche, 1967). The main source of energy for
bacteria in the groundwater zone is the oxidation of organic matter.

Bacteria that can thrive only in the presence of dissolved oxygen are known as
aerobic bacteria. Anaerobic bacteria require an absence of dissolved oxygen. Fac-
ultative bacteria can thrive with or without oxygen. The lower limit of dissolved O,
for the existence of most aerobic bacteria is considered to be about 0.05 mg/¢, but
some aerobic species can persist at lower levels. Since most methods commonly
used for measuring dissolved O, have a lower detection limit of about 0.1 mg/¢, it
is possible that aerobic bacteria can mediate redox reactions in situations that
might appear to be anaerobic based on the lack of detectable oxygen.

Bacteria of different varieties can withstand fluid pressures of many hundreds
of bars, pH conditions from 1 to 10, temperatures from near 0 to greater than
75°C, and salinities much higher than that of seawater. They can migrate through
porous geological materials and in unfavorable environments can evolve into
resistant bodies that may be activated at a later time (Oppenheimer, 1963). In
spite of these apparent characteristics of hardiness, there are many groundwater
environments in which organic matter is not being oxidized at an appreciable rate.
As a result, the redox conditions have not declined to low levels even though hun-
dreds or thousands of years or more have been available for the reactions to
proceed. If the redox reactions that require bacterial catalysis are not occurring at
significant rates, a lack of one or more of the essential nutrients for bacterial
growth is likely the cause. There are various types of nutrients. Some are required
for incorporation into the cellular mass of the bacteria. Carbon, nitrogen, sulfur,
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and phosphorous compounds and many metals are in this category. Other nutrients
are substances that function as electron donors or energy sources, such as water,
ammonia, glucose, and H,S, and substances that function as electron acceptors,
such as oxygen, nitrate, and sulfate. Macronutrients are those substances that are
required in large amounts as direct building blocks in cell construction. Micro-
nutrients are required in amounts so small as to be difficult to detect. The macro-
nutrient requirements of many bacteria are similar or identical. The micronutrient
requirements are more likely to differ from species to species (Brock, 1966).

Although bacteria play an important role in the geochemical environment of
groundwater, the study of bacteria at depths below the soil zone is in its infancy.
The next decade or two should yield interesting developments in this area of
research.

PpPE-pH Diagrams

Graphs that show the equilibrium occurrence of ions or minerals as domains rela-
tive to pE (or Eh) and pH are known as pE-pH or Eh-pH diagrams. During the
1950’s diagrams of this type were developed by M. J. N. Pourbaix and coworkers
at the Belgian Center for Study of Corrosion as a practical tool in applied chemis-
try. The results of this work are summarized by Pourbaix et al. (1963). Following
the methods developed by the Belgian group, R. M. Garrels and coworkers
pioneered applications in the analysis of geological systems. The use of pE~pH
diagrams has become widespread in geology, limnology, oceanography, and
pedology. In groundwater quality investigations, considerable emphasis is now
being placed on developing an understanding of the processes that control the
occurrence and mobility of minor and trace elements. pE~-pH diagrams are an
important aid in this endeavor. The following discussion of these diagrams is only a
brief introduction. The redox condition will be represented by pE rather than E#,
but this is just a matter of convenience. Comprehensive treatments of the subject
are presented in the texts by Garrels and Christ (1965), Stumm and Morgan (1970),
and Guenther (1975). A concise outline of methods for construction of Ei-pH
diagrams is provided by Cloke (1966).

Since we are interested in the equilibrium occurrence (i.e., stability) of dis-
solved species and minerals in aqueous environments, an appropriate first step in
the consideration of pF-pH relations is to determine conditions under which H,O
is stable. From the redox half-reactions

0,(g) + 4H* + 4e = 2H,0 (3.83)
2H* + 2e = H,(g) (3.84)

we obtain for conditions at 25°C,
pE == 20.8 — pH + } log P, (3.85)

PE = —pH — 1 log Py, (3.86)
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These relations plot as straight lines (1 and 2) on the pF-pH diagram shown in
Figure 3.10(a).

As an example explanation of the stability domains of ions and minerals, the
Fe-H,O system represented in Figure 3.10 will be considered. In groundwater,
iron in solution is normally present mainly as Fe2* and Fe?*. These are the only
species that are accounted for in our analysis. In a more detailed treatment, com-
plexes such as Fe(OH)?*, Fe(OH)}, and HFeO; would be included. The solid
compounds that can occur in the Fe-H,O system are listed in Table 3.12. A series
of reduction reactions involving a solid material (iron compound) and H* and ¢ as
reactants and a more reduced solid compound and water as products can be
written for the compounds in this table. For example,

Fe(OH); + H* 4 e = Fe(OH), + H,0 (3.87)

Expressing this reaction in mass-action form, with activities of water and the solid
phases taken as unity (for reasons indicated in Section 3.2), yields

(3.88)

pE
20

Water oxidized

1.0
10
Q.5
: Water stable
0 . 0

-0.5

Water reduced

bt 1 i 1 i | i 1 i
0 24 6 8101214 0 2 4 6 8 10 1214
pH pH

(a) (b) ()

Figure 3.10 p£—pH diagrams, 25°C and 1 bar. (a) Stability field for water;
(b) construction lines for the Fe—H,0 system (see the text for
equations representing number-designated lines); (c) com-
pleted diagram showing stability fields for major dissolved spe-
cies and solid phases.
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Table 3.12 Oxides and Hydroxides
in the Fe-H,0O System

Oxidation state Solid substances

0 Fe

I FeO,
FC(OH)Z

II and III Fe;0.

III F5103,
FC(OH)3,
FeOOH

and in logarithmic form,
logK —pH —pE=0 (3.89)

The equilibrium constant in this equation can be obtained using Eq. (3.12) and
tables of values of Gibbs’ free encrgy of formation (AG}), as indicated in Section
3.2. Equation (3.89) is represented as a line on a pE—pH diagram as shown in
Figure 3.10(b) (line 3). In the pE~pH domain above this line, Fe(OH), is stable;
below the line it is reduced to Fe(OH),. These are known as the stability fields for
these two solid compounds of iron. Lines representing the many other reduction
equations obtained by reacting the solids in Table 3.12 with H* and e to form more
reduced compounds and H,O can be constructed on the pE~pH diagram. How-
ever, these lines are located outside the stability field for H,O [i.e., above and below
lines (1) and (2)], consequently are of no interest in groundwater studies.

In most studies of natural waters, interest is focused on the dissolved species
as well as on the mineral phases. Therefore, information on the equilibrium con-
centrations of dissolved species is commonly included on pE-pH diagrams. For
llustration, the Fe-H,O system will be considered further. The oxidation state of
iron in Fe(OH); is +1II. The dissociation of moderately crystalline Fe(OH); in
water is

Fe(OH), + 3H* = Fe?** + 3H,0  AG! = —1.84kJ (3.90)
The law of mass action yields
3+
KFe(OH); = l:[F[:Ie+]3] (3.91)

From Eq. (3.12), a value of -+0.32 is obtained for log K. The mass-action relation
can be expressed as

log [Fe**] = 0.32 — 3 pH (3.92)

which plots as a vertical line on the pE-pH diagram. If the pH is specified, the line
obtained from this expression represents the equilibrium activity of Fe** that will
exist in an aqueous solution in contact with the solid phase, Fe(OH);. Equation
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(3.92) indicates that Fe3* activity increases at lower pH values. In the construction
of pE-pH diagrams, a common procedure is to choose a pH condition at which
the activity of the dissolved species is at a level considered to be negligible. The
choice of this level depends on the nature of the problem. For illustration purposes,
two lines are shown on Figure 3.10(b) [lines (4) and (5), which represent Fe3*

activities of 1075 and 10~¢]. Although in theory these lines represent activities, and .

therefore are dimensionless, they can be valid as representing molality, because in
low-salinity solutions activity coefficients are nearly equal to unity.

Under lower pE conditions, Fe?* is the important species of dissolved iron.
The reaction of interest is

Fe(OH), + 3H* = Fe?* 4 2H,0 AG? = +26.33k] (3.93)
From the mass-action relation, the following expression is derived:
log [Fe2*] = 10.23 — 2 pH (3.94)

For [Fe2*] values of 1075 and 10-¢, this equation is represented in Figure 3.10 by
lines (6) and (7), respectively. The lines have been superimposed only on the part
of the diagram in which Fe(OH), is the stable solid phase. But Fe2* also exists at
some equilibrium activity in the part of the diagram in which Fe(OH), is the stable
solid phase. Fe?* and Fe(OH), are releated by the redox half-reaction

Fe(OH); + 3H* + e = Fe?* + 3H,0 AG? = —76.26 kJ (3.95)
From the mass-action relation
log [Fe**] = log Ky.om, — 3PH — pE (3.96)

where log Kr.om), = 13.30. On Figure 3.10(b) this expression is represented as
lines (8) and (9) for [Fe?*] values of 10-% and 10-5, respectively.

Figure 3.10(c) is a “cleaned-up” version of the pE~pH diagram. It illustrates
the general form in which pE~pH diagrams are normally presented in the literature.
It is important to keep in mind that the boundary lines between solid phases and
dissolved species are based on specified activity values, and that the validity of all
lines as thermodynamically defined equilibrium conditions is dependent on the
reliability of the free-energy data used in construction of the diagram. In the
example above, there is considerable uncertainty in the position of some of
the boundaries because the solid phase, Fe(OH),, is a substance of variable crys-
tallinity which has different AGY values depending on its crystallinity.

In Chapter 9, pE~pH diagrams are used in the consideration of other dis-
solved constituents in groundwater. Although some pE-pH diagrams appear
complex, their construction can be accomplished by procedures not much more
elaborate than those described above.




3.7

lon Exchange and Adsorption

Mechanisms

Porous geological materials that are composed of an appreciable percentage of
colloidal-sized particles have the capability to exchange ionic constituents adsorbed
on the particle surfaces. Colloidal particles have diameters in the range 1073~
10~-¢ mm. They are large compared to the size of small molecules, but are sufficiently
small so that interfacial forces are significant in controlling their behavior. Most
clay minerals are of colloidal size. The geochemical weathering products of rocks
are often inorganic, amorphous (uncrystallized or poorly crystallized) colloids in a
persistent metastable state. These colloidal weathering products may occur as coat-
ings on the surfaces of much larger particles. Even a deposit that appears to be
composed of clean sand or gravel can have a significant colloid content.

Ton-exchange processes are almost exclusively limited to colloidal particles
because these particles have a large electrical charge relative to their surface areas.
The surface charge is a result of (1) imperfections or ionic substitutions within the
crystal lattice or (2) chemical dissociation reactions at the particle surface. Ionic
substitutions cause a net positive or negative charge on the crystal lattice. This
charge imbalance is compensated for by a surface accumulation of ions of opposite
charge, known as counterions. The counterions comprise an adsorbed layer of
changeable composition. Ions in this layer can be exchanged for other ions pro-
viding that the electrical charge imbalance in the crystal lattice continues to be
balanced off.

In geologic materials the colloids that characteristically exhibit surface charge
caused primarily by ionic substitution are clay minerals. The common clay minerals
can be subdivided into five groups: the kaolimite group, the montmorillonite
group (often referred to as the smectite group), the illite group, the chlorite group,
and the vermiculite group. Each group may include a few or many compositional
and structural varieties with separate mineral names. The five groups, however,
are all layer-type aluminosilicates. The structure and composition of these groups is
described in detail in the monographs on clay mineralogy by Grim (1968) and on
ion exchange by van Olphen (1963).

Silica, which is the most common oxide in the earth’s crust and one of the
simpler oxides, is characterized by electrically charged surfaces. The surfaces con-
tain ions that are not fully coordinated and hence have unbalanced charge. In a
vacuum the net charge is extremely small. On exposure to water, the charged sites
are converted to surface hydroxide groups that control the charge on the mineral
surface. Surface charge is developed because of the dissociation of the adsorbed
OH~ groups on the particular surface. To neutralize this charge, an adsorbed layer
of cations and anions forms in a zone adjacent to the hydroxylated layer. Parks
(1967) states that hydroxylated surface conditions should be expected on all oxide
materials that have had a chance to come to equilibrium with the aqueous environ-
ment. Depending on whether the hydroxyl-group dissociation is predominantly
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acidic or basic, the net charge on the hydroxylated layer can be negative or positive.
Surface charge may also be produced by adsorption of charged ionic complexes.

The nature of the surface charge is a function of pH. At low pH a positively
charged surface prevails; at a high pH a negatively charged surface develops. At
some intermediate pH, the charge will be zero, a condition known as the zero
point of charge (pH,,.). The tendency for adsorption of cations or anions therefore
depends on the pH of the solution.

Cation Exchange Capacity

The cation exchange capacity (CEC) of a colloidal material is defined by van
Olphen (1963) as the excess of counter ions in the zone adjacent to the charged
surface or layer which can be exchanged for other cations. The cation exchange
capacity of geological materials is normally expressed as the number of milliequi-
valents of cations that can be exchanged in a sample with a dry mass of 100 g. The
standard test for determining the CEC of these materials involves (1) saturation
of the exchange sites with NH} by mixing the soil sample with a solution of
ammonium acetate, (2) adjustment of the pore water pH to 7.0, (3) removal of the
adsorbed NHj by leaching with a strong solution of NaCl (Na* replaces NHJ on
the exchange sites), and (4) determination of the Na* content of the leaching solu-
tion after equilibrium has been attained. CEC values obtained from standard
laboratory tests are a measure of the exchange capacity under the specified condi-
tions of the test. For minerals that owe their exchange capacity to chemical dis-
sociation reactions on their surfaces, the actual exchange capacity can be strongly
dependent on pH.

The concept of cation exchange capacity and its relation to clay minerals and
isomorphous substitution is illustrated by the following example adapted from van
Olphen (1963). Consider a montmorillonitic clay in which 0.67 mol of Mg occurs in
isomorphous substitution for Al in the alumina octahedra of the crystal lattice.
The unit cell formula for the montmorillonite crystal lattice can be expressed as

Ex (Sig)(Al; ;;Mg, 67)0,,(0OH),

where Ex denotes exchangeable cations. It will be assumed that the exchangeable
cations are entirely Na*. From the atomic weights of the elements, the formula
weight of this montmorillonite is 734. Hence, from Avogadro’s number, 734 g of
this clay contains 6.02 x 1023 unit cells. The unit cell is the smallest structural unit
from which clay particles are assembled. Typical unit cell dimensions for mont-
morillonite determined from X-ray diffraction analyses are 5.15A and 8.9 A
(angstroms) in the plane of the octahedral-tetrahedral sheets. The spacing between
sheets varies from 9 to 15 A depending on the nature of the adsorbed cations and
water molecules. The total surface area of 1 g of clay is

Tz X 6.02 % 10%% X 2 x 5.15 X 8.9 A%/g = 750 m?/g
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To balance the negative charge caused by Mg substitution, 0.67 mol of monovalent
cations, in this case Na*, is required per 734 g of clay. Expressed in the units
normally used, the cation exchange capacity is therefore

CEC = ‘%@} % 10° x 100 = 91.5 meq/100 g

which is equivalent to 0.915 X 6.02 x 102° monovalent cations per gram.

Since the number of cations that are required to balance the surface charge
per unit mass of clay and the surface area per unit mass of clay are now known,
the surface area available for each monovalent exchangeable cation can be cal-
culated:

750 x 102°
0.915 X 6.02 x 102°

= 136 A%fion

The hydrated radius of Na+ is estimated to be in the range 5.6-7.9 A, which cor-
responds to areas of 98.5-196.1 A%, Comparison of these areas to the surface area
available per monovalent cation indicates that little more than a monolayer of
adsorbed cations is required to balance the surface charge caused by isomorphous
substitution.

A similar calculation for kaolinite indicates that for this clay the surface area
is 1075 m?/g (Wayman, 1967). The cation exchange capacity for kaolinite is typi-
cally in the range 1-10 meq/100 g, and therefore a monolayer of adsorbed cations
would satisfy the charge-balance requirements.

Mass-Action Equations

Following the methodology used in consideration of many of the other topics
covered in the chapter, we will develop quantitative relations for cation exchange
processes by applying the law of mass action. To proceed on this basis it is assumed
that the exchange system consists of two discrete phases, the solution phase and the
exchange phase. The exchange phase consists of all or part of the porous medium.
The process of ion exchange is then represented simply as an exchange of ions
between these two phases,

aA + bB(ad) = aA(ad) + 5B 3.97)

where A and B are the exchangeable ions, a and b are the number of moles, and
the suffix (ad) represents an adsorbed ion. The absence of this suffix denotes an
ion in solution. From the law of mass action,

_ [AJBY
Kan = [RF(B P 3.98)

where the quantities in brackets represent activities. For the exchange between
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Na* and Ca?*, which is very important in many natural groundwater systems, the
exchange equation is

2Na* + Ca(ad) = Ca?* -+ 2Na(ad) (3.99)
2+ 2
Kna-ca = ————{g;]]z[[ﬁziﬁ (3.100)

The activity ratio of ions in solution can be expressed in terms of molality and
activity coefficients as

(B (B
[AF = %Ay (3.101)

where activity coefficient values (p,, ys) can be obtained in the usual manner
(Section 3.2). For Eq. (3.98) to be useful it is necessary to obtain values for the
activities of the ions adsorbed on the exchange phase. Vanselow (1932) proposed
that the activities of the adsorbed ions be set equal to their mole fractions (Section
3.2 includes a definition of this quantity). The mole fractions of A and B are

(GY)

®B)
(A) + (B)

Na = &+ ®

and N =

where (A) and (B), expressed in moles, are adsorbed constituents. The equilibrium
expression becomes

7 . y%(B)b ng(ad)
Kow = 320 aF N (3.102)

Vanselow and others have found experimentally that for some exchange systems
involving electrolytes and clays, K is a constant. Consequently, K has become
known as the selectivity coefficient. In cases where it is not a constant, it is more
appropriately called a selectivity function (Babcock, 1963). In many investigations
the activity coefficient terms in Eq. (3.101) are not included. Babcock and Schulz
(1963) have shown, however, that the activity coefficient effect can be particularly
important in the case of monovalent-divalent cation exchange.

Argersinger et al. (1950) extended Vanselow’s theory to more fully account for
the effects of the adsorbed ions. Activity coefficients for adsorbed ions were intro-
duced in a form analogous to solute activity coefficients.

Vo =[7V‘\—“"1>—] and  ppay = Bool (3.103)
Af(ad)

B(ad)

The mass-action equilibrium constant, K, g, is therefore related to the selectivity
function by

Kpp="1a00%, (3.104)
YB(aa)
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Although in theory this equation should provide a valid method for predicting the
effects of ion exchange on cation concentrations in groundwater, with the notable
exceptions of the investigations by Jensen and Babcock (1973) and El-Prince and
Babcock (1975), cation exchange studies generally do not include determination
of K and y,q4 values. Information on selectivity coefficients is much more common
in the literature. For the Mg?**-Ca?* exchange pair, Jensen and Babcock and others
have observed that the selectivity coefficient is constant over large ranges of ratios
of (Mg?*),4/(Ca?*),, and ionic strength. Ky,., values are typically in the range
0.6-0.9. This indicates that Ca?* is adsorbed preferentially to Mg?*,

Interest in cation exchange processes in the groundwater zone commonly
focuses on the question of what will happen to the cation concentrations in ground-
water as water moves into a zone in which there is significant cation exchange
capacity. Strata that can alter the chemistry of groundwater by cation exchange
may possess other important geochemical properties. For simplicity these are
excluded from this discussion. When groundwater of a particular composition
moves into a cation exchange zone, the cation concentrations will adjust to a con-
dition of exchange equilibrium. The equilibrium cation concentrations depend on
initial conditions, such as: (1) cation concentrations of the water entering the pore
space in which the exchange occurs and (2) the mole fractions of adsorbed cations
on the pore surfaces immediately prior to entry of the new pore water. As each new
volume of water moves through the pore space, a new equilibrium is established
in response to the new set of initial conditions. Continual movement of ground-
water through the cation exchange zone can be accompanied by a gradually
changing pore chemistry, even though exchange equilibrium in the pore water is
maintained at all times. This condition of changing equilibrium is particularly
characteristic of cation exchange processes in the groundwater zone, and is also
associated with other hydrochemical processes where hydrodynamic flow causes
continual pore water replacement as rapid mineral-water reactions occur.

The following example illustrates how exchange reactions can influence
groundwater chemistry. Consider the reaction

(Mg?*) + (Ca?™),, == (Ca**) + (Mg**), (3.105)
which leads to
— a Caz+) ]v
Bugoce = LeaC2%7) Nagg 3.106
Mee ?Mz(Mgz ) NCa. ( )

where Ky, c, is the selectivity coefficient, y denotes activity coefficient, (Ca2*) and
(Mg2*) are molalities, and Ny, and N, are the mole fractions of adsorbed Mg**
and Ca?*. At low and moderate ionic strengths, the activity coefficients of Ca%* and
Mg?* are similar (Figure 3.3), and Eq. (3.106) can be simplified to

g (Ca¥™) Ny
KMg—Ca - (Mg1+) Nc: (3107)
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In this example, exchange occurs when groundwater of low ionic strength with
Mg2* and Ca?>* molalities of 1 x 10~3 flows through a clayey stratum with a
cation exchange capacity of 100 meq/100 g. Concentrations of other cations in the
water are insignificant. It is assumed that prior to entry of the groundwater into
the clay stratum, the exchange positions on the clay are shared equally by Mg?*
and Ca?*. The initial adsorption condition is therefore Ny, = N,. To compute
the equilibrium cation concentrations, information on the porosity or bulk dry
mass density of the clay is required. It is assumed that the porosity is 0.33 and that
the mass density of the solids is 2.65 g/cm?3. A reasonable estimate for the bulk dry
mass density is therefore 1.75 g/cm?. It is convenient in this context to express the
cation concentrations in solution as moles per liter, which at low concentrations is
the same as molality. Since the porosity is 0.33, expressed as a fraction, each liter
of water in the clayey stratum is in contact with 2 X 10% cm? of solids that have a
mass 5.3 X 10% g. Because the CEC is 1 meq/g and because 1 mol of Ca?* or
Mg?* == 2 equivalents, 5.3 X 10% g of clay will have a total of 5.3 equivalents,
which equals 1.33 mol of adsorbed Mg?* and 1.33 mol of Ca?*. It is assumed
that the groundwater flows into the water-saturated clay and totally displaces the
original pore water. The Ca?* and Mg?* concentrations in the groundwater as it
enters the clayey stratum can now be calculated. A Ky, _c, value of 0.6 will be used,
and it will be assumed that pore-water displacement occurs instantaneously with
negligible hydrodynamic dispersion. Because the initial conditions are specified as
Ny, = Ng,, a liter of water is in contact with clay that has 1.33 mol of Mg2?* and
1.33 mol of Ca** on the exchange sites. Compared to the concentrations of Mg2*
and Ca?* in the groundwater, the adsorbed layer on the clay particles is a large
reservoir of exchangeable cations.

Substitution of the initial values into the right-hand side of Eq. (3.107) yields
a value for the reaction quotient [Eq. (3.60)]:

S
X6—-1

w| w
(o)
W

QME"CH =

JU—

X 10~
x 10~

For the reaction to proceed to equilibrium with respect to the new pore water,
Ohsc. must decrease to a value of 0.6 to attain the condition of @ = K. This
occurs by adsorption of Ca?* and release of Mg?* to the solution. The equilibrium
is achieved when (Ca2?*)=0.743 x 1073, (Mg?*) = 1.257 X 10"%, N, =
0.500743, and Ny, = 0.499257. The ratio of adsorbed cations is not changed
significantly, but the (Mg?*)/(Ca2*) ratio for the dissolved species has increased
from 1 to 1.7. If the groundwater continues to flow through the clayey stratum,
the equilibrium cation concentrations will remain as indicated above until a suffi-
cient number of pore volumes pass through to cause the ratio of adsorbed cations
to gradually change. Eventually, the Ny,/Nc, ratio decreases to a value of 0.6, at
which time the clay will no longer be capable of changing the Mg?* and Ca?*
concentrations of the incoming groundwater. If the chemistry of the input water
changes, the steady-state equilibrium will not be achieved.
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This example illustrates the dynamic nature of cation exchange equilibria.
Because exchange reactions between cations and clays are normally fast, the
cation concentrations in groundwater can be expected to be in exchange equilib-
rium, but many thousands or millions of pore volumes may have to pass through
the porous medium before the ratio of adsorbed cations completely adjusts to the
input water. Depending on the geochemical and hydrologic conditions, time
periods of millions of years may be necessary for this to occur.

Exchange involving cations of the same valence is characterized by preference
for one of the ions if the selectivity coefficient is greater or less than unity. The
normal order of preference for some monovalent and divalent cations for most
clays is

Affinity for adsorption
Cs* > Rb* > K* >Na* > Li*
stronger > weaker
Ba?* > Sr2* > Ca?* » Mg?*

The divalent ions normally have stronger adsorption affinity than the monovalent
ions, although this depends to some extent on the nature of the exchanger and the
concentration of the solutions (Wiklander, 1964). Both affinity sequences proceed
in the direction of increasing hydrated ionic radii, with strongest adsorption for
the smaller hydrated ions and weakest adsorption for the largest ions. It must be
kept in mind, however, that the direction in which a cation exchange reaction
proceeds also depends on the ratio of the adsorbed mole fractions at the initial
condition and on the concentration ratio of the two ions in solution. For example,
if we consider the Mg—-Ca exchange condition used in the equilibrium calculations
presented above but alter the initial condition of adsorbed ions to Ny, = 0.375
and N¢, == 0.625, there would be no change in the Mg?* and Ca?* concentrations
as the groundwater passes through the clay. If the initial adsorbed ion conditions
were such that the Ny, /Nc, ratio was less than 0.6, the exchange reaction would
proceed in the reverse direction [to the right in Eq. (3.105)], thereby causing the
ratio (Mg2*)/(Ca?*) to decrease. This indicates that to determine the direction in
which an ion exchange reaction will proceed, more information than the simple
adsorption affinity series presented above is required.

The most important cation exchange reactions in groundwater systems are
those involving monovalent and divalent cations such as Na*-Ca?*, Na*-Mg?*,
K*-Ca?*, and K*-Mg?*. For these reactions,

2A* + B(ad) = B** -+ 2A(ad) (3.108)
- F1AT2
Bop = %%Y\i (3.109)

The Na*—Ca?* exchange reaction is of special importance when it occurs in
montmorillonitic clays (smectite) because it can cause large changes in permeability.
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Clays of the montmorillonite group can expand and contract in response to changes
in the composition of the adsorbed cation between the clay platelets. The hydrated
radii of Na* and Ca?* are such that two hydrated Na* require more space than
one Ca?*. Hence, replacement of Ca?* by Na* on the exchange sites causes an
increase in the dimension of the crystal lattice. This results in a decrease in perme-
ability. This can cause a degradation in the agricultural productivity of soils.

3.8 Environmental Isotopes

Since the early 1950’s naturally- occurring isotopes that exist in water in the hydro-
logic cycle have been used in investigations of groundwater and surface water
systems. Of primary importance in these studies are tritium (*H) and carbon 14
{1*C), which are radioactive, and oxygen 18 (1¥0) and deuterium {2H), which are
nonradioactive (Table 3.1). The latter are known as stable isotopes. Tritium and
deuterium are often represented as T and D, respectively. *H and 1*C are used as a
guide to the age of groundwater. '*O and 2H serve mainly as indicators of ground-
water source areas and as evaporation indicators in surface-water bodies.

In this text these four isotopes are the only environmental isotopes for which
hydrogeologic applications are described. For discussions of the theory and hydro-
logic or hydrochemical use of other naturally occurring isotopes, such as carbon
13, nitrogen 15, and sulfur 34, the reader is referred to Back and Hanshaw (1965),
Kreitler and Jones (1975), and Wigley (1975). There are many situations where
isotopic data can provide valuable hydrologic information that could not other-
wise be obtained. Sophisticated techniques for the measurement of the above-
mentioned isotopes in water have been available for several decades, during which
time the use of these isotopes in groundwater studies has gradually increased.

Carbon-14

Prior to the advent of large aboveground thermonuclear tests in 1953, 14C in the
global atmosphere was derived entirely from the natural process of nitrogen trans-
mutation caused by bombardment of cosmic rays. This 1*C production has been
estimated to be about 2.5 atoms/s - cm? (Lal and Suess, 1968). Oxidation to CO,
occurs quickly, followed by mixing with the atmospheric CO, reservoir. The
steady-state concentration of !*C in the atmosphere is about one !*C atom in 101*
atoms of ordinary carbon (12C). Studies of the **C content of tree rings indicate
that this concentration of !*C has varied only slightly during the past 7000 years.
Other evidence suggests that there have been no major shifts in the atmospheric
14C concentrations during the past several tens of thousands of years.

The law of radioactive decay describes the rate at which the activity of 1*C and
all other radioactive substances decreases with time. This is expressed as

A= A2 (3.110)
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where A, is the radioactivity level at some initial time, 4 the level of radioactivity
after time ¢, and T the half-life of the isotope. This law, in conjunction with
measurements of the 14C content of groundwater, can be used as a guide to ground-
water age. In this context the term age refers to the period of time that has elapsed
since the water moved deep enough into the groundwater zone to beisolated from
the earth’s atmosphere.

Use of *C for dating of groundwater was first proposed by Miinnich (1957),
following the development of techniques for '4C dating of solid carbonaceous
materials pioneered by the Nobel laureate W. F. Libby in 1950. When water moves
below the water table and becomes isolated from the earth’s CO, reservoir, radioac-
tive decay causes the 1*C content in the dissolved carbon to gradually decline. The
expression for radioactive decay [Eq. (3.110)] can be rearranged, and upon sub-
stitution of 7 == 5730 years yields

t = —82701n (_A_) (3.111)
%

where A, is the specific activity (disintegrations per unit time per unit mass of
sample) of carbon 14 in the earth’s atmosphere, 4 the activity per unit mass of sam-
ple, and ¢ the decay age of the carbon. In groundwater investigations 1*C determina-
tions are made on samples of inorganic carbon that are extracted from samples of
groundwater that generally range in volume from 20 to 200 £. The mass of carbon
needed for accurate analysis by normal methods is about 3 g. The *C values
obtained in this manner are a measure of the 1*C content of the CO,(aq), H,CO;,
CO,2%~, and HCOj3 in the water at the time of sampling. 1*C may also be present
in dissolved organic carbon such as fulvic and humic acids, but this 1*C source
is small and is normally not included in studies of groundwater age.

The specific activity of *4C in carbon that was in equilibrium with the atmo-
sphere of the earth prior to atmospheric testing of thermonuclear devices is
approximately 10 disintegrations per minute per gram (dpm/g). Modern equip-
ment for 14C measurement can detect 14C activity levels as low as approximately
0.02 dpm/g. Substitution of these specific activities in Eq. (3.111) yields a maximum
age of 50,000 years. It must be emphasized that this is an apparent age of the dis-
solved inorganic carbon. To gain some useful hydrologic information from this
type of data, it is necessary to determine the source of the inorganic carbon. Calcite
or dolomite occur in many groundwater environments. Carbon that enters the
groundwater by dissolution of these minerals can cause dilution of the !*C content
of the total inorganic carbon in the water. This is the case because in most ground-
water systems the calcite and dolomite are much older than 50,000 years. Their
carbon is therefore devoid of significant amounts of 1*C and is often referred to as
“dead” carbon. To obtain 1“C estimates of the actual groundwater age it is neces-
sary to determine the extent to which this dead carbon has reduced the relative
14C content of the groundwater. An indication of how this can be done is
described in Chapter 7.



Tritium
The occurrence of tritium in waters of the hydrological cycle arises from both
natural and man-made sources. In a manner similar to *C production, *H is
produced naturally in the earth’s atmosphere by interaction of cosmic-ray-produced
neutrons with nitrogen. Lal and Peters (1962) estimated that the atmospheric pro-
duction rate is 0.25 atoms/s - cm?2. In 1951, Van Grosse and coworkers discovered
that *H occurred naturally in precipitation. Two years later large quantities of
man-made tritium entered the hydrological cycle as a result of large-scale atmo-
spheric testing of thermonuclear bombs. Unfortunately, few measurements of
natural tritium in precipitation were made before atmospheric contamination
occurred. It has been estimated that prior to initiation of atmospheric testing in
1952, the natural tritium content of precipitation was in the range of about 5-20
tritium units (Payne, 1972). A tritium unit is the equivalent of 1 tritium atom in
10'® atoms of hydrogen. Since the half-life of 3H is 12.3 years, groundwater that
was recharged prior to 1953 is therefore expected to have 3H concentrations below
about 2-4 TU. The first major source of man-made *H entered the atmosphere
during the initial tests of large thermonuclear devices in 1952. These tests were
followed by additional tests in 1954, 1958, 1961, and 1962 before the moratorium
on atmospheric testing agreed upon by the United States and the USSR.

Since the onset of thermonuclear testing, the tritium content in precipitation
has been monitored at numerous locations in the northern hemisphere and at a
smaller but significant number of locations in the southern hemisphere. Con-
sidering the data separately by hemispheres, there is a strong parallelism in *H
concentration with time, although absolute values vary from place to place (Payne,
1972). In the southern hemisphere, *H values are much lower because of the higher
ratio of oceanic area to land area. The longest continuous record of *H concentra-
tions in precipitation is from Ottawa, Canada, where sampling was begun in 1952.
The 3H versus time record for this location is shown in Figure 3.11. The trends
displayed in this graph are representative of the *H trends recorded elsewhere in
the northern hemisphere. Tritium data obtained by the International Atomic
Energy Agency (IAEA) from a global sampling network enable the estimation of
3H versus time trends for areas in which there are no sampling stations or only
short-term records. At a given latitude the concentrations of tritium in precipita-
tion at sampling stations near the coast are lower than those inland because of
dilution from oceanic water vapor, which is low in tritium.

Measurements of tritium concentrations can be a valuable aid in many types
of groundwater investigations. If a sample of groundwater from a location in the
northern hemisphere contains tritium at concentration levels of hundreds or
thousands of TU, it is evident that the water, or at least a large fraction of the
water, originally entered the groundwater zone sometime after 1953. If the water
has less than 5-10 TU, it must have originated prior to 1953. Using routine
methods for measurement of low-level tritium in water samples, concentrations as
low as about 5-10 TU can be detected. Using special methods for concentrating 3H
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Figure 3.11 Variations of tritium in precipitation (mean monthly concentra-
tions, TU) at Ottawa, Canada.

from water samples, values as low as about 0.1 TU can be measured. If samples
contain no detectable *H in routine measurements, it is usually reasonable to con-
clude that significant amounts of post-1953 water are not present. Post-1953 water
is often referred to as modern water or bomb tritium water.

Tritium data from detailed sampling patterns can sometimes be used to dis-
tinguish different age zones within the modern-water part of groundwater flow
systems. For this type of tritium use, the stratigraphic setting should be simple so
that complex flow patterns do not hinder the identification of tritium trends. In
situations where the H concentrations of two adjacent flow zones are well defined,
tritium data can be useful to distinguish zones of mixing. The usefulness of tritium
in groundwater studies is enhanced by the fact that it is not significantly affected
by reactions other than radioactive decay.

Oxygen and Deuterium

With the advent of the mass spectrometer, it became possible in the early 1950°s to
make rapid accurate measurements of isotope ratios. Of special interest to hydro-
logists are the ratios of the main isotopes that comprise the water molecule, 180/!°0
and 2H/'H. The isotope ratios are expressed in delta units (J) as per mille (parts
per thousand or %) differences relative to an arbitrary standard known as stan-
dard mean ocean water (SMOW):

6% = [(R - Rstandard)/—Rslandard] X 1000 (3'112)
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where R and R,,,,q.,4 are the isotope ratios, 2H/'H or 180/1¢0, of the sample and
the standard, respectively. The accuracy of measurement is usually better than
+0.2%; and £2%; for §1#0O and §2H, respectively.

The various isotopic forms of water have slightly different vapor pressures and
freezing points. These two properties give rise to differences in 20 and *H con-
centrations in water in various parts of the hydrologic cycle. The process whereby
the isotope content of a substance changes as a result of evaporation, condensation,
freezing, melting, chemical reactions, or biological processes is known as isotopic
Jfractionation. When water evaporates from the oceans, the water vapor produced
is depleted in 120 and 2H relative to ocean water, by about 12-15%; in **0O and
80-120%; in *H. When water vapor condenses, the rain or snow that forms has
higher 180 and 2H concentrations than the remaining water vapor. As the water
vapor moves farther inland as part of regional or continential atmospheric circula-
tion systems, and as the process of condensation and precipitation is repeated
many times, rain or snow becomes characterized by low concentrations of the
heavy isotopes 120 and 2H. The 20 and 2H content of precipitation at a given
locality at a particular time depends in a general way on the location within the
continental land mass, and more specifically on the condensation-precipitation
history of the atmospheric water vapor. Since both condensation and isotope
fractionation are temperature-dependent, the isotopic composition of precipitation
is also temperature-dependent. The combined effect of these factors is that (1)
there are strong continental trends in the average annual isotopic composition of
precipitation, (2) there is a strong seasonal variation in the time-averaged isotopic
composition of precipitation at a given location, and (3) the isotopic composition
of rain or snow during an individual precipitation event is very variable and
unpredictable. In continental areas, rain values can vary between about 0 and
—25%; for 180 and 0 to —150% for 2H, even though the average annual values
have little variation. Because of temperature changes in the zone of atmospheric
condensation or isotopic depletion effects, large variations can even occur during
individual rainfall events. Changes can also occur in the raindrop during its fall,
especially at the beginning of a rainstorm and in arid or semiarid regions.

In deep subsurface zones where temperatures are above 50-100°C, the #0 and
2H content of groundwater can be significantly altered as a result of chemical
interactions with the host rock. In shallower groundwater systems with normal
temperatures, the concentrations of these isotopes are little, if at all, affected by
chemical processes. In these flow regimes, 1*0 and 2H are nonreactive, naturally
occurring tracers that have concentrations determined by the isotopic composition
of the precipitation that falls on the ground surface and on the amount of evapora-
tion that occurs before the water penetrates below the upper part of the soil zone.
Once the water moves below the upper part of the soil zone, the 20 and 2H con-
centrations become a characteristic property of the subsurface water mass, which
in many hydrogeologic settings enables the source areas and mixing patterns to be
determined by sampling and analysis for these isotopes.
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?H and 180 concentrations obtained from global precipitation surveys cor-
relate according to the relation (Dansgaard, 1964)

5HO = 85130% + 10 (3.113)

which is known as the meteoric water line. Linear correlations with coefficients only
slightly different than this are obtained from studies of local precipitation. When
water evaporates from soil- or surface-water bodies under natural conditions, it
becomes enriched in 80 and 2H. The relative degree of enrichment is different
than the enrichment that occurs during condensation. The ratio of §*20/d2H for
precipitation that has partially evaporated is greater than the ratio for normal
precipitation obtained from Eq. (3.113). The departure of 80 and 2H concentra-
tions from the meteoric water line is a feature of the isotopes that can be used in a
variety of hydrologic investigations, including studies of the influence of ground-
water on the hydrologic balance of lakes and reservoirs and the effects of evapora-
tion on infiltration.

3.9 Field Measurement of Index Parameters

Description of the laboratory techniques that are used in the chemical or isotopic
analysis of water samples is beyond the scope of this text. For this type of informa-
tion the reader is referred to Rainwater and Thatcher {(1960) and U.S. Environ-
mental Protection Agency (1974b). Our purpose here is to briefly describe methods
by which several important index parameters are measured in field investigations.
These parameters are specific electrical conductance, pH, redox potential, and
dissolved oxygen. In groundwater studies each of these parameters can be measured
in the field by immersing probes in samples of water or by lowering probes down
wells or piezometers.

Electrical conductivity is the ability of a substance to conduct an electrical
current. It has units of reciprocal ohm-meters, denoted in the SI system as siemens
per meter (S/m). Electrical conductance is the conductivity of a body or mass of
fluid of unit length and unit cross section at a specified temperature. In the ground-
water literature electrical conductance has normally been reported as reciprocal
milliohms or reciprocal microohms, known as millimhos and micromhos. In the
SI system, 1 millimho is denoted as 1 millisiemen (mS) and 1 micromho as 1
microsiemen {uS).

Pure liquid water has a very low electrical conductance, less than a tenth of a
microsiemen at 25°C (Hem, 1970). The presence of charged ionic species in solu-
tion makes the solution conductive. Since natural waters contain a variety of both
ionic and uncharged species in various amounts and proportions, conductance
determinations cannot be used to obtain accurate estimates of ion concentrations
or total dissolved solids. As a general indication of total dissolved solids (TDS),
however, specific conductance values are often useful in a practical manner. For
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conversion between conductance values and TDS, the following relation is used
(Hem, 1970):

TDS = 4C 3.114)

where C is the conductance in microsiemens or micromhos, TDS is expressed in
g/m? or mg/¢, and A is a conversion factor. For most groundwater, 4 is between
0.55 and 0.75, depending on the ionic composition of the solution.

Measurements of electrical conductance can be made in the field simply by
immersing a conductance cell in water samples or lowering it down wells and then
recording the conductance on a galvanometer. Rugged equipment that is well
suited for field use is available from numerous commercial sources. In groundwater
studies conductance measurements are commonly made in the field so that varia-
tions in dissolved solids can be determined without the delay associated with
transportation of samples to the laboratory. As distributions of groundwater con-
ductance values are mapped in the field, sampling programs can be adjusted to
take into account anomalies or trends that can be identified as the field work
proceeds.

To avoid changes caused by escape of CO, from the water, measurements of
the pH of groundwater are normally made in the field immediately after sample
collection. Carbon dioxide in groundwater normally occurs at a much higher
partial pressure than in the earth’s atmosphere. When groundwater is exposed to
the atmosphere, CO, will escape and the pH will rise. The amount of pH rise for a
given decrease in P,, can be calculated using the methods described in Section
3.3. For field measurements of pH, portable pH meters and electrodes are generally
used. Samples are usually brought to ground surface by pumping or by means of
down-hole samplers rather than by lowering electrodes down wells. A detailed
description of the theory and methods of pH measurement in water are presented
by Langmuir (1970).

Dissolved oxygen is another important hydrochemical parameter that is com-
monly measured in the field by immersing a small probe in water samples or down
wells. In a dissolved oxygen probe, oxygen gas molecules diffuse through a mem-
brane into a measuring cell at a rate proportional to the partial pressure of oxygen
in the water. Inside the sensor the oxygen reacts with an electrolyte and is reduced
by an applied voltage. The current that is generated is directly proportional to the
partial pressure of oxygen in the water outside the sensor (Back and Hanshaw,
1965). Rugged dissolved oxygen probes that connect to portable meters are com-
mercially available. These probes can be lowered down wells or piezometers to
obtain measurements that are representative of iz situ conditions. Dissolved oxygen
can also be measured in the field by a titration technique known as the Winkler
method (U.S. Environmental Protection Agency, 1974b).

Dissolved oxygen probes of the type that are generally used have a detection
limit of about 0.1 mg/¢. High-precision probes can measure dissolved oxygen at
levels as low as 0.01 mg/¢. Even at dissolved oxygen contents near these detection
limits, groundwater can have enough oxygen to provide considerable capability
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for oxidation of many types of reduced constituents. Ex or pE values can be com-
puted from measured values of dissolved oxygen by means of Eq. (3.77). The
concentration of dissolved oxygen is converted to Py, using Henry’s law (P, =
0, dissolved/K,,), where K, at 25°C is 1.28 X 10~3 mol/bar). At pH 7, pE values
obtained in this manner using dissolved oxygen values at the detection limits
indicated above are 13.1 and 12.9, or expressed as E#, 0.78 and 0.76 V, respectively.
Figure 3.10 indicates that these values are near the upper limit of the pE-pH
domain for water. If the water is saturated with dissolved oxygen (i.e., in equilib-
rium with oxygen in the earth’s atmosphere), the calculated pE is 13.6. For pE
values calculated from dissolved oxygen concentrations to serve as a true indica-
tion of the redox condition of the water, dissolved oxygen must be the controlling
oxidative species in the water with redox conditions at or near equilibrium. Mea-
surements values of other dissolved multivalent constituents can also be used to
obtain estimates of redox conditions of groundwater. Additional discussion of
this topic is included in Chapter 7.

Another approach to obtaining estimates of the redox condition of ground-
water is to measure electrical potential in the water using an electrode system that
includes an inert metallic electrode (platinum is commonly used). Electrode systems
known as Eh probes are commercially available. To record the electrical potential,
they can be attached to the same meters used for pH. For these readings to have
significance, the probes must be lowered into wells or piezometers or be placed
in sample containers that prevent the invasion of air. For some groundwater
zones the potentials measured in this manner are an indication of the redox con-
ditions, but in many cases they are not. Detailed discussions of the theory and
significance of the electrode approach to redox measurements are provided by
Stumm and Morgan (1970) and Whitfield (1974).
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In the problems listed below for which calculations are required, neglect the occur-
rence of ion associations or complexes such as CaSQ;, MgSOj, NaSO7, CaHCO3,
and CaCOj. Information that can be obtained from some of the figures in this
text should serve as a guide in many of the problems.
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A laboratory analysis indicates that the total dissolved inorganic carbon in a
sample of aquifer water is 100 mg/¢ (expressed as C). The temperature in the
aquifer is 15°C, the pH is 7.5, and the ionic strength is 0.05. What are the con-
centrations of H,CO;, CO,?", and HCO3 and the partial pressure of CO,?
Is the P, within the range that is common for groundwater?

. Saline water is injected into an aquifer that is confined below by impervious

rock and above by a layer of dense unfractured clay that is 10 m thick. A
freshwater aquifer occurs above this aquitard. The Cl~ content of the injected
water is 100,000 mg/¢. Estimate the length of time that would be required for
Cl~ to move by molecular diffusion through the clayey aquitard into the
freshwater aquifer. Express your answer in terms of a range of time that would
be reasonable in light of the available information. Assume that the velocity
of hydraulic flow through the clay is insignificant relative to the diffusion rate.

. Two permeable horizontal sandstone strata in a deep sedimentary basin are

separated by a 100-m-thick bed of unfractured montmorillontic shale. One of
the sandstone strata has a total dissolved solids of 10,000 mg/¢; the other has
100,000 mg/¢. Estimate the largest potential difference that could develop,
given favorable hydrodynamic conditions, across the shale as a result of the
effect of osmosis (for water activity in salt solutions, see Robinson and Stokes,
1965). The system has a temperature of 25°C. What factors would govern the
actual potential difference that would develop?

Rainwater infiltrates into a deposit of sand composed of quartz and feldspar.
In the soil zone, the water is in contact with soil air that has a partial pressure
of 1071-5 bar. The system has a temperature of 10°C. Estimate the pH of the
soil water. Assume that reactions between the water and the sand are so slow
that they do not significantly influence the chemistry of the water.

. The results of a chemical analysis of groundwater are as follows (expressed in

mg/€): K+ = 5.0, Na* = 19, Ca?* = 94, Mg?* = 23, HCO3; = 334, Cl” =
9, and SO,*~ = 85; pH 7.21; temperature 25°C. Determine the saturation
indices with respect to calcite, dolomite, and gypsum. The water sample is
from an aquifer composed of calcite and dolomite. Is the water capable of
dissolving the aquifer ? Explain.

. Is there any evidence indicating that the chemical analysis listed in Problem 5

has errors that would render the analysis unacceptable with regard to the
accuracy of the analysis?

. Groundwater at a temperature of 25°C and a Pco, of 1072 bar flows through

strata rich in gypsum and becomes gypsum saturated. The water then moves
into a limestone aquifer and dissolves calcite to saturation. Estimate the com-
position of the water in the limestone after calcite dissolves to equilibrium.
Assume that gypsum does not precipitate as calcite dissolves.
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A sample of water from an aquifer at a temperature of 5°C has the following
composition (expressed in mg/¢): K* = 9, Na* = 56, Ca’* = 51, Mg?* = 104,
HCOj3 = 700, Cl- = 26, and SO,%~ = 104; pH 7.54. The pH was obtained
from a measurement made in the field immediately after sampling. If the sample
is allowed to equilibrate with the atmosphere, estimate what the pH will be.
(Hint: The Pc,, of the earth’s atmosphere is 10735 bar; assume that calcite
and other minerals do not precipitate at a significant rate as equilibration
occurs with respect to the earth’s atmosphere.)

. Field measurements indicate that water in an unconfined aquifer has a pH of

7.0 and a dissolved oxygen concentration of 4 mg/¢. Estimate the pE and Eh
of the water. Assume that the redox system is at equilibrium and that the water
is at 25°C and 1 bar.

The water described in Problem 9 has a HCOj3 content of 150 mg/Z. If the total
concentration of iron is governed by equilibria involving FeCO,(s) and
Fe(OH),(s), estimate the concentrations of Fe3* and Fe?* in the water. What
are the potential sources of error in your estimates?

A water sample has a specific conductance of 2000 u4S at a temperature of
25°C. Estimate the total dissolved solids and ionic strength of the water.
Present your answer as a range in which you would expect the TDS and [
values to occur.

Groundwater has the following composition (expressed in mg/¢): K* = 4,
Na* = 460, Ca?* = 40, Mg?* = 23, HCOj3 = 1200, CI~ == 8, and SO,*~ =
20; pH 6.7. How much water would have to be collected to obtain sufficient
carbon for a *C determination by normal methods?

Compute the Pco, for the water described in Problem 12. The P, is far above
the P, for the earth’s atmosphere and is above the normal range for most
groundwaters. Suggest a reason for the elevated P,

In the normal pH range of groundwater (6-9), what are the dominant dissolved
species of phosphorus? Explain why.

Prepare a percent occurrence versus pH graph similar in general form to
Figure 3.5 for dissolved sulfide species (HS™, S?~, H,S) in water at 25°C.

Radiometric measurements on a sample of inorganic carbon from well water
indicate a 14C activity of 12 disintegrations per minute (dpm). The background
activity is 10 dpm. What is the apparent age of the sample?

Groundwater at 5°C has a pH of 7.1. Is the water acidic or alkaline?

Does precipitation of calcite in zones below the water table (i.e., closed-system
conditions) cause the pH of the water to rise or fall? Explain.







4.1 Lithology, Stratigraphy, and Structure

The nature and distribution of aquifers and aquitards in a geologic system are
controlled by the lithology, stratigraphy, and structure of the geologic deposits and
formations. The /ithology is the physical makeup, including the mineral composi-
tion, grain size, and grain packing, of the sediments or rocks that make up the
geological systems. The stratigraphy describes the geometrical and age relations
between the various lenses, beds, and formations in geologic systems of sedimentary
origin. Structural features, such as cleavages, fractures, folds, and faults are the
geometrical properties of the geologic systems produced by deformation after
deposition or crystallization. In unconsolidated deposits, the lithology and stratig-
raphy constitute the most important controls. In most regions knowledge of the
lithology, stratigraphy, and structure leads directly to an understanding of the
distribution of aquifers and aquitards.

Situations in which the stratigraphy and structure control the occurrence of
aquifers and aquitards are illustrated in Figure 4.1. In the Great Plains states and
in western Canada, there are many occurrences of Cretaceous or Paleozoic sand-
stones warped up along the Rocky Mountains or along igneous intrusions such as
the Black Hills. The permeable sandstones are regional artesian aquifers [Figure
4.1(a)] fed by recharge in the outcrop areas and by leakage through clayey con-
fining beds. In the intermountain basins in the western United States, aquifers of
permeable sand and gravel formed in alluvial fans interfinger with layers of clay
and silt deposited in playa lakes [Figure 4.1(b)]. Water recharges the aquifers along
the mountains. Confined conditions develop as the aquifers lense out toward the
basin flats. In the Sahara region of Africa, gently warped permeable beds form
regional aquifers that receive water along distant mountain fronts and by vertical
leakage. Occurrences of surface water are controlled by faults or folds or where
the desert floor is eroded close to the top of the aquifers [Figure 4.1(c)].
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Figure 4.1 Influence of stratigraphy and structure on regional aquifer occur-
rence. (a) Gently dipping sandstone aquifers with outcrop area
along mountain front; (b) interfingering sand and gravel aquifers
extending from uplands in intermountain region; (c) faulted and
folded aquifer in desert region. Surface water bodies reflect struc-
tural features (after Hamblin, 1976).

Unconformities are stratigraphic features of particular importance in hydro-
geology. An unconformity is a surface that represents an interval of time during
which deposition was negligible or nonexistent, or more commonly during which
the surface of the existing rocks was weathered, eroded, or fractured. Often the
underlying rocks were warped or tilted prior to the deposition of new materials
over the unconformity. Aquifers are commonly associated with unconformities,
either in the weathered or fractured zone immediately below the surface of the
buried landscape or in permeable zones in coarse-grained sediments laid down on
top of this surface when the system entered a new era of accretion. In many of the
tectonically stable parts of the interior of North America, where near-horizontal
sedimentary rocks occur beneath the overburden, the occurrence of unconformities
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are the key to the distribution of aquifers and aquitards and the quality of water
within them.

In terrain that has been deformed by folding and faulting, aquifers can be
difficult to discern because of the geologic complexity. In these situations the main
ingredient in groundwater investigations is often large-scale structural analysis of
the geologic setting.

4.2 Fluvial Deposits

Nonindurated deposits are composed of particles of gravel, sand, silt, or clay size
that are not bound or hardened by mineral cement, by pressure, or by thermal
alteration of the grains. Fluvial deposits are the materials laid down by physical
processes in river channels or on floodplains. The materials are also known as
alluvial deposits. In this section emphasis is on fluvial materials deposited in non-
glacial environments. Deposits formed by meltwater rivers are discussed in Section
4.4,

Fluvial materials occur in nearly all regions. In many areas aquifers of fluvial
origin are important sources of water supply. Figure 4.2 illustrates the morphology
and variations in deposits formed by braided rivers and by meandering rivers.
Because of the shifting position of river channels and the ever-changing deposi-
tional velocities, river deposits have characteristic textural variability that causes
much heterogeneity in the distribution of hydraulic properties. Braided rivers
generally occur in settings where the sediment available for transport has consider-
able coarse-grained sand or gravel and where velocities are large because of steep
regional topographic slopes. Shifting positions of channels and bars and changing
velocity can result in extensive deposits of bedded sand and gravel with minor zones
of silty or clayey sediments filling in abandoned channels. Meandering rivers
and their associated floodplain environments also have coarse and fine-grained
deposits. The relative abundances and stratigraphic relations of the sediments,
however, are generally much different than in braided-river deposits. Silty or clayey
channel-fill deposits are more abundant than in braided-river deposits. Cross-bed-
ded sand, which is commonly fine- or medium-grained with variable contents of
silt and clay, is deposited on the levees and floodplains. Coarse sand and gravel
commonly form along point bars. Gravel deposits develop as channel lag. The
relative abundance of the various deposits laid down in meandering rivers and their
floodplains are greatly influenced by the nature of the sediments supplied to the
river from the watershed. Because of the variability of sediment sources and flow,
delineation of aquifer zones in these deposits using borehole data is a difficult task
that often involves much speculation.

Large numbers of hydraulic conductivity tests, both in the field and in the
laboratory, have been made on fluival deposits. Results of permeameter tests on
core samples characteristically indicate variations within the permeable zones of
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Figure 4.2 Surface features and nature of deposits formed in (a) the braided-
river environment and (b) the floodplain environment of meander-
ing rivers (after Allen, 1970).

more than 2 or 3 orders of magnitude. These variations reflect the difference in
grain-size distributions in individual layers within the bulk deposit.

When the average properties of large volumes are considered, the bedded
character of fluvial deposits imparts a strong anisotropy to the system. On a smaller
scale represented by core samples tested in the laboratory, anisotropy of permea-
bility is present but not as marked. Johnson and Morris (1962) report both
vertical and horizontal hydraulic conductivities of 61 laboratory samples of fluvial
and lacustrine sediments from the San Joaquim Valley, California. Forty-six of the
samples had a greater horizontal than vertical hydraulic conductivity, 11 of the
samples were isotropic and only 4 had greater vertical conductivities. The horizon-
tal conductivities were between 2 and 10 times larger than the vertical values.



4.3 Aeolian Deposits

Materials that are transported and deposited by wind are known as aeolian
deposits. Aeolian deposits consist of sand or silt. Sand dunes form along coasts and
in inland areas where rainfall is sparse and surface sand is available for transporta-
tion and deposition. Nonindurated aeolian sand is characterized by lack of silt and
clay fractions, by uniform texture with particles in the fine- or medium-grain-size
range, and by rounded grains. These sands are moderately permeable (10-4-10-¢
m/s) and form aquifers in areas where appreciable saturated thicknesses occur.
Porosities are between 30 and 459. In comparison with alluvial deposits, acolian
sands are quite homogeneous and are about as isotropic as any deposits occurring
in nature. The sorting action of wind tends to produce deposits that are uniform on
a local scale and in some cases quite uniform over large areas.

The most extensive nonindurated aeolian deposits in North America are
blanket deposits of silt, which are known as loess. Loess occurs at the surface or in
the shallow subsurface in large areas in the Midwest and Great Plains regions of
North America. Loess was deposited during Pleistocene and post-Pleistocene time
as a result of wind activity that caused clouds of silt to be swept across the land-
scape. Because of small amounts of clay and calcium carbonate cement that are
almost always present, loess is slightly to moderately cohesive. The porosity of loess
is normally in the range 4050 %,. Hydraulic conductivity varies from about 10~ m/s
for coarse, clean loess to 107 m/s or lower in fine or slightly clayey loess that has
no secondary permeability.

Fractures, root channels, and animal burrows commonly cause secondary
permeability in the vertical direction that may greatly exceed the primary permea-
bility. As a result of repeated episodes of atmospheric silt movement, buried soils
are common in loess. Zones of secondary permeability are often associated with
these soils. In some loess areas sufficient permeability occurs at depth to provide
farm or household water supplies. Major aquifers, however, do not occur in loess.
In some situations blankets of loess act as aquitards overlying major aquifers. For
further information on the occurrence and hydraulic properties of loess, the reader
is referred to Gibbs and Holland (1960) and McGary and Lambert (1962).

4.4 Glacial Deposits

Of particular hydrogeologic importance in the northern part of the United States
and in Canada and Europe are deposits formed by or in association with con-
tinental glaciers. The deposits include glacial till, glaciofluvial sediments, and
glaciolacustrine sediments. In meltwater lakes that existed during Pleistocene
time, deposits of glaciolacustrine silt and clay were laid down offshore. These
deposits form some of the most extensive shallow aquitards in North America.
Sand and gravel deposits laid down near shore and on beaches are aquifers in
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some areas. In comparison to aquifers of glaciofluvial origin, these aquifers of
glaciolacustrine origin are generally of minor importance.

Glacial till is the most abundant material that was deposited on the land sur-
face during Pleistocene time. In the Precambrian Shield region, till is generally
sandy, with variable amounts of silt and little clay. Sandy till forms local aquifers
in some areas. In the regions of sedimentary bedrock in North America, glacial
erosion produced till that generally has considerable silt and clay and therefore has
low permeability. Till layers of this type are aquitards.

Figure 4.3 is a schematic diagram of the occurrence of aquifers and aquitards
in the Midwest and Great Plains regions of North America, Most aquifers in these
regions are composed of glaciofluvial sand and gravel confined by deposits of till
or glaciolacustrine silt or clay. The aquifers occur as extensive blanket bodies or as
channel deposits in surface or buried valleys. The deposits of sand and gravel in
buried valleys form aquifers that are generally many tens of kilometers long and
several kilometers wide. The largest buried valleys are many tens of kilometers
wide. In many cases there are no surface indications of the presence of buried valley
aquifers. The overlying till is usually some tens of meters thick or less, but occa-
sionally may be on the order of a hundred meters thick.
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Figure 4.3 Schematic diagram of aquifer occurrence in the glaciated regions
of the Midwest and Great Plains physiographic provinces.

Many of the meltwater rivers that formed aquifer deposits were braided in the
manner shown in Figure 4.2(a); others flowed in deep channels or valleys eroded
in glacial terrain or in sedimentary bedrock. Examples of aquifers that originated
in valleys and as blanket deposits are included in Figure 4.3.

In addition to the classical types of meltwater deposits laid down by rivers of
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meltwater flowing beyond the margin of glaciers, many glaciated areas have
deposits of sand and gravel that formed on top of masses of stagnant ice during
episodes of glacial retreat. These deposits are known as collapsed outwash, stag-
nant-ice outwash, or ice-contact deposits. An example of this type of deposit is
illustrated in Figure 4.4. Sand and gravel aquifers of this origin occur at the surface
or buried beneath till deposited during periods of ice readvance.

lce~walled channels {ce~contact ridges
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Figure 4.4 Formation of collapsed outwash in an environment of continental
glacier stagnation (after Parizek, 1969).

Dense, fine-grained glacial till, and deposits of glaciolacustrine silt and clay
are the most common aquitards in most of the northern part of the United States
and in the southern part of Canada. These deposits have intergranular hydraulic
conductivities that are very low, with values typically in the range 10101012 m/s.
With a hydraulic gradient of 0.5, which is near the upper limit of gradients observed
in these aquitards, and a hydraulic conductivity of 101! m/s, nearly 10,000 years
would be required for water to flow through a 10-m-thick unfractured layer of this
material. Extensive deposits of clayey till or glaciolacustrine clay can cause isola-
tion of buried aquifers from zones of near-surface groundwater flow.

In the Great Plains region, in parts of the American Midwest, and in southern
Ontario, it has been observed that in some locations deposits of clayey or silty till
and glaciolacustrine clay have networks of hairline fractures. These features are
sometimes referred to as fissures or joints. The fractures are predominantly vertical
or nearly vertical. The distance between the fractures varies from several cen-
timeters to many meters. Infillings of calcite or gypsum are common. The soil
matrix adjacent to the fractures is commonly distinguished by a color change
caused by different degrees of oxidation or reduction. In some areas thin rootlets
are observed along the fractures to depths of 5-10 m below ground surface. In
some cases the fractures pass through successive layers of till and clay. In other
cases they are restricted to individual layers.
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In many areas the fractures impart an enhanced capability for groundwater
flow. The bulk hydraulic conductivity of the fractured till and clay determined by
field tests is commonly between 1 and 3 orders of magnitude larger than values of
intergranular hydraulic conductivity determined by laboratory tests on unfractured
samples. As a result of increased lateral stresses caused by overburden loading, the
hydraulic conductivity of fractured till and clay decreases with depth, but because
of the stiffness of many of these materials the fractures can provide significant
secondary permeability to depths of hundreds of meters.

In areas of glacial till and glaciolacustrine clay, highly fractured zones are
common within several meters of the ground surface. Shallow fractures are caused
primarily by stress changes resulting from cycles of wetting and drying and
freezing and thawing. Openings caused by roots also cause secondary permeability.
The origin of fracture networks at greater depths is more problematic. Mechanisms
such as stress release related to glacial unloading and crustal rebound, and volume
changes due to geochemical processes such as cation exchange, have been suggested
by various investigators. For more detailed discussions of the nature and hydro-
geologic significance of fractures in till and glaciolacustrine clay, the reader is
referred to Rowe (1972), Williams and Farvolden (1969), Grisak and Cherry (1975)
and Grisak et al. (1976).

4.5 Sedimentary Rocks

Sandstone

About 25% of the sedimentary rock of the world is sandstone. In many countries
sandstone strata form regional aquifers that have vast quantities of potable water.
Sandstone bodies of major hydrologic significance owe their origin to various
depositional environments, including floodplain, marine shoreline, deltaic, acolian,
and turbidity-current environments. Knowledge of the distribution of permeability
in sandstones can best be acquired within an interpretive framework that is based
on an understanding of depositional environments in which the sand bodies were
formed. In this endeavor a knowledge of sedimentology is necessary. The mono-
graph by Blatt et al. (1972) provides a comprehensive discussion of the origin and
character of sandstone.

Nonindurated sands have porosities in the range 30-50%. Sandstones, how-
ever, commonly have lower porosities because of compaction and because of
cementing material between the grains. In extreme cases porosities are less than
1% and hydraulic conductivities approach those of unfractured siltstone and shale
(i.e., less than about 107!° m/s). The most common cementing materials are
quartz, calcite, and clay minerals. These minerals form as a result of precipitation
or mineral alteration during groundwater circulation through the sand. Compac-
tion is important at great depth, where temperatures and pressures are high.
Studies by Chilingar (1963), Maxwell (1964), and Atwater (1966) show that the
porosity of sandstone decreases systematically with depth. In Louisiana petroleum
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reservoirs, Atwater found that the decrease averages about 1.3 % for every 300-m
increase in depth of burial. Chilingar (1963) showed that when sand and sandstone
are grouped according to grain-size categories, there are well-defined trends of
increasing permeability with increasing porosity (Figure 4.5). An increase in
porosity of several percent corresponds to a large increase in permeability.
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Figure 4.5 Relationship between porosity and permeability for sandstone in
various grain-size categories (after Chilingar, 1963).

Permeameter tests on core samples from sandstone strata indicate that the
conductivity can vary locally by a factor of as much as 10-100 in zones that appear,
on the basis of visual inspection, to be relatively homogeneous. Figure 4.6 is a
schematic illustration of a vertical hydraulic conductivity profile through a thick
relatively homogeneous sandstone. Conductivity variations reflect minor changes
in the depositional conditions that existed as the sand was deposited.

Davis (1969) suggests that the presence of small-scale stratification in sand-
stone enables the permeability of very large samples to be considered to be uni-
formly anisotropic. He indicates that the gross effect of permeability stratification
is that the effective vertical permeability of large masses of sandstone can be low
even in zones where the horizontal permeability is quite high. Davis states that
knowledge concerning small-scale anisotropy of sandstone is rather incomplete,
but is nevertheless much better founded than our understanding of the gross
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Figure 4.6 Schematic diagram of hydraulic conductivity versus depth rela-
tion for a thick, relatively homogeneous sandstone aquifer.

anisotropy of large volumes. Based on hydraulic conductivity measurements of a
large number of core samples, Piersol et al. (1940) observed a mean ratio of the
horizontal to vertical conductivity of 1.5. Only 129 of the samples had ratios
above 3.0.

As sands become more cemented and compacted (i.e., more lithified) the con-
tribution of fractures to the bulk permeability of the material increases. The ten-
dency of large permeability values to occur in the horizontal direction is replaced
by a preference for higher fracture permeability in the vertical direction. The nature
of the anistropy in the fractured medium can reflect a complex geological history
involving many stress cycles.

Carbonate Rock

Carbonate rocks, in the form of limestone and dolomite, consist mostly of the
minerals calcite and dolomite, with very minor amounts of clay. Some authors
refer to dolomitic rock as dolostone. In this text, dolomite is used to denote both
the mineral and the rock. Nearly all dolomite is secondary in origin, formed by
geochemical alteration of calcite. This mineralogical transformation causes an
increase in porosity and permeability because the crystal lattice of dolomite
occupies about 139 less space than that of calcite. Geologically young carbonate
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rocks commonly have porosities that range from 20 %/ for coarse, blocky limestone
to more than 50 %] for poorly indurated chalk (Davis, 1969). With increasing depth
of burial, the matrix of soft carbonate minerals is normally compressed and
recrystallized into a more dense, less porous rock mass. The primary permeability
of old unfractured limestone and dolomite is commonly less than 107 m/s at near-
surface temperature. Carbonate rocks with primary permeability of this magnitude
can be important in the production of petroleum but are not significant sources of
groundwater supply.

Many carbonate strata have appreciable secondary permeability as a result
of fractures or openings along bedding planes. Secondary openings in carbonate
rock caused by changes in the stress conditions may be enlarged as a result of calcite
or dolomite dissolution by circulating groundwater. For the water to cause enlarge-
ment of the permeability network, it must be undersaturated with respect to these
minerals. The origin of solution openings in carbonate rock is described in Chapter
11.

Observations in quarries and other excavations in flat-lying carbonate rocks
indicate that solution openings along vertical joints generally are widely spaced.
Openings along bedding planes are more important from the point of view of
water yield from wells (Walker, 1956; Johnston, 1962). In nearly horizontal car-
bonate rocks with regular vertical fractures and horizontal bedding planes, there
is usually a much higher probability of wells encountering horizontal openings
than vertical fractures. This is illustrated in Figure 4.7. In fractured carbonate
rocks, successful and unsuccessful wells can exist in close proximity, depending on
the frequency of encounter of fractures by the well bore. Seasonally, the water

Local artesian
pressure raises
water above

surface \

Soil and clay

Unsuccessful weil\

Sink

Crevices filled
to this level

- 4

Figure 4.7 Schematic illustration of the occurrence of groundwater in car-
bonate rock in which secondary permeability occurs along
enlarged fractures and bedding plane openings (after Walker,
1956 ; Davis and De Wiest, 1966).
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levels in shallow wells can vary greatly because the bulk fracture porosity is gener-
ally a few percent or less.

In some carbonate rocks lineations of concentrated vertical fractures provide
zones of high permeability. Figure 4.8 illustrates a situation where the fracture
intersections and lineaments are reflected in the morphology of the land surface.
Zones in which fractures are concentrated are the zones of most rapid groundwater
flow. Dissolution may cause the permeability of such zones to increase. Intensive
studies of lineaments in carbonate rock by Parizek and coworkers have shown that
the probability of obtaining successful wells is greatly enhanced if drilling sites are
located along lineaments or at their intersections (Lattman and Parizek, 1964;
Parizek and Drew, 1966). In some areas, however, excessive thicknesses of over-
burden prevent recognition of bedrock lineaments, and the search for favorable
drill sites in this manner is not feasible.
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Figure 4.8 Occurrence of permeability zones in fractured carbonate rock.
Highest well yields occur in fracture intersection zones (after
Lattman and Parizek, 1964).

In areas of folded carbonate rocks, the zones of fracture concentration and
solution enlargement are commonly associated with the crest of anticlines and to a
lesser extent with synclinal troughs (Figure 4.9). In situations where rapid direct
recharge can occur, fracture enlargement by dissolution has great influence. In the
situation illustrated in Figure 4.9, water that infiltrates into the fractured carbonate
rock beneath the alluvium will cause solution enlargement if the alluvium is devoid
of carbonate minerals. If the alluvium has a significant carbonate-mineral content,
groundwater would normally become saturated with respect to calcite and
dolomite prior to entry into the fracture zones in the carbonate rock. In fractured
carbonate rock in which solution channeling has been active in the geologic past,
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Figure 4.9 Occurrence of high-permeability zone in solution-enlarged frac-
tures along the exposed crest of an anticline in carbonate rock
(after Davis and De Wiest, 1966).

caverns or large tunnels can form, causing local permeability to be almost infinite
compared to other parts of the same formation.

Coal

Beds of coal are common occurrences within sequences of sedimentary rocks
formed in floodplain or deltaic environments. In a large part of the interior of
North America, particularly in parts of North Dakota, Montana, Wyoming,
Saskatchewan, and Alberta, beds of soft lignite coal form significant aquifers. The
coal strata, which are of Tertiary or Cretaceous age, are generally less than 10-20 m
thick, and many are only a meter or two thick. These aquifers are a common source
of water supply for farms and small towns in this region.

Despite their importance, little is known about the hydrogeologic properties
of coal aquifers. Investigations of the hydraulic conductivity of shallow lignite coal
strata by Van Voast and Hedges (1975) and Moran et al. (1976) indicate values
generally in the range 10-5-10~* m/s, with decreasing values at depths greater than
50100 m. Below about 100 m the coal strata are rarely capable of supplying water
at rates adequate for water supply. The bulk hydraulic conductivity of coal seams
can be attributed to joints and to openings along bedding planes. The bulk fracture
porosity is generally a small fraction of 1%,.

The hydrogeologic role of coal in the Great Plains region has recently become
a focus of interest as a result of the rapid increase in strip mining in this region.
The near-surface coal aquifers are being drained as mining proceeds in some areas.
Deeper coal seams may serve as alternative water supplies. Most of the coal layers
are overlain and underlain by deposits of silt or clay that act as regional aquitards.
Less commonly, the coal seams occur above or below sandstone of floodplain
origin. Where coal and sandstone occur together, they often act as a single aquifer
system.



Shale

Shale beds constitute the thickest and most extensive aquitards in most sedimentary
basins. Shale originates as mud laid down on ocean bottoms, in the gentle-water
areas of deltas, or in the backswamp environments of broad floodplains. Diagenetic
processes related to compaction and tectonic activity convert the clay to shale.
Mud, from which shale is formed, can have porosities as high as 70-80 9 prior to
burial. After compaction, however, shale generally has a primary porosity of less
than 20%; and in some cases less than 5%. In outcrop areas, shale is commonly
brittle, fractured, and often quite permeable. At depth, however, shale is generally
softer, fractures are much less frequent, and permeability is generally very low.
Some shale beds are quite plastic and fractures are insignificant.

Values of the hydraulic conductivity of intact samples of shale tested in the
laboratory (Peterson, 1954; Young et al., 1964; Davis, 1969; Moran et al., 1976)
are rarely larger than 1079 m/s and are commonly in the range 10712-10"1° m/s.
It is evident from the Darcy relation that even under strong hydraulic gradients,
groundwater in unfractured shale cannot move at rates greater than a few centi-
meters per century. These rates are hardly significant on a human time scale, but on
a geological time scale the flow of groundwater through intact shale can be a
significant component in the water budget of regional aquifers confined by shale.
Within a few hundreds of meters of ground surface, fractures in shale can impart a
significant component of secondary porosity and permeability. Even in situations
where hairline fractures exist in relatively wide spacing, the very small secondary
porosity they create (perhaps as low as 1074~1075) can produce secondary permea-
bility of magnitudes that exceed the primary permeability.

4.6 Igneous and Metamorphic Rocks

Solid samples of unfractured metamorphic rock and plutonic igneous rock have
porosities that are rarely larger than 2%,. The intercrystalline voids that make up
the porosity are minute and many are not interconnected. Because of the small pore
sizes and low degree of pore interconnectivity, the primary permeabilities of these
rocks are extremely small. Measurements on intact specimens of metamorphic
rocks (metasediments) from the Marquette Mining district in Michigan indicate
primary permeability values in the range of 0.00019 millidarcy (10~11-10"*3 m/s)
expressed as hydraulic conductivity at room temperature for quartzite, mica schist,
chert, slate, and graywacke (Stuart et al., 1954). Measurements of the permeability
of granite in boreholes in which fractures are absent generally yield values on the
order of 10~* millidarcy (101! m/s). Permeabilities of this magnitude indicate that
these rocks are impermeable within the context of most groundwater problems.
In terrain composed of plutonic igneous rocks and crystalline metamorphic
rocks, appreciable fracture permeability generally occurs within tens of meters and
in some cases within a few hundred meters of ground surface. The fractures are
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caused by changes in the stress conditions that have occurred during various
episodes in the geologic history of the rocks. The widths of fracture openings are
generally less than 1 mm. Since the discharge of groundwater is proportional to
the fracture width raised to a power of about 3 [Eq. (2.86)], the difference in
permeability between rock masses with fracture widths of tenths of a millimeter
and those with fracture widths on the order of millimeters or more is enormous.

Tolman (1937) and Davis (1969) draw attention to the fact that in some cases
dissolution of siliceous rocks may cause significant increases in the widths of frac-
ture openings. Davis presented a hypothetical example whereby recharge water
passing through the upper 10 m of a quartzite removes sufficient silica to widen
fractures by 0.38 mm in 10° years. This widening could be very significant in terms
of fluid flow. Davis indicates that several factors reduce or negate the tendency
toward rapid opening by solution of cracks in crystalline rocks. As groundwater
passes through overburden prior to entering the fractured rock, it normally acquires
appreciable dissolved silica. It is therefore relatively unaggressive with respect to
silicate minerals along the fracture faces. Unlike most carbonate rocks, silica-rich
rocks have an insoluble residue in the form of iron and aluminum oxides that will
tend to clog the small fractures after weathering is initiated.

One of the most characteristic features of the permeability of crystalline rocks
is the general trend of permeability decrease with depth. The results (Figure 4.10)
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Figure 4.10 Decrease in well yields (gpm/ft of well below the water table)
with depth in crystalline rocks of the Statesville area, North
Carolina. Numbers near points indicate the number of wells used
to obtain the average values that define the curve (after Legrand,
1954 ; Davis and De Wiest, 1966).
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of a study of a crystalline rock area (granite, gabbro, Gneiss, and schist) in North
Carolina by LeGrand (1954) are a quantitative expression of the trend that well
drillers observe in a more qualitative manner in many crystalline rock regions.
Quantitative relations between depth and well yield have also been established by
Summers (1972) for a Precambrian-rock area in Wisconsin. Fractured crystalline
rocks are less permeable at greater depth because stress variations that cause
fractures are larger and, over geologic time, occur more frequently near the ground
surface. Fractures tend io close at depth because of vertical and lateral stresses
imposed by overburden loads and “locked-in” horizontal stresses of tectonic origin.
Rocks maintain much of their brittle character to depths of several kilometers.
Fracture permeability can therefore exist to great depth. Striking evidence of this
comes from tunnels and from mines at depths of 1 km and more where water flows
actively into shafts and adits. In crystalline rock, dry mines are the exception rather
than the rule.

In granite, the occurrence of near-horizontal fractures parallel to the ground
surface has been attributed by LeGrand (1949) to the removal of overburden load
caused by erosion. In an area in Georgia studied by LeGrand, these sheet fractures
are an important source of water supply from shallow depths. With depth, frac-
tures of this type decrease rapidly in frequency and aperture width. They are
probably unimportant contributors to permeability at depths greater than about
100 m (Davis and De Wiest, 1966).

Because many fractures owe their origin to near-surface stresses related directly
or indirectly to topographic conditions, it is not surprising that in many crystalline-
rock areas the frequency of wells and well yields is related to the topography. The
results of the study by LeGrand (1954) can again be used as a quantitative illustra-
tion of well-yield relations, this time with respect to topography. Figure 4.11
indicates that well yields in the crystalline rocks in the North Carolina study area
are highest in valleys and broad ravines and lowest at or near the crests of hills.
Yields in flat uplands and beneath slopes are between these extremes. In many
places, valleys and ravines develop along fault zones. The tendency for fault zones
to have greater permeability is the primary factor in the well-yield relationship.

Volcanic rocks form as a result of solidification of magma at or near the
ground surface. In a hydrogeologic sense, these rocks generally differ from most
other crystalline rocks in that they have primary features that cause permeability
within the otherwise-solid rock mass. Davis (1969), in an excellent description of the
permeability and porosity of volcanic rocks, notes that these features are related
to the history of the rocks.

When magma extrudes to ground surface and flows out as lava, the rocks that
form on cooling are generally very permeable. At the surface, rapid cooling and
escape of gases causes cooling joints and bubblelike pore spaces. While the lava is
in motion, a crust forms on the upper surface as cooling takes place. Flow of the
lava beneath the crust causes it to become fractured, producing a blocky mass of
rock that is commonly pulled under the leading edge of the lava flow. The final
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Figure 4.11 Cumulative frequency distribution of well yields with respect
to topographic position, Statesville area, North Carolina (after
Legrand, 1954 ; Davis and De Wiest, 1966).

result is a solid mass which in many places has coarse rubble zones above and below
more dense rock (Davis, 1969). Gravels deposited by streams on lava landscapes
are later covered by new flows. The blocky rock masses and associated gravel
interbeds produce a bulk permeability that is very high in most young basalts.
Other causes of high permeability in young basalts are gas vents, lava tubes, and
tree molds. Alteration by deep burial or by the influx of cementing fluids during
geologic time causes the permeability to decrease.

On a large scale the permeability of basalt is very anisotropic. The centers of
lava flows are generally impervious. Buried soils that produce high permeability
develop in the top of cooled lava flows. Stream deposits occur between the flows.
The zones of blocky rubble generally run parallel to the flow trend. The direction
of highest permeability is therefore generally parallel to the flows. Davis indicates
that within the flow the permeability is normally greatest in the direction of the
steepest original dip of the flows. This is illustrated schematically in Figure 4.12,
which indicates the orientation and relative magnitude of the overall permeability
of young basaltic rocks. In some situations, however, the orientation of the major
axes may not be elliptic.

One of the largest accumulations of basaltic rock in the world is located in
the northwestern part of the United States in the region known as the Columbia
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Figure 412 Probable orientation and relative magnitude of the bulk per-
meability of young basaltic rocks (after Davis, 1969).

River Plateau. During Miocene and Pliocene time, enormous volumes of magma
welled up through fissures and spread out in broad sheets over areas estimated to
be as large as several million square kilometers. Consequently, much of the magma
had a low gas content. The basalt in this region is generally quite dense, with only
limited zones of vesicular basalt. Extensive river-deposited sediments occur
between many of the basalt flows. The average total thickness of the basalt sequence
over the Columbia River Plateau is about 550 m.

Studies in boreholes in the lower part of the basalt sequence at a site in the
southeastern part of the State of Washington yielded hydraulic conductivity,
transmissivity, and porosity data (Atlantic-Richfield Hanford Company, 1976),
summarized in Table 4.1. The river-deposited interbeds and the zones of basalts

Table 4.1 Range of Hydrologic Properties of Lower
Yakima Basalt Flows and Interbeds

Hydraulic
conductivity Porosity
(m/s) (%)
Dense basalt 10-11-10-8 0.1-1
Vesicular basalt 10-°-10-% 5
Fractured, weathered,
or brecciated basalt 10-9-10-5 10

Interbeds 10-8-10-5 20
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that are vesicular, fractured, weathered, or brecciated are aquifers in which pre-
dominantly horizontal regional flow occurs. The zones of dense basalt have
lower hydraulic conductivity and effective porosity but are, nevertheless, gener-
ally capable of transmitting considerable water. Some zones of dense, unfrac-
tured basalt have very low hydraulic conductivity and probably act as regional
aquitards.

4.7 Permafrost

Within the Arctic circle, perennially frozen ground known as permafrost is present
almost everywhere. In the most northerly regions of Canada, Alaska, Green-
land, Scandinavia, and the USSR, permafrost is continuous, but in much of the
inhabited or resource frontier northland, the permafrost zones are discontinuous.
Except in the high Andes and in Antarctica, permafrost is absent in the southern
hemisphere.

Contrary to what one might intuitively expect, permafrost does not necessarily
form at all locations where the ground temperature declines to 0°C. Temperatures
significantly below 0°C are often required to initiate the change of pore water into
ice (Anderson and Morgenstern, 1973 ; Banin and Anderson, 1974). The occurrence
and magnitude of the depression in the initial freezing point depend on a number of
factors, including the fluid pressure, the salt content of the pore water, the grain-
size distribution of the soil, the soil mineralogy, and the soil structure (van Ever-
dingen, 1976). The relations between liquid water content in the pore water and
temperatures of the bulk medium are illustrated in Figure 4.13. When the soil is
partially frozen, the material contains both liquid water and ice. The term “perma-
frost” should be reserved for material in which water persists in the frozen or
partially frozen state throughout the year. The 0°C temperature condition indicates
little about the exact physical state of the pore water.

The hydrogeologic importance of permafrost lies in the large differences in
hydraulic conductivity that exist for most geologic materials between their frozen
and unfrozen states. Figure 4.14(a) shows the relation between the comtent of
unfrozen pore water and temperature for several soils, and Figure 4.14(b) shows
the effect of this relationship on the hydraulic conductivity. The content of unfrozen
water decreases and the pore ice content increases when the bulk temperature
of the material is lowered from 0°C toward —1°C. The hydraulic conductivities
decline by several orders of magnitude as the temperature declines a few tenths of a
degree below 0°C. Fine sand, for example, which could be an aquifer in an unfrozen
state under the appropriate stratigraphic conditions, becomes a low-permeability
aquitard at a temperature slightly below 0°C. Silt that could have leaky aquitard
characteristics in an unfrozen state becomes an impervious aquitard when fully
frozen.

The importance of the permafrost configuration on the distribution of aquifers
can be shown with reference to cross sections across two alluvial valleys in the
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Fairbanks area of northeastern Alaska (Figure 4.15). The gravel and sand deposit
beneath the silt aquitard in the Happy Creek valley is an aquifer that yields
abundant water. The water is recharged through unfrozen zones on the upper
slopes and in the fluvial deposits in the upper reaches of the creeks. Beneath Dome
Creek, on the other hand, the base of the permafrost extends into the bedrock
beneath the sand and gravel. As a consequence, no water can be obtained from
these coarse-grained materials. Because of the confining effect of the permafrost,
groundwater in the bedrock zones below the base of the permfrost exhibits
hydraulic heads that rise above ground surface, and flowing wells are encountered

at depth.
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Figure 4.15 Hydrogeologic sections across two valleys in the Fairbanks
mining district, Alaska. (a) Occurrence of sand and gravel aquifer
below the base of permafrost; (b) sand and gravel deposit that
is frozen in the permafrost zone. Flowing wells occur below the
base of the permafrost (after Williams, 1970).
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5.1 Flow Nets by Graphical Construction

We have seen in Chapter 2 that a groundwater flow system can be represented by
a three-dimensional set of equipotential surfaces and a corresponding set of or-
thogonal flowlines. If a meaningful two-dimenstonal cross section can be chosen
through the three-dimensional system, the set of equipotential lines and flowlines
so exposed constitutes a flow net. The construction of flow nets is one of the most
powerful analytical tools for the analysis of groundwater flow.

In Section 2.11 and Figure 2.25, we saw that a flow net can be viewed as the
solution of a two-dimensional, steady-state, boundary-value problem. The solution
requires knowledge of the region of flow, the boundary conditions on the bounda-
ries of the region, and the spatial distribution of hydraulic conductivity within the
region. In Appendix III, an analytical mathematical method of solution is pre-
sented. In this section, we will learn that flow nets can also be constructed graph-
ically, without recourse to the sophisticated mathematics.

Homogeneous, Isotropic Systems

Let us first consider a region of flow that is homogeneous, isotropic, and fully
saturated. For steady-state flow in such a region, three types of boundaries can
exist: (1) impermeable boundaries, (2) constant-head boundaries, and (3) water-
table boundaries. First, Iet us consider flow in the vicinity of an impermeable
boundary [Figure 5.1(a)]. Since there can be no flow across the boundary, the
flowlines adjacent to the boundary must be parallel to it, and the equipotential
lines must meet the boundary at right angles. By invoking Darcy’s law and setting
the specific discharge across the boundary equal to zero, we are led to the mathe-
matical statement of the boundary condition. For boundaries that parallel the
axes in an xz plane:

*—; = 0 or s == 0 (5.1)
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(a) (b) {c)

Figure 5.1 Groundwater flow in the vicinity of (a)} an impermeable bound-
ary, (b) a constant-head boundary, and (c) a water-table bound-
ary.

In effect, any flowline in a flow net constitutes an imaginary impermeable
boundary, in that there is no flow across a flowline. In flow-net construction, it is
often desirable to reduce the size of the region of flow by considering only those
portions of the region on one side or the other of some line of symmetry. If it is
clear that the line of symmetry is also a flowline, the boundary condition to be
imposed on the symmetry boundary is that of Eq. (5.1).

A boundary on which the hydraulic head is constant [Figure 5.1(b)] is an
equipotential line. Flowlines must meet the boundary at right angles, and adjacent
equipotential line